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In His hand are the depths of the earth,
and the mountain peaks belong to Him.

The sea is His, for He made it,

and His hands formed the dry land,

Psalm 95.4-5
(New International Version)
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PREFACE

Principles of Structural Geology is designed to be a concise introduction to the
deformation of the earth’s crust, encompassing the wide-ranging subject matter of
introductory courses in structural geology. Three principal aspects of structural
geology are emphasized:

I. The basic principles of natural rock deformation are presented in Part II,
Principles of Deformation (Chapters 3, 4, and 5), including stress, strain, and the
physical processes of elastic, plastic, and brittle deformation of rock. These
chapters present the basic principles of solid-state deformation to the level
necessary to comprehend the main phenomena of structural geology. These
principles are then applied over and over again in subsequent chapters. A few of
the concepts are intrinsically somewhat complex, particularly stress and strain,
and cannot be oversimplified without losing the power that they offer for
understanding deformation. Special care is taken in these sections and throughout
the book to develop a clear physical intuition of the important concepts.
Equations are normally used only as a supplement to the text and are given in a
form designed to help clarify the underlying physics.

2. The description and origin of the main classes of deformational structures
is presented in Part 111, Classes of Structures (Chapters 6 through 11), including
joints, instrusive and extrusive structures, faults, folds, fabrics, and impact
structures. Much of this material is descriptive and is important for gaining a
realistic comprehension of natural deformation in the earth. A special effort has
been made to present real structures, using photographs and well-documented
maps and cross sections rather than schematic idealized drawings. Following the
basic description, each chapter contains sections on the physical origin of the
structures, applying the principles already introduced. For example, the chapter
on joints immediately applies material from the preceding chapter on fractures.
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Preface

Additional material on the geometric methods for the study of structures and some
basic structuraf terminology are introduced earlier in Chapter 2, on map-scate
structures, so that the laboratory exercises that are generally part of structural
geology instruction may begin early in the course. These geometric methods are
presented in a unified fashion, focusing on the common problems of deciphering
map-scale structures and inferring subsurface geology.

3. The large-scale deformation within the earth, including its historical and
paleogeographic aspects, is presented in the final chapters (12 and 13) as Part 1V,
Regional Structural Geology, after all the basic principles of smaller-scale
deformation have been presented. These chapters use the Appalachian and
Cordilleran mountain belts in the United States and Canada as examples. The
geotogy of these major deformed regions is introduced in a sclective way for the
purpose of giving a clear perspective on the scope and methods of regional
structural geology, without being encyclopedic. Most of the space is devoted to
major throughgoing features and the best-understood aspects of these orogenic
belts—for exampie, the Taconic orogeny of the Appalachians. Topics of current
speculation are generajly avoided. Some space is devoted to the history of study
to give a perspective on how regional structural problems are in fact solved.
Additional material on regional structure and tectonics is presented in Chapter [,
“Introduction to Deformation of the Lithosphere.” This chapter introduces the
major tectonic settings of deformation in the earth, the structure and morphology
of continents and ocean basins, and the processes of vertical and horizontal
displacement of the lithosphere. The two introductory chapters (1 and 2; Part I)
are designed to review and build on the standard background of undergraduate
physical geology to provide an overall perspective on deformation of the earth
before entering into Part 11 on physical principles.

A few exercises are placed at the end of each chapter. These vary greatly
according to the subject matter. Some are straightforward numeric problems.
Others are broad and open-ended essay questions, simply designed to be thought-
provoking. Still others provide opportunities for summarizing and reviewing the
material already presented.

In keeping with most textbooks, references are kept to a minimum and are
largely cited in figure captions. A limited list of selected literature is given at the
end of each chapter, giving certain key books, monographs, review articles, and
important papers. These selected references should provide a more directed
introduction to the fragmented literature of structural geology.
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INTRODUCTION

We begin our study of deformation in the earth from a giobal, even planetary,
perspective by describing the major structural features of the earth’s surface and
by identifying the large-scale situations and processes by which the upper layers
of the earth undergo vertical and horizontal displacement. Beginning with Chapter
2 our emphasis changes from the major settings of global deformation to individual
structures, classes of structures, and their mechanisms of formation, We return to
large-scale deformation in Chapters 12 and 13 on the Appalachian and Cordilleran
mountain belts, which emphasize the historical aspects of the regional deforma-
ticn of our planet.

Structural geology is the study of the deformed rocks that make up the upper
layers of the earth. The subject can be extended to other bodies in the Solar
System. Each planet or moon exhibits its own distinctive history and style of
deformation, which reflects the degree of mobility of the planetary interior and—
to a large degree—its ratio of volume, V, to surface area, S, which is proportional
to radius, K.

S daR?

4aR3
LA % (1-1)

As radius increases, the rate of cooling of a planet decreases because there is less
surface area to cool across, refative to the total heat content and volume.
Therefore, larger planetary bodies are hotter. They are also much more mobile
because of the dependence of rock strength on temperature. At high temperatures
rock strength decreases exponentially with increasing temperature (Chapter 4),
causing the interiors of planets to be weak and able 1o flow plastically.
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In contrast, rock at the swface of a planet is brittle and relatively weak; :
however, with increasing depth rock strength increases, which is an effect of
pressure (Chapter 5). At some depth the effect of increasing temperature begins to
dominate over the effect of increasing pressure, and the strength begins to drop
exponentially (Fig. 1-1). Therefore, a layer of high rock strength, called the
lithosphere, exists near the surface of planets. Hotter piancts can be expected to
have thinner lithosphere and display plate-tectonic behavior, whereas cooler
planets can be expected to have such thick lithosphere that extensive mobility is
impossible. Therefore, it makes sense that the moon (R = 1738 km), Mercury
(2439 kmy}, and Mars (3393 km} are cold and tectonically inactive, whereas Venus
(6055 km) and Earth (6378 km) are hot, internally mobile, and actively deforming.

Beyond properties like radius, mass, and moment of inertia, which are
astronomically determined, the best known property of planets that bears on their
structural geology is surface morphelogy. This fact is also true for the earth; its
topography and bathymetry are much better known than the deformed rocks at or
below the surface. Therefore, fet us begin our study of structural geology by
considering what the morphology of the earth tells us about its deformation,

From a planctary perspective, the most immediately obvicus morphologic
feature of the earth is the distinction between continents and ocean basins, which
reflects the most fundamental structural property of the earth. The histogram of
elevations on the earth is strongly bimodal (Fig. 1-2), with the mean elevation of
continents a few hundred meters above sea level, in contrast with the mean
elevation of ocean basins at about 4000 m below sea level. The boundary between
continents and oceans is commonly taken at 2000 m below sea level, although the
tithologic boundary may be higher or lower from piace 1o place. The continents
are composed largely of old (100-3000 m.y.) and repeatediy deformed rocks rich
in quartz and feldspar, whereas the ocean basins are underlain by young (10-100
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FIGURE 1-2 Histogram of elevations and water depths showing the division of
the earth’s surface info continents and ccean basins. {From Sverdrup, Johnson,
and Fleming, The Oceans: Their Physics, Chemistry, and General Biology, = 1942,
Renewed 1970, p. 19. Reprinted by permission of Prentice-Hall, Inc., Englewood
Cliffs, N.J.)

m.y.), litde deformed rocks rich in feldspar and pyroxene that are the upper
surface of the convecting interior of the earth.

The morphology of the continents in plan view gives important insight into
deformation processes in the carth. Alfred Wegener (1880-1930) devised the
theory of continental drift based on the complementary morphology of the edges
of South America and Africa across the South Atlantic. Continental drift implies
that the continental lithosphere is able to separate into pieces, but that the pieces
are able to maintain their shapes with little distortion for hundreds of millions of
years, as shown by the fact that South America and Africa are able to fit back
together rather precisely. It is also observed that the continent-ocean boundaries
on both sides of the South Atiantic have essentiaily the same shape as the current
plate boundary at the Mid-Atlantic Ridge. This observation shows that oceanic
lithosphere also maintainous its shape without distortion for long periods.

In the foliowing two sections we describe the main morphologic and
structural features of the continents and ocean basins. This morphology is
strongly affected by erosion and deposition, in contrast with other planetary
bodies. Because crosion on the earth is relatively rapid, the mountainous
topography that is produced by deformation is being continuously destroyed.

Available data from a varicty of geologic settings show that rate of
denudation is propertional to relief (Fig. 1-3(a)). This impiies that in the absence of
uplift, relief, &, decays as a negative exponential function of time, ¢:

h = l’?(](’mm (1'2)

where fg 15 the initial relief and « is the proportionality between denudation rate
and relief. The data suggest that significant topographic relief is destroyed by
erosion in tens of mitlions of years (Fig. 1-3(b)} and that important mountainous
regions of the earth record areas of Cenozoic deformation.

MORPHOLOGY AND STRUCTURE OF CONTINENTS

If erosion were the only process actively shaping the surface of the earth, the
continents would soon be eroded down nearly to sea level, Therefore, if we look
al a regional topographic map of the continents, we apparently see in the
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Hydrographers Range of Papua, New Guinea, and in a number of farge midlatitude drainage
basins, (b} Exponential decay of relief in the absence of uplifl (Eq. 1-2). {Data from Ahnert, 1970

Ruxton and McDougall, 1967.)

mountainous topography a qualitative picture of places at which relatively recent,
large-scale deformation has taken place. This conclusion thal mountainous
topography is young is supported by the well-known correlation between earth-

quakes and mountain chains.

What does the distribution of mountainous topography tell us about defor-
mation in the earth? To the first approximation, continents display two morpho-
logic and structural provinces: orogenic belts and cratons. Orogenic, or mountain,
belts arc largely linear zones of intense deformation, inctuding folding, faulting,
seismicily, and rugged topography—for example, the Andean orogenic belt (ffig.
1-4). Active orogenic belts are Jocalized along plate boundaries and commonly

FIGURE 1-4 Topography of northern
South America, showing the regions
above 500 m in a shaded pattern. The
Guyana and Brazilian highlands are
epeirogenic uplifts, whereas the Andes
and Caribbean Mountaing are orogenic

A The Andes

Caribbean Mountains

L Angel Falis

0 1000 km
| S ——————— |

N

Guyana
Highiands

Brazilian
Highlands

uplifts.
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along continental marging, appareatly reflecting a fundamental instability of
continental margins refative (o oceanic, and especially continental, interiors.
Orogenic belts typically continue to be the locus of deformation for tens to
hundreds of millions of years. For example, the active Caribbean orogenic belt
along the northern edge of South America (Fig. 1-4) has been deforming since
latest Cretaceous (70 m.y.).

In contrast, cratons are the stable parts of continents that have not
undergone significant orogenic deformation for hundreds of millions of years.
Some cratons, such as the Russian platform, are exceedingly flat and lie very
close to sea level, as we would expect if only plate-margin deformation and

g erosion controlled the topography of the continents. In contrast with the Russian
0 platform, most cratons display broad swells in topography unrelated to plate-
boundary deformation. For example, the craton of northern South America
contains several large domal plateau uplifts, the Brazilian and Guyana highlands
(Fig. 1-4). These uplifts are far from any plate boundaries and are aseismic. They
;Z appear o be Cenozoic in age based on their tepographic relief (Fig. 1-3(b)). For

0 example, the highest waterfall in the world, Angel Falls, is in the Guyana
: Hightands (Fig. 1-5}.

The morphology of the continents indicates two important classes of
4 deformation in the lithosphere: orogeny and epeirogeny. Orogeny is the strong,
15 mountain-building deformation that involives folding, faulting, seismicity, and
h- lincar mountain chains. Epeirogeny, in contrast, is the broad gentle warping of the
lithosphere that does not involve local intense folding, faulting, or seismicity—for
- example, the uplift of the Guyana Highlands. Epeirogenic deformation is best
o- displayed on the cratons because of their otherwise extreme flatness; neverthe-
1, _ less, important epeirogenic deformation is also observed in ocean .basins and
2 orogenic belts.
i
y

Kim

FIGURE 1~5 One-kilometer-high Angel
Falls in the Guyana Highlands of the
southern Venezuelan craton. The high
relief suggests that this is a region of
active epeirogenic uplift. (Photograph by
R. Hargraves.}
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The stable cratons of the world are commonly divided intc areas of
platforms and shields based on the rocks exposed at the surface. Platforms are
those areas of the craton in which flat-lying sedimentary rocks are exposed at the
surface. The North American craton in the United States is largely a platformal
area, shown as the shaded region in Figure {-6, in which the flat-lying sediments
are typically 1 to 2 km thick. Shields are thosc arcas of the craton in which
peneplained basement rocks are exposed at the surface. For example, much of the
North American craton in Canada 1s an area of shield exposing the eroded roots of
several Precambrian orogenic bells, each of which was active for hundreds of
millions of years. These ancient orogenic belts can be traced through the entire
craton, under the thin piatformal sediments (Fig. 1-6).

It is important to realize that vounger orogenic belis crosscut, truncate, and
redeform rocks of older orogenic belts, as well as their overlying sedimentary
cover. This fact has been particularly well demonstrated for the [-billion-year-old
Grenville orogenic belt exposed at the surface in southeastern Canada and buried
under much of the castern and southern United States (Fig. [-6}. The Grenville
belt truncates the older north-south Nain orogenic belt at a high angle. The
western edge of the Nain belt is the Labrador trough, which is a beit of foiding and
thrusting from the east toward the 2.6-10-2.4-billion-year-old craton of the
Superior province 1o the west, The geology of this marginal zone of the Nain belt
is well known because of extensive deposits of economically important sedimen-
tary iron formation. As shown in Figure 1-7, the iron formation has been traced
southward into the Grenville belt, where it has been redeformed and remetamor-
phosed during the Grenville orogeny. Farther to the southwest, the Grenville belt

b 1,6-1.8 buy.
Churchiil

0 1000 km
[ —|

FIGURE 1-6 Precambrian orogenic belis of the North American craten. Shaded
regions are areas covered by platformal sedimentary rocks. The edges of the
younger Cordilieran and Appalachian crogenic belts are shown with the barbed
thrust-fault symbol, (Simplified from King, 1969.)
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FIGURE 1-7 Junction betlween Superior, Nain, and Grenville orogenic belts in eastern Canada
(see Fig. 1-6}. The deformed iron fermations in the Labrador trough at the edge of the Nain belt
are seen 1o continue into the younger crosscutting Grenville belt, where they are redeformed and
remetamorphosed. Rocks of the oider Superior province are also incorporated into the Grenville
belt northwest of the iron formation. (Data on iron formations from Gross, 1967.)

includes extensive redeformed and remetamorphosed rocks of the Superior
province, The generalization that younger orogenic belts incorporate and rede-
form rocks of the adjacent older orogenic belts is in a sense made complete by the
observation that fragments of the Precambrian Grenville belt are found rede-
formed and remetamorphosed in the Palcozoic Appalachian orogenic belt to the
southeast {Chapter 12},

Thus, the bulk of continental crust is composed of deformed rocks of ancient
orogenic belts. With time, typically a few hundred million years, the orogenic
belts become stabilized, the locus of deformation moves elsewhere on the earth,
and the inactive orogenic belt erodes down to near sea level 10 become part of the
craton,

The thicknesses of the flat-lying platformal sedimentary rocks and the
elevation of the unconformity with the underlying peneplained basement rocks
provide an important record of epeirogenic deformation of the continents. Figure
-8 is a structure contour map, which shows the present elevation of the eroded
top of the Precambrian basement. This eroded surface was generaily at or close to
sea level when it was first covered, so that—although strata of different ages cover
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the basement from place to place—the structure contours provide a picture of the
net epeirogenic deformation since the covering of the basement unconformity.
The most characteristic features of epeirogenic deformation visible on structure
cotttour maps are broad, roughly circular basins and domes, including the
Michigan, Illinois, Williston, and Hudson Bay basins, each about 500 km in
diameter and about 2 to 4 km deep. Domal uplifts include the Ozark dome and
Llano uplift of the United States (Fig. i-8), which expose smail areas of
Precambrian basement rock. Other uplifts are iess pronounced, such as the
Cincinnati arch, which displays slower rates of deposition than the surrounding
areas, more frequent disconformities, and thinner stratigraphic sequences.

As an example of a cratonic epeirogenic basin, cansider the roughly circular
Williston basisn in northwestern South Dakota and adjacent Montana and Canada
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(Fig, 1-8). 1t is about 700 km in diameter and is approximately 4 km thick at the
center, in contrast to a thickness of about 1 {0 2 km in the surreunding regions.
Studies of the sediments show thal this excess subsidence was extremely slow,
starting in early Paleozoic and continuing into the Mesozoic, a period of about 250
m.y. The average rate of subsidence was about 10 m/m.y.. with the rate of
subsidence decreasing with time. This example of the Williston basin shows that
epeirogenic subsidence can be extremely slow and very long-fived. In a later
section we consider what might be the underlying physical process that produces
this subsidence. Simitar cratonic basins exist on other continents—for exampie,
the Murzuk and Kufra basins of North Africa, the Amazon basin of South
America, the Greal Artesian basin of Australia, and the Paris basin of Europe.

Seme domal uplifts exist today as topographic features on the cratons, such
as the Guyana and Brazilian highlands of South America (Fig. 1-4), the Tibesti and
Hoggar uplifts of North Africa, and the Kazakhstan and Putoriana uplifts of
central Asia. At least some of these are quite recent in origin, such as the Tibest]
and Hoggar uplifts, and must involve rates of uplift on the order of hundreds of
meters per million years, substantially faster than the rates of epeirogenic
subsidence. This fact may be important in understanding their origin, as discussed
fater. The North African domal uplifts have associated nonorogenic, midplate
volcanism.

In addition to the cratonic basins and domes of epeirogenic origin discussed
above, there exist important sedimentary basins at the margins of cratons. Two
important types exist, continental-margin basins and foredeep basins. Many
cratonic platforms pass gradationally into continental-margin basins, which
typically contain 10 to 15 km of sediment deposited on the edge of the continent in
about 100 m.y. An example of a continental-margin basin is the Gulf Coast basin
in the southern United States and Mexico (Fig. 1-8). The total thickness of the
continental-margin basins and the rate of subsidence is substantially greater than
the cratonic basins, suggesting a somewhat different underlying process, as
discussed later.

Foredeep basins lie on the craton adjacent to orogenic belts and are an effect
of the orogenic process. The sedimentary ill of foredeeps is contemporanecus
with uplift in the adjacent mountains, from which the sediment is derived.
Foredeeps are typically 2 to 4 km deep and are deposited in about 10 m.v. North
American examples include the Allegheny, Black Warrior, Arkoma, Alberta, and
Peel basins (Fig. 1-8), adjacent to the Appalachian, Ouachita, and Cordifleran
orogenic belts, Sediments deposited in foredeeps commonly are deformed within
a few million years of deposition as they are incorporated into the growing
mountain belt. An example of a present-day foredeep is the Persian Gulf and
Tigris-Euphrates Valley along the boundary of the Arabian craton and the active
Zagros fold belt (Fig. 1-28). The Persian Gulf is the part of the foredeep in which
subsidence is more rapid than deposition, apparently due to the dry climate,

To summarize, the structure of continents consists of stable cratons and
active orogenic belts. Cratons are underlain by a collage of eroded roots of dead
orogenic belts that are overlain in some regions by a thin (< 2 km), nearly flat-
lying sequence of platformal sediments. The sediments of the craton are generalty
deformed into broad epeirogenic domes, arches, and basins, typically about 500
km across and a few kilometers in amplitude.

MORPHOLOGY AND STRUCTURE OF OCEAN BASINS

Like the continents, the bulk of oceanic lithosphere lies far from active plate
boundaries and is undergoing only broad epeirogenic deformation. After the
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formation of new oceanic lithosphere at an oceanic spreading center, the
lithosphere sinks slowly with age, producing the characteristic slopes of ocean
basins toward regions of increasing age (Fig. 1-9}. The slopes are typically 1:300 t0
1:3000, with stecper slopes on the more slowly spreading ridges. The epeirogenic
subsidence is proportional (o the sguare root of time (Fig. {-10) and is largely an
effect of cooling of the lithosphere, which is discussed in the next section. The
relative smoothness of the ocean floor is mainly interrupted by seamount
volcanoes and by fracture zones runming paralicl to the regional slope, across
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which the lithosphere shifts in age and water depth. If the volcanoes reach above
sca level they erode, producing flat-topped seamounts called guyors, which
together with associated coral reefs in tropical regions produce excellent sea-level
data. Coral atolls subside epeirogenically in the same manner as oceanic litho-
sphere, with the subsidence proportional to the square root of time (Fig. 1-10).

Ocean basins display epeirogenic updomes that are apparently quite similar
to the plateau uplifts of the continents, such as the Guyana Highlands. The largest
and best known is the 1000-km-wide updome around Hawaii and extending along
the Hawaiian scamount chain (Fig. 1-11). The ¢rest of this broad swell stands 1 to
2 km higher than the normal elevation of oceanic lithosphere of equivalent age.
The updoming process takes a few million years at rates of hundreds of meters per
millien years, whereas the dome subsides at tens of meters per million vears,
following the characteristic proportionality to square root of time (Fig. 1-10).

The normally smooth regional siope of the ocean floor (Fig. 1-9) is
mlerrupted in some regions by large positive bathymetric features far from
present plate boundaries. These features are broadly grouped as aseismic ridges.
Some are quite linear, such as the Hawaiian-Emperor seamount chain, and some
are more equant, Aseismic ridges include at least three distinct phenomena:
microcontinental fragments, basaltic plateaus, and linear seamount chains.

It is often said that there are six or seven continents, depending on how you
count them, but in fact there are several dozen continental masses, most of which
are quite small and largely or entirely submarine. These smaller fragments of
continental hithesphere are called microcontinents. The microcontinents include
New Zealand and its extension to the north as the Lord Howe Rise, Madagascar,
Japan, several parts of the Philippines, Corsica and Sardinia, Agulhas Platean
south of Africa, Rockall Bank west of the British Isles, and Lomonaosov Ridge in
the Arctic Ocean. Most of these fragments are produced by rifting from larger
continental masses. Microcontinents are very important in the structural history

Schatsky
Rise

Nl
Emperor Chain
D

Hawaiian 5000

6000

FIGURE 1-11 Map showing broad epei-
rogenic swell in bathymetry around the
Hawailan Chain, The swelf is a much
broader feature than the volcanic chain.
2000 km The normal depth of the old lithosphere
of the western Pacific is greater than
5000 m, shown by the shaded pattern.
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of some orogenic belts because they eventually encounter compressive plate
boundaries and are accreted.

A number of roughly equant plateaus that are apparently fargely basaltic
exist in the ocean basins—for example, Schatsky Rise in the North Pacific (Fig. I-
11), These basaltic plateaus are apparently great outpourings of basaits but are
not well understood. Better understood are the linear seamount chains, which
extend for thousands of kilometers. Some, such as the Line Islands, appear 1o
have been active simultancously throughout, whereas others show a regular
progression in age along their tength. The Jatter arc designated as hof-spot chains
because the volcanoes appear 1o be derived from a fixed spot source of magma
lying below the lithosphere. The besl known hot-spot chain is the Hawaiian-
Emperor seamount chain (Fig. 1-11) which has been propagaling across the
Pacific for the last 70 m.y., most recently at about 10 em/y (Fig. 1-12). Apparently
the underlying cause of the hot-spot volcanism is also the cause of the epeirogenic
updoming {Figs. 1-10 and 1-11). Another important aseismic ridge of hot-spot
origin is the Ninetyeast Ridge in the eastern Indian Ocean (Fig. 1-13), The present
position of the hot-spot source is apparently near Kerguelen Island in the south

FIGURE 1-13 Southward propagation i
of the Ninetyeast Ridge het spot in the /' Mg,
Indian Ocean. The present position of the
hot spot is apparently near Kerguelen
island, separated frem Ninetyeast Ridge
by later spreading on the Southeast Indi-
an Ccean Ridge. (Data from Curray and
otirers, 1981.)
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Indian Ocean, separated from the Ninetyeast Ridge by new oceanic lithosphere
formed along the Southenst Indian Ocean Ridge.

The oceanic fithosphere normally slopes toward the contineats (Fig, 1-9);
however, near the abundant sediment sources of the continents, 11 is covered by
greal submarine-fan complexes of the continental rise, which slope away {from the
contineal at about 11300 (o 1:6000. Farther from the continent the risc merges with
the extremely flat abyssal plain (1:10,000 or less). The steepest topography is at
the edge of the continent, which 13 the continenral slope (Fig. 1-14), commonly
having a stope of about 1:300; in some areas, it may be even chifflike. Because of
the relatively steep slopes and thick sediments, the continental slope and—1to a
lesser extent—the continental rise are important sites of submarine land sliding. In
some arcas—for example, in the Mississippi and Niger deltas—the sliding is so
extensive that major structures arc produced (Chapter 8).

The final major morphologic and structural features of ocean basins that we
discuss are orogenic features that lie along convergent plate boundaries; a cross
section is shown in Figure 1-15. As the oceanic lithesphere approaches the
convergent boundary, it flexes gently upward at the owter rise (Fig. 1-22) and then
downward into the french, which is the oceanic equivalent of the foredeep. The
region between the trench and the volcanic arc is called the forearc, which
generally grows in width with time (Fig. 1-16) as a resull of aceretion of deformed
oceanic and trench sediments into the aceretionary wedge and deposition of

Forearg Backarc

Sea level

Trench

Accrationary wedge o Fareare basin

Trench-slope
break

Volcanic arc

Sea level

100 -

200 km

Aesthenosphere

Aesthenosphere - 100

— - 4 200 km
Subducting lithosphere

FIGUHE 1-15 Cross secticn of convergent continental margin showing the main merphologic
and structural features. (Based on data on Guatemalan conlinental margin, from Seely, Vail and
Watson, 1974, Trench slope model in Burk and Drake eds., The Geology of Continental
Margins, Springer-Verlag, New York, p. 249-260.)




(¥ ]

)
\y

I
1¢
~h
>d
of

alevel §

100

\-O km

ogic
and
arrfal

Chapter 1 introduction to Deformation of the Lithosphere

200 - Growth of forearc
L]
® 9
e 2
L)
°
E
(\); 100 — ° ]
o ° °
.
r~ L} ® °
R o @t FIGURE 1-16 Expansion of {orearc with
o ° time; width of forearc measured from
o trench to volcanic axis. {(From Dickinson,
I ! ! ! ] | J. Geophysical Research, v. 78, p, 3376~
0 100 200 300 3389, 1973, copyrighted by the American
Width of forearc (km} Geophysical Union.)

sediments in the forearc basin. The trench-slope break, or outer high, the
boundary between the forearc basin and the accretionary wedge, generally
propagates scaward with time as a result of the accretionary processes. Some
forearcs undergo little accretion because much of the sediment subducts, and the
subduction zone may actually erode some forearcs.

The region beyond the volcanic arc is called the backare. In some continern-
tal arcas, such as the Andes, the backarc Yegion is a compressive mountain belt. In
other continental and oceanic areas, the backarc is an arca of horizontal extension
in which rift valleys and new ocean basins, calied backare basins, form. Examples
of backarc basins include the Japan Sea between Japan and Korea, Okinawa
Trough, and the basins just west of the Mariana arc.

In the following sections we consider the most important physical processes
that control the morphology of the earth by producing vertical and horizontal
displacements of the lithosphere.

VERTICAL DISPLACEMENTS OF THE LITHOSPHERE

One of the most remarkable insights into the origin of the topography and
bathymetry of the carth and its underlying structure came in 18541855 when John
Henry Pratt, Archdeacon of Calcutia, attempted to reconcile a Jarge discrepancy
in some precise geodetic measurements made in India under the direction of Col.
Iiverest, for whom the mountain is named, The angular length of a 600-km-long
North-South survey line was measured by two methods, precise surveying along
the line and angular difference between astronomical sightings at both ends. By
ungudar length we mean the angle between the two end points and the center of the
carth (" — B in Fig. 1-17). Pratt considered that the mass of the Himalayan
Mountains and the Tibetan Platcau to the north would deflect the plumb line used
to determine the astronomical vertical in the proper sense to account for the
discrepancy. Nevertheless, after carefully integrating the gravitational attraction
of the mountain mass, Pratt found that the discrepancy should be 157 of arc rather
than the 5" of arc that was observed. Pratt had no explanation.

It was left to G. B. Airy, the Royal Astronomer in Greenwich, to resoive the
difliculty with what is in retrospect a remarkable bit of intuition into the
mechanical behavior of the carth. Airy recognized that the interior of the earth is
weak and able to flow viscously, whereas rocks near the surface have some finite
strength, He considered that the earth might be approximated by the model shown

15
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FIGURE 117 Schematic cross section of the earth showing Pratt's hypothesis for the incorract
meastrement of arc length (' — $) caused by the gravitational deflection of the plumb fine by
the mass of the Himalayan Mountains and Tibetan Plateau. The plumb line is used to locate the
center of the earth in the astronomical sightings.

in Figure 1-18, after his original paper. The inside was considered to be a viscous
fluid, whereas the outermost part was taken {0 be a less-dense shell of finite
strength containing one mountain mass. The situation on the right is in effect the
case considered by Prat{. Airy argued that this is an impossible state of affairs; he
showed that the rigid shell could not support a surface load of the magnitude of the
Tibetan Platean and would fracture and settle down mto the more-dense, viscous
intertor. Airy reasoned that a mountain mass must be accompanied by a root, such
as the one shown on the left; mountains are buoyantly supported like icebergs.
The downward projecting root of rock less dense than the viscous inferior would
reduce the net gravitational attraction of the mountain mass and explain the
astronomical measurements (Fig. 1-17). What began with Pratt as an investigation
of discrepancies in some geodetic observations became with Airy a rcal insight
into the mechanical behavior of the earth.

Airy’s view of the earth has been shown to be essentially correct. During the
Ice Ages surface loads in the form of ice caps and large takes rested on the surface

Wiountain Mountain

—

FIGURE 1-18 Airy's cross sections of
the earth, showing one schematic moun-
tain mass. (After Airy, 1855}
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Chapier 1 Introduction to Deformation of the Lithosphere

of the continents and later returned to the ocean basing. Nonelastic deformation
resulted from loads as small as 100 m thick and a few hundred kilometers in
diameter. Deformation still going on as a result of this foading cycle is a major
source of information on the viscosity of the interior of the earth.

The inner viscous region is now called the aesthenosphere, and the outer
shell of finite strength is called the lithosphere. The boundary between them is, of
course, a boundary in mechanical properties, which may not be sharp (Fig. 1-1). It
is mainly temperature-dependent and may be approximated by a surface some-
thing like 0.9 Tiveiing (Kelvini. Our present view of the lithosphere is more
complicated than Airy’s; the earth is now known to contain several important
compositional layers: the iron-nickel core; the mantie, composed of dense
silicates and oxides; and the outer crust, composed of lighter sificates. The
boundary between the acsthenosphere and lithosphere normally lies within the
upper mantie; however, it can move up and down with time as a result of
temperature changes and deformation of the lithosphere.,

Differential isostasy

The most important discovery of Airy and Pratt was that regional topography and
bathymetry of the carth and other planetary bodies is to the first approximation
supported by buoyantly stabie density distributions rather than by the strength of
the lithosphere. This is the faw of isostasy, which states that horizontal surfaces in
the aesthenosphere will be surfaces of constant pressure, which implies that the
mass of the overlying column of rock is everywhere the same. Regional differ-
ences in elevation reflect regional differences in mean density of the underiying
rock. In mathematical terms the sum of the masses of each layer in any column of
rock above a datum in the acsthenosphere is constant:

M, + M, + M.+ M, + M, = constant (i-3)

where the layers are sea water, w, sediment, s, igneous and metamorphic crust, ¢,
mantle lithosphere, m, and mantle aesthenosphere, « (Fig. 1-19). Removing the
area of the column of rock, we can write

Pulte + poiy + pohe + pdin + poh, = constant (1-4)

where 4 is the thickness of cach fayer and p is its density. The processes that
control the regional morphology of the earth are the processes that modify the
mean density and thickness of one or more parts of the lithosphere.

There are many mass distributions that can produce the same topography.
Airy’s iceberg model of isostasy was that the lithosphere is everywhere the same
density and that topography reflects differences in thickness of the lithosphere
(Fig. 1-19). In contrast, Pratt in later work considered that regional differences in
elevation mainly reflected differences in density of the lithosphere, with a
horizontal base to the lithosphere (Fig. 1-19). Our present view of isostasy is more
elaborate, reflecting our more detailed knowiedge of the lithosphere and the
processes that shape it. In the following discussion we make use of a four-layer
model of the lithosphere (Fig. 1-19), composed of sea water, sediments, igneous
and metamorphic crust, and mantle lithosphere. Each of these layers may vary
their thicknesses and densities as a result of various geologic processes, which
through isostasy control the topography and bathymetry of the earth. Some of the
important processes are (1) deposition of sediment and displacement of sea water,
(2) evaporation of seaz watcer, (3) erosion of mountains, (4) addition 1o crust or
mantle through igneous intrusion, (5) thermal expansion or contraction associated
with temperature changes, (6) thickening or thinning of crust or mantle by tectonic
compression or extension, and {7) chemical phase changes. Because the base of

17
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Chapter 1 Introduction to Deformation of the Lithosphere

the lithosphere is essentially a temperature boundary (7' = 0.97niny Kelvin),
mantle lithosphere is more dense than mantie aesthenosphere (Fig. 1-19). There-
fore, thickening of the crust causes uplift of the surface in the manner of Airy's
model, whercas thickening of the mantle lithosphere causes sinking of the surface,

In general we have incompiete knowledge of the thickness and density
distribution of the lithesphere. Fortunately, for many of the processes mentioned
above, we need to consider only changes in thickness, elevation, and density, and
not their absolute values. We might call this subject differential isostasy, which is
based on two relationships:

t. The sum of the changes i1 mass in a column above any datum in the
acsthenosphere is zero, based on Equations 1-3 and 1-4;

TAM =AM, + AM, + AM, + AM,, + AM, =0 (1-5}
Qr
Alpeftd + Alphy) + &lpadid + Alpyh,) + Alpahy) = 0 (1-6)

2. The change in elevation of the surface, AE, is equal to the sum of the
changes in thickness of the crust and mantle lavers:

AL = A, -+ Al - Ak + Ah, + AR, (1-7)

These are the flundamental equations of differential isostasy.,

As an example let us compute the excess thickness of the mountain root
under the Tibetan Plateau that would be predicted by Airy (Fig. 1-19), assuming
the root is entirely thickened crust of normal density. The Tibetan Plateau is 5 km
high. Five kilometers is also the change in elevation, AE, using Equation 1-7,

AE = 3 km = Ah. + Ah,

If 2800 kg/m® is the density of the crust and 3300 kg/m® is the density of the
aesthenosphere, then by Equation [-6,

Alpohe) + Alph) = (2800 ke/m®)Ah, + (3300 kg/mAh, = 0
and
Ah,. = 33 km

According to this estimate, Tibet should have a mountain root about 30-35 km
thick. Normal cratonic crust whose surface is at sea level is 35-40 km thick, based
on seismology. Therefore, a double crustal thickness of approximately 70 to 80 km
is predicted for Tibet, which is in agreement with crustal thicknesses estimated by
geophysical methods. Other major active orogenic belts with high elevation, such
as the Alps and Andes, have crustal thicknesses of about 70 km,

Thermal Topography

The next major discoveries of processes that control regional topography in the
carth came over a hundred vears after the discovery of isostasy. Soon after the
discovery of plate tectonics and sea-floor spreading, it was found that the ocean
floor subsides with age in a very regular fashion; the water depth is proportional to
the square root of the age of the lithosphere (Fig. 1-10). This characteristic pattern
of subsidence is due to cooking and thickening of the mantle lithosphere with time.
I we assume that aesthenosphere extends nearly to the sea bottom under
midocean ridges, then it initially has the temperature of the aesthenosphere, about
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1350°C, nearly to the surface; it will gradually cool and thermally contract with
age. The change in clevation is

AE = Lo {204'1*“. - 1) 51} (1-8)
Do~ P T
where the terms in the braces describe the thermal contraction as a function of
time, ¢, and the ratio of densities of aesthenosphere and sca waler deseribe the
isostatic amplification of the subsidence that is caused by the weight of the water
filling the ocean basin. Here 7, is the initial temperature of the rock at the ridge
crest, which is the temperature of the aesthenosphere, 1350°C, 7. 1s the
temperature of sea water, « is the volumetric coefficient of thermal expansion,
3.2 x 107°/°C, and k is the thermal diffusivity of the lithosphere, 8 X 1 7 ms.
The fact that water depths in the oceans closely obey Eqguation [-8 indicates that
heating and cooling is a major cause of vertical displacement in the earth,
Thermal expansion and contraction is not limited (o coeling of normal
oceanic Jithosphere: it is now recognized as an important process in the subsi-
dence of sedimentary basins on continental margins and of epetrogenic updoming
and subsidence on the cratons and in ocean basins because they subside with the
characteristic dependence on square root of time {Fig. 1-10}.

Subsidence of Continental Margins

Many important sedimentary basins, especially thosc on stable continental
margins, display impostant normal faulting at the initial stages of formation of the
basin (Fig. 1-14). There is an initial rapid subsidence, followed by a diminishing
rate of subsidence during the next 100 o 200 m.y. The total subsidence is
generally substantial; 10 to 15 km of sediment are deposited. The rifted continen-
tal margin of the castern United States and Canada is typical of these basins {Fig.
i-14). Three physical processes in combination are important in producing the
subsidence of rifted continental margins: (1) initial subsidence in response to
horizontal extension of the lithosphere, (2) thermal subsidence in response to the
disturbed geothermal gradient, and {3) isostatic subsidence in response to the
weight of the sediment deposited in the basin,

Initial Subsidence. Consider a segment of the continental lithosphere of
thickness « and width « prior to horizontal extension (Fig. 1-20). After extension
during rifting, there is no loss of mass or area, so the new width is increased to «ff
and the thickness of the lithosphere is reduced to @/f, where B describes the
amount of extension. What is the subsidence of the top of the lithosphere in
response o this stretching? Applying the two equations of differential isostasy
(Egs. 1-6 and 1-7), we find that the initial subsidence, Z;, is
(e = phe + (P = Pt (1 ot )

P Pa B
where the densities of sea water, crust, mantle lithosphere, and aesthenosphere
are p,. = 1030 kg/m?, p. = 2800 kg/m?®, p,, = 3400 ke/m®, and p,, = 3300 kghm?.

The important thing to note is that there is a lincar relationship between the
subsidence and the thinning function (1 — I/B).

Z,'=

(1-9)

Thermal Subsidence. A sudden horizontal tectonic extension of the litho-
sphere produces an increase in the geothermal gradient beyond the equilibrium
gradient under cratons, as shown in Figure 1-20. The lithosphere acts as a thermal
boundary layer, across which heat is conducted, whereas the aesthenosphere has
close v an adiabatic thermal gradient because of convection, The base of the
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bollom figure shows the lithosphere sometime later, after the thermal gradient has returned to its
initial value, (Based on McKenzie, Some remarks on the development of sedimentary basins:
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here fithosphere is defined as the femperature at which the mantle is able to convect
3 . L .
mt. (about 1350°C). If lithosphere of thickness « is suddenly (less than 20 m.y))
1 the & thinned to «/B by horizontal extension, the average geothermal gradient is
; changed in proportion to the extension £, from {1350°C/a) to B(1350°C/a). The
ho- decay of this excess thermal gradient causes a subsidence of the lithosphere that is
um similar to the thermal subsidence of oceanic crust, exhibiting the same character-
cemal ' istic proportionality between subsidence and square root of time {Eq. 1-8).
- [ E
¢ has Sediment Loading. There is additional subsidence in response to the load
f the of any sediments deposited. If there is an abundant supply of sediment, then the
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amount deposited is isostalically controlled in a remarkable way by the water
depth. Let us assume that no sediment will be deposited above sea level. Given an
initial water depth i, —for example, 2 km——what thickness of sediment A, must be
deposited to fill the basin up to sca level? There 1s no change in the surface
elevation; AE = 0 in Equation 1-7 because water is displaced by sediment up 10
the original water surface. From Equations 1-6 and 1-7 of differential 1sostasy, we
have

Pefly = Prftie F padhy = 0 {1-10)
and
AE = hy — h, + Ahy, =10 (1-i1)
Equating 1-10 and 1-11. we obtain the isostatic relationship between initial waler
depth, h,., and maximum sediment thickness, /.
- (pw - _P_(_z)
(P.\- - f)u)

hy M, (1-12)

Thus if the initial water depth, A, is 2 km and the density of the sediment is 2500
kg/m®, then 5.75 km of sediment are needed to fill the basin up to sea level.
Equation [-12 explains why continental margins have the greatest sedimentary
thicknesses; they have both great initial water depths and abundant suppiies of
sediment. ‘

Flexure of the Lithosphere

So far in our discussion of isostasy and vertical displacement of the lithosphere,
we have in fact assumed that the lithosphere is only strong enough to resist
convection. We have assumed with Airy that cach crustal column is completely
independent and not strong enough to support any adjacent loads (Figs. 1-18 and
1-19), which is the assumption of local isostasy (Fig. 1-21). The lithosphere in fact

Local isosiasy Load

Fiexural isostasy

Bulge Moat Mioat Bulge
g )

Quter rise

Tectonic foad
EIGURE 1-21 Schemalic diagram of the .
support of a load, such as a volcanic
mouniain mass o ice cap, by local Alry
isostasy and by fiexural isostasy. Bottom
diagram shows plate flexure in response
{0 a teclonic load.
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has some substantial strength (Fig. [-1); therefore, a surface load will not be
supported solely by the buoyant forces of local isostasy, but will be partially
supported by the strength of the lithosphere adjacent to the load, as shown in
Figure 1-21. This flexure of the lithosphere is observed adjacent to major loads on
the earth’s surface. The most straightforward case of plate flexure is the loading of
the oceanic lithosphere by seamount voleanoes. There is a well-defined moat
around the volcano caused by partial support of the volcano by the strength of the
adjacent lithosphere. For example, this moat can be seen in the bathymetry
adjacent te the Island of Oahu (Fig, 1-22). In other cases the moat is filled with
sediment and volcanic rocks.

The mechanics of the flexure are closely related to the mechanics of bending
of beams studied in engincering and to the mechanics of folding, discussed in
Chapter 9. If we model the lithosphere as an elastic plate lying on a more dense
fluid, then there are two major contributions to the vertical deflection Z: (1) an
exponential decrease in deflection away from the foad because the load is
supported most by the nearest lithosphere, and (2) a sinusoidal deflection caused
by the buoyant resistance of the aesthenosphere 1o the bending. The two effects
combine by multiplication to produce a decaying sinusoidal deflection

Oahu

Moat

2km ~

0 200 km

Kuri Cuter risi

Ouner rise

Mankas

Trench Cuter rise

Middie
Arerica
Trench

Outer riso

FIGURE 1-22 Bathymeliic profiles exhibiting plale flexure. (From Bodine,
Steckier, and Walts, J. Geophysical Research, v, 86, p. 3695-3707, 1981
Caldwell and Turcotte, J. Geophysical Research, v. 84, p. 7572-7576, 1979;
copyrighted by The American Geophysical Union.)

23




24

PART | INTRODUCTION

Z = zoe"-"’“(cos Xy sin i) (1-13)
o «

where x is the horizontal distance from the center of the load, « = [4D/
(pa — pudgl', D is the flexural rigidity, D = [ERX12(1 — w3, E and v are clastic
constants, h, is the elastic thickness of the hithosphere, and 7, is a constant related
to the weight of the load. Normally only the first sinusoidal cycic is observed in
bathymetry because of the rapid exponentiaj decay.

Plate flexure is also well known to produce foredeep basins and deep-sea
trenches adjacent to active mountain belts. The mechanics of plate flexure
adjacent to active mountain belts differs in detail from the flexure caused by
volcanic islands because the load on the plate is not just the vertical weight of the
mountain mass, but also a horizontal force of plate compression (Fig. 1-21).
Furthermore, a force is applied by the pull of the subducting lithosphere.
Nevertheless, the form of the deflection is qualitatively similar to that caused by
an island load. Figure 1-22 shows the shapes of plate flexures adjacent to deep-sca
trenches. It should be noticed that the flexure is much broader where old, thick
fithosphere of early Cretaccous age is being flexed, such as the Kuril and Mariana
trenches, relative to young mid-Cenozoic lithosphere, such as the Middle America
and Nankai trenches. This fact is due to the thickening of lithosphere with age.

HORIZONTAL DISPLACEMENTS OF THE LITHOSPHERE

We have considered the main mechanisms by which vertical displacements of the
lithosphere of regional dimensions are produced, together with the principal
associated structures of cratons, continental margins, and occan basins, We now
turn to the horizontal displacements of the lithosphere——that is to continental
drift, plate tectonics, and regional aspects of plate-boundary deformation. These
topics will complete (his first chapler introducing the major scitings of deforma-
tion in the hithosphere.

Kinematic Model of Plate Tectonics

1t has long been recognized that present-day orogenic deformation is concentrated
in a narrow belt of rugged topography and intense seismict{y, with littic deforma-
tion away from these zones. With the discovery of sea-fioor spreading and the
recognition of the significance of marine magnetic anomalies, caused by the
combination of sea-floor spreading and geomagnetic reversals, it became possible
to evaluate quantitatively the motions over the surface of the earth becausc this
surface constitutes a closed kinematic system; the surface of the earth maintains a
constant surface arca. Therefore, the rate of creation of surface arca by sea-fioor
spreading and backarc extension is equal to the rate of destruction of surface area
by compression and subduction. Furthermore, the facts that the rifted continents
fit back together again and that magnetic anomalics on opposite sides of a
spreading ridge have complementary shapes show that the lithosphere acts as a
set of nearly rigid plates.

The fact of rigid piates moving on the surface of a sphere of fixed surface
area gives rise 1o the important Kinematic properties of plate tectonics. At any
instant the relative motion of two plates, A and B, on the surface of a sphere can
be described as a rotation about an axis passing through the center of the sphere.
The rate of retation can be described as a vector 48y

_.\fl,ng = mk (1"14)
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where K is a unit vector along the rotation axis and o is the magnitude of the

3) angular rotation rate (for example, in degrees per million vears). If we wish to
know the rate of relative motion al a point P, then

Di &

e : v= a0y Xop (1-15)

cd where 17 is the radius vector extending from the center of the carth to the point P

i (Fig. 1-23). The linear magnitude of the relative motion at point P is

- v =l sin B (1-16)

ire where R is the radius of the carth and 0 is the angle between the axis of rotation

by and the radius vector, v Note that rigid rotation implies that the magnitude of

he relative motion should vary systematically with angular distance 0 from the pole

1 of rotation according 1o sin 0. Therefore, the relative motion velocity 1s zero at the

re. pole and a maximum wR at 90° from the pole. This prediction is compared with

by data from the Atlantic Geean in Figure 1-23,

e Rigid plates and fixed surface area of the earth require that if we make a

ick vector sum of rotation rates of » plates starting and ending with plate 1, then the

tna vector sum is zero:

ica &

. ; Wt b ot 4+, = 0 (1-17)

where 7 is time. This fact allows us 1o predict relative motions along plate

boundaries that do not have scafloor spreading anomalies, either for lack of data
or nonspreading boundaries. The relative motions of plates surrounded by trench

the and transform boundaries are jeast welt known—for example, the Philippine Sea

] ; plate. A best it solution for the present-day relative rotation vectors is given In
pa ; Tabsle
. able 1-1.

oW Equation 1-17 is valid only for small or infinitesimal rotations. As rotations
ntal become large with fime, the sequence in which the rotations are performed or the
CSe sequence traveled in the circuit of plates affects the final result: these are called
ma- Jinite rotations. For example, in Figure 1-24 a plate undergoes farge finite rotation
about each of two orthogonal axes; the order in which the two rotations are
performed controts the final position and orientation of the plate. The actual path
ol plate rotation may be quite complex; it is the sequential sum of the entire
wed
ma- _
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the _;; 2l Azores 1o Bouvet
ible H
this Center of b
ns a parth % -
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area g7
ents 2
of a PR
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: ] L i i : L ] i i
e “Relative o 30° 60° 90°
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any 1 axis
> can
here., & FIGURE 1-23 Geometry of instantanecus relative rotation vector ALy between two plates, A

and B. Comparison of predicted and measured dependence of velocity, v, on anguiar distance
: fiom pole of rotation, & for the Mid-Atlantic Ridge. (From Morgan, W.J., J. Geophysical
1-14) Research, v. 73, p. 1959-1982, 1968, copyrighted by the American Geophysical Union.)
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FIGURE 1-24 Effect of the sequence of finite rotations on the final position and orientation of a
plate.

history of instantaneous rotations about poles of changing orientations. Neverthe-
less, no matter what the actual sequence of refative motions between two plates
during a time interval, there exists a single equivalent finite rotation about a fixed
axis that can move the two plates from their inttial to final positions (LePichon and
others, 1973). These equivalent finite rotations are important for making plate
tectonic reconstructions.

Normally, plate kinematics are studied in a relative veference frame; one
plate is considered fixed and the motions of other plates relative to it we
determined. Occasionally other frames of refercuce are utifized. For example,
paleomagnetic pole positions provide an estimate of the earth’s rotational axis and
may be used as a partial frame of reference. It is incompiete because the earth’s
rotational or magnetic axis does not uniquely define a frame of reference because
the paleolongitude is undefined.

TABLE 1-1 Instantaneous Relative Rotation Vectors®

Plate Pair Latitude °N Longitude °F w (deglny.)
North America-Pacific 48.77 -73.91 0.852
Cocos-Pacific 38.72 - 107.39 2.208
Nazca-Pacific 56.04 —§7.88 1.539
Eurasia-Pacific 6. 64 -78.92 0.977
India-Pacific 60.71 -5 1246
Cocos-North America 29,80 -121.28 1.489
Africa-North America 80.43 57.36 (0.258
Eurasia-Nerth America 65.85 132.44 0.231
North America~Caribbean -33.83 - 70.48 0.219
Cocos-Nazca 5.63 - 124,40 0.972
Caribbean-South America 73.51 60.84 (1.202
Nazca~-South America 59.08 —94.75 0.8353
Africa—South America 66.56 -~37.29 0.336
Antarctica~-South America 87.69 75.20 0.302
India-Africa 17.27 46.02 0.644
Arabia-Africa 30.82 6.43 0.260
Africa-Eurasia 25.22 =219 0.104
India-Eurasia 9.1 38.46 0.698
Arabia-Eurasia 29.82 - 1.64 0.357
India-Arabia 7.08 063.86 0.469
Nazca-Antarctica 43.21 -95.02 0,605
India-Antarctica 18.67 32.74 0.671

*After Minster and Jordan, 1978
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Chapter 1 Introduction to Deformation of the Lithosphere

Long-lived hot-spot volcanic sources such as Hawaii {Figs. 1-11 and [-12)
and Kerguelan (Fig. 1-13) would provide a frame of reference if the sources were
deep within the mantie and fixed relative to one another. On the other hand, if the
sources were moving with the convecting mantle at a rate that was fast relative (o
plate motiens, ther a hot-spot frame of reference would be impossible. Available
iformation suggests that ho! spots are approximately fixed relative to one
another over long periods—{or example, see Figure 1-25, Hot spots apparently are
the effects of some deep mantle convection, although their specific origin is not
well known.

Orientation of Plate Boundaries

‘The erientation of plate boundaries relative to the local relative-motion vector has
a fundamental effect on the nature of the plaie boundary and the kind of
deformation structures produced in the rock. The three end-member classes of
plate boundaries are ridge, transform faulr, and trench, in which transform faults
are parallel to the relative motion vector and end-member ridges and trenches are
perpendicular (Fig. 1-26). Plate boundaries in oceanic regions tend to be closer to
the end-member geometry than in continental arcas, where deformation is more

B0 muy.

/\ %*P 8 Jan Maven
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=
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“ ] ¢

§ Bouvet 7

20 m.y,

FIGURE 1~28 Motion of iong-lived hol spols, assuming they are fixed with respect to each
other, which is in good agreement with actual tracks. Reconstructions for 80 and 20 m, y. ago
with generalized plale boundaries shown as dashed lines. Large dots show the position of the
hot spot at the time of the reconstruction. Small dots show the predicted positions each 10-m.y.
period earlier. {After "Hotspot tracks and the opening of the Atlantic and indian Oceans',
Morgan, W. J., p. 443487 in The Sea, vol. 7, C. Emiliani, ad., copyright ¢ 1981, Reprinted by
permission of John Wiley & Sons, Inc.)
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FIGURE 1-26 Six classes of transiorm — s 2
faults. in addition, the mirror images of < > <
these produce a total of 12 classes of % -
transform faults. The teath on the trench y )
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complex. Transform faults tend to be close 1o the ideal orientation, paraliel to the
relative motion vector. Ridge crests also tend 1o be perpendicular to relative
motion vectors and to adjacent transform faults. Trenches are commoniy not
perpendicular (o the relative motion.

Plate tectonics requires that plate boundaries be a closed and interconnected
system of ridges, trenches, and tpansform Taults. Six fundamental classes of
transform faults, plus their mirror images, are possible, inciuding one ridge-ridge,
two ridge-trench, and three trench-trench (Fig. 1-26). Similarly, there are sixtcen
conceivable triple junctions between three plate boundarics, although only a few
of them can exist stably (McKenzie and Morgan, 1969).

Forces Acting on Plates

The motion of plates of lithosphere over the surface of the earth is the net effect of
several driving and resisting forces acting on the plates. The most important
forces are (1) the gravitational push down the flanks of occanic ridges, (2) the
resistance of trenches and compressive mountain belts, and (3) the gravitational
puli of the subducting lithosphere caused by its greater density in comparisen to
the acsthenosphere.

SETTING OF OROGENIC DEFORMATION
ALONG PLATE BOUNDARIES

Most of the natural deformation of rocks that is of concern in structural geology,
except for cpeirogenic deformation, apparently took place al or near plate
boundaries, although the actual style of tectonics is potentially different in the
early Precambrian, when the Jithosphere was possibly thinner because of a hotter
carth. Nevertheless, deformation of the lithosphere in the last one to two billion
years appears to be analogous (o present-day deformation. For this reason, we
end this first chapter introducing the major aspects of deformation of our planet
with a discussion of the setiing of orogenic deformation along plate boundaries.
This will serve 1o forge a link between our discussion of the kinematics of plate
tectonics in the preceding section and the detailed exploration of the structures
that form as plates scrape past one another, which follows in Chapters 2 and 6
through 10.

There is a correspondence between the three end-member types of plate
boundaries: (1) extensional {ridge), (2) compressional (trench), and (3) transform
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1o : FIGURE 1-27 Block diagrams iltustrating the three classes of piate-boundary tectonics and the

. analogous threg classes of faulting. Extensional tectonics make the lithosphere thinner and

localize deformation, whereas compressional tectonics make the Hhosphere thicker and widen

the deformed zone.

and the three fundamental types of faults: (a) normal, (b) thrust, and (c) strike slip

_ (Fig. 1-27). Normal faults along plate boundaries are produced in horizontal

v, extension, thrust faults in horizontal compression, and strike-slip faults in no
te - horizontal extension or compression normal to the fault, Nevertheless, plate
he oundaries are not just a single fault, but are complex zones of deformation
er centaining many faults, folds, and other deformational structures. The widths of
on extensional and transform plate boundaries range from less than 25 km to more
ve o than 100 km. In some cases, compressional plate boundaries can have active
Y deformation over a zone of more than 1000 km wide. For example, in the Middle
og : Last we see that the extensional plate boundaries of the Red Sea and Guif of Aden
e o arc narrow in comparison with the broad zone marking the Alpine-Himalayan
ey orogenic belt to the north (Fig. 1-28},
16 The relative widths of different classes of plate boundaries have a simple

mechanical explanation related to the change in strength of the plate during
de b continued motion. The strength of a lithospheric plate, to the first approximation,
rm
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FIGURE 1-28 Tectonic map of the Alpine-Himalayan orogenic belt belween Greece and India.
This is a broad zone of convergence between the Eurasian plate on the north and the fragments
of the former continent Gondwanaland on the south, the African, Arabian and incian plates.
{Cormpiled from Berberian, 1881, and McKenzie, 1878b.)

is dominaied by its thickness, just as a thicker sheet of aluminum is stronger than a
thinner sheet. If a segment of continental lithosphere 1s extended herizontally as
in Figure 1-27, it wilt first deform at the weakest point, causing the lithosphere to
be thinned by localized extension., The thinning makes the weakest point still
weaker; therefore, continued deformation tends to localize extensional plate
boundaries within the hithosphere. In contrast, deformation along compressive
plate boundaries generally thickens and therefore strengthens the lithosphere,
causing the zone of deformation to grow in width., Transform plate boundaries
(FFig. 1-27} have little thickening of thinning of the lithosphere; their width is no
greater than the thickness of the lithosphere. Plate boundaries in continental
lithosphere are generally wider than in occanic lithosphere because the continents
are much more heterogencous mechanically (for example, Fig. 1-7).

The dominani faulting in cxtensional plate boundaries is normal faulting
(Fig. 1-27), but strike-slip fauits that form a connection between different normal
fauits are also common. The dominant faulting in transform plate boundaries is
strike-slip faulting (Fig. 1-27}, but thrust faults and normal faults commoniy form
connections between different strike-slip faults. For example, the transform
boundary between the Arabian and African plates (Fig. 1-28) that extends north
from the Red Sea through the Dead Sea is a complex zone of deformation about
100 km wide, marked by abundant compressive folds, thrust faults, and normal
fauits, in addition to strike-slip faults (Fig. [-29). The dominant faulting along
compressive plate boundaries is thrust faulting (Fig. 1-27), with strike-shp faults
forming connections between different thrust favits. However, in addition some
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FIGURE 1-29 Slructures around the
Dead Sea transform zone between the
African and Arabian plales. Faults are
shown as heavier lines, foids as lighter
lines. {Simptified from Vroman, 1967.)

compressive plate boundaries have major zones of strike-slip faulting and normal
faulting that are altogether unexpected from the simple analogy between classes of
plate boundaries and ciasses of faults. In a nutshell, this more-complex behavior is
a result of the mechanical heterogeneily of orogenic belts and is illustrated in the
following pages with an introduction to a segment of the active Alpme-Himalayan
orogenic belt.

Active Plate Compression: Greece 10 India

The zone of active plate compression extending from Greece o India in Figure 1-
28 1s just one segment of the great Alpine-Himalayan orogenic bel{. which
stretches from the western Mediterranean to Indonesia with extensions into the
western Pacific and Central Asia. Within our scgment, it is a zone of plate
convergence between two formerly separated continental masses, Eurasia to the
north and several fragments of the Mesozoic continent Gondwanaland to the
south, including Africa, Arabia, and India (Fig. 1-28).

The Mesozoic ocean thal intervened between Eurasia and Gondwanaland is
commonly called Terhiys. The floor of the castern Mediterranean is apparently &
fast vestige of Tethys, where Africa has not yet collided with Greece and western
Turkey. This piece of ocean floor is subducting under the Aegean island arc along
the Hellenic Trench. Similarly, there may be a vestige of Tethyar oceanic crust in
the Gull of Oman, subducting under the Makran Coast of lran and Pakislan
{Figure 1.28), The Indian Ocean proper, the Guli of Aden. and the Red Sea are
new Cenozoic ocean basins that continue 1o grow as the rifted fragments of
Gondwanaland disperse.

The Tethyan ocean basin 15 now completely destroved in the Arabian and
Indian sectors of the orogenic belt as a result of plate convergence. Deformed
fragments of the oceanic crust and mantle, called ophiolizes, are exposed in a
linear belt running through southeastern Turkey and the Zagros Mountains of Iran
in the Arabian scctor and through Baluchistan and northern Himalayan Mountains
in the Indian sector (Fig. 1-30). These ophiolite belts are called suture zones
because they mark the site at which the wwo sides of an ocean are closed up
between continental masses or between quasi-continental masses such as island
arcs or small {ragments of continental crust.

Deformed material south of the sulure zone iy sedimentary rock and
underlying basement of the former Tethyan margins of the Arabian and Indian
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Eurasian

Amhiaﬂ

FIGURE 1-30 Ophiolile belts and suture plate
zones of the Alpine-Himalayan mountain
belt between Yugosiavia and Burma, African
which mark the traces of closed ocean plate

basins that formerly exisied between the
Eurasian craton to the north and the
continent of Gondwanaland {o the souih.

(Simplified after Coleman, 1581.)
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continents. Figure 1-31 is a satclite image of part of the Zagros fold-and-thrust-
belt, which contains deformed sediments of the Tethvan margin of Arabia. To the
south is the Persian Gulf, which—together with the Tigris-Euphrates valley—
marks the foredeep at the edze of the Arabian craton. Another foredeep cxists at
the edge of the Indian craton adiacent to the Himalayan and Baluchisian fold-and-
thrust belt (I7ig. 1-28).

Other ophiolite belts exist to the north of the main Tethyan ophiolite belt
{FFig. 1-30}, which are suture zones marking the sites of other closed ocean basins.
in a broad secnse these are also parts of the Tethyvan ocean basin, but with
intervening fragments of continental lithosphere, The floors of the Black Sea and
soutthern Caspian Sca are apparently also occanic crust, enclaves of not-yet-
destroved oceanic lithosphere.

In surmmary, we have built up an image of the Alpine-Himalayan orogenic
belt as a 500-1500 km-wide compressive boundary zone between the FEurasian
plate on the north and the African, Arabian, and Indian plates 1o the south. This
boundary zone is composed of the deformed marging of the megacontinental
masses, suture zones of various formerly inlervening ocean basing, and some
microcontinental fragments. It is in this heterogeneous, broadly compressive
plate-boundary zone between crafenic masses that we observe a complicated
pattern of internal deformation, not just the thrust faults and associated folds that
mark the marging of the zone.

One of the most unexpected features of the orogenic belt 1s major zones of
strike-slip faulting running roughly paralle! to the margins of the orogenic belt and
to the thrust faults and folds. This pattern of fauiting indicates that large slivers of
rock within the orogenic belt are moving laterally away from the narrowest, most
constricted parts of the mountain belt in eastern Turkey and in the Pamirs of
northern Pakistan and northwest India (Fig. 1-28). Apparenty the Indian and
Arablan cratons are substantially stronger than the malerial making up the
orogenic beft and are acting as relatively rigid indenters. This causes shices of the
crust to move laterally from the points of indentation to regions in which the
lithosphere is less constrained, in the cccanic margins of the fold belt in the
castern Mediterrancan and along the Makran Coast of Iran and Pakistan. The
orogenic belt also appears 1o be relatively unconstrained along the Zagros fold belt
because of low friction caused by the large amount of mechanically weak salt
within the strafigraphic scction. Some of the salt flows (o the swlace as domal
intrusions (Fig. 1-313.

The concept that cratons act as nigid indentors that cause lateral extrusion of
crusial slices 1s illustrated in the laboratory experiment shown in plan view in
Figure 1-32. The slices of plasticine in the model have extyuded ioward the
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Chapter 1 introduction to Deformation of the Lithosphere

FGURE 1-31 Sateliite image of the Zagros fold-and-thrust bell in southeastern Iran, The black
area at the boltom is water of the Persian Gulf. The black spots on land are sall domes that have
pierced to the surface, The width of the image is about 175 km,

unconstrained free side of the apparatus, with slip between slices taken up along
strike-slip faults, This concept of rigid indentation alse helps understand the broad
expanse of Cenozoic and present-day continen{al deformation in eastern Asia
north and east of the Himalayas, in addition to the areas already discussed. Large
crustal blocks bounded by strike-slip faufts in China and Indochina appear to have
been extruded toward the cast and southeast in response to mdentation by the
Indian craton (Moelnar and Tappoennier, 1975; Tapponnier and others, 1982).

In the Aegean area the Alpinc orogenic belt lies below sea fevel as a result of
extensive normal fauliing. The Acgean Sca is a backarc basin of the Hellenic
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FIGURE 1-32 Plan view of laboratory
deformation experiment involving inden-
tation of plasticing by a rigid rectanguiar
indenter {5 ¢m wide). The plasticine.
composed of fight and dark layers, has
extruded toward the unconstrained side
of the apparatus with slip along strike-slip
fauits. (Experimental detaits and applica-
fions to tectonics are given by Pelizer
and others, 1982, and Tapponnier and
others, 1882, Photograph courtesy of G,

Pelizer.)

Trench. Extension on this scale within the mountain belt implies that the belt is
widening faster than the rate of plaie convergence.

To proceed much farther with an understanding of the deformation withis
complex orogenic belts, we need to know much more about the mechanical
properties of rocks and the deformational structures that exist. Therefore, in the
following chapters we proceed first o the geometric properties of deformational
structures and then to the basic material processes by which rocks deform and to
the origin of the specific classes of common structures, Finally, in the ! W
chapters, we return to deformation on the scale of orogenic belts.

EXERCISES

1~1 The Mediterranean Sea, now approximately 3 km deep, dried up in the Pliocene. In
the process of drying up, about I km of salt was deposited (p = 2200 kg/m?). Estimate
the depth of the sea bottom below worldwide sea level when it was dry. Also estimate
the depth prior to drying up.

12 An ocean basin 6 km deep lies adjacent 1o a continent and collects a ot of sediment
(p = 2600 kg/m?), What thickness of sediment is needed to fill the basin to sou zvei”
Note that 6 km is close 1o the maximum depth ol an ocean basin in a nonorogenic
environment.

1-3 Carbonate sediments are subsiantially more dense than silicate sediments (limestone,
p = 2700 kg/m®). What is the effect of (his difference in density on the thickness of
sediment that can be deposited?

1-4 The only other tervestrial planet that might be undergoing plate tectonies is Venus. L
this turns cut to be true, what would the topography due 1o thermal subsidence look
like compared with Earth? There are no oceans on Venus and the surface tempera-
ture is 740K, as opposed to 275K on Larth
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I3

S5 Derive Equation 1-9 for the initial subsidence in response to horizontal stretching of
' the lithosphere based on Figure 1-20 and the equations of differential isostasy. 1f the
crust is 35 km thick and the lithosphere is 125 km thick, what is the initial subsidence?

<0 How does isostasy affect the rate at which mountainous topography decays? Modify
the refationship between denudation rate and relief {Eq. 1-2) to include the effect of
local isostasy. Under these conditions, how much time is required to denude a
mountain belt from 1 km relief to 100 m relief using the two sets of denudation rates
piven in Figure [-37

=1 Which classes of transform faults (Fig, 1-26) maintain a constant length through time?
Which lengthen and which contract? What is the rate of change of length in relation to
the rate of slip?
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INTRODUCTION

It is not a trivial 1ask to observe the large-scale structure of the earth’s crust. The
fundamental problem is that rocks are opague. For example, we can directly
observe the fold in Figure 2-1 only at the eroded ground surface; the part of the
foid that ts underground must be inferred by extrapolation and interpolation of
surface observations, such as the orientations of beds and the map distribution of
rock units. Our knowledge of map-scale structure in three dimensions is substan-
tially limited by the difficulty of making accurate predictions of subsurface
structure based on surface geologic data,

Occasionally, if there is enough economic or scientific incentive, the surface
data may be augmented by drilling, excavation, and by geophysical measurements
such as reflection seismology, gravity, magnetics, and clectrical resistivity. Each
of these methods is expensive and time-consuming, and each has its own
difficulties in interpretation (for example, Tucker and Yorston, 1973). Reflection
seismic profiling in little-deformed regions has been the most successful. The fact
remains however, that most knowledge of large-scale structures comes from rock
exposures at the ground surface.

It is our purpose in this chapter to introduce the more straightforward and
powerful methods of inferring the three-dimensional geometry of structures from
earth-surface geologic data. These data and methods form the basis for much of
what we know about the structure of continental crust. In addition to discussing
these methods, it will be convenient to introduce the principal descriptive
terminotogy of folds and faults, which are the principal map-scale structures.
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BIENTATION OF LINES AND PLANES

hy attempt to infer the three-dimensional geometry of a structure requires
fowledpe of the orientation of the geologic planes or surfaces that compose the

sl 2-1 Aerial photogragh of mag-scale anticline in south central Wyoming.
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structure—for example, stratigraphic contacts, beds, faults, schistosity, veins,
and joints. Once we know the orientation of layers, we may be able to determine
their position at depth by extrapolation or interpolation. The orientation of these
planes may be specified in several ways. Three ways that are particularly useful to
structural geology are () strike and dip, (2) dip direction, and {(3) pole to plane.:

The strike of a plane is the orientation of its line of intersection with any
horizontal plane (see Fig. 2-2). The strike direction can be measured in the field
with a geologic compass because the level bubble defines a horizontal plane. If the
axis of a level compass is placed paraliel to a strike line, then the angle between
the strike line and north can be measured; this angle is the azimuth of the strike
line (see Fig. 2-2). Azimuths are measured clockwise from north and range
between 0° and 359°,

The dip of a plane is the acute angle between the plane and any horizontal
plane (Fig. 2-2). Dips range between 0° and 90°. By definition, the angle between
two planes is measured in a plane normal 1o the line of intersection of the planes;
therefore, the dip angle is measured in a plane normal, or perpendicular, to the
strike line. The dip can be measured in outcrops with an inclinometer on a
geologic compass. Note that for a given strike, there are two possible planes with
the same angle of dip; for example, a plane with a strike of 128° could have a dip of
48° to the southwest (48°SW) or 48° to the northeast (48°NE). The particular case
must be specified. A typical strike-and-dip measurement would be specified, for
example, as 128°, 48°SW. Alternatively, the measurement can be written N 52°W,
48°SW; that is, 52° west of north is the same as an azimuth of 128°,

The measurement of strikes and dips of surfaces need not be confined to
outcrops. If the orientation of a bed or other geologic surface is constant on a map
scale, as is the case in parts of Figure 2-1, the strike and dip may be calculated by
standard trigonometric means or determined graphically if we know the elevation
of the bed at three points that do not lie in a line, which is the well-known rhree:
point problem outlined in Box 2-1. The elevation of a layer may be read from a
geologic map at points where the contact intersects the contour lines of the topo!
graphic base. If the laycr is visible from the air, its elevation at several points may b¢
measured using a pair of vertical acrial photographs viewed stereoscopically.

As an alternative to strike and dip, the orientation of a surface can be defined
by its dip direction, which is the orientation of a downward-directed line lying iy
the surface and perpendicular to the strike (Fig. 2-2). Dip direction may be
specified with two numbers: the azimuth of its horizontal projection and the angle
of dip. A typical dip direction is written 218°, 48°; thus it is somewhat mor¢
economically stated than the equivalent strike and dip (128°, 48°SW) because]
there is no ambiguity in direction of dip. Dip direction is inconvenient to measure
in the field using a Brunton compass, which is the standard geologic compass in
North America; however, dip direction can be measured directly in a single
operation using a Clar compass (see Fig. 2-2).

structural geology is by its pole. A pole is a line normal to a plane and is]
perpendicular to both the strike and the dip direction. The downward- directed]
pole is normally used in structural geology. The pole to a plane is rarely measured]
in the field, but is useful in manipulating data, as we shall sce later in this chapter.

In addition to dip directions and poles to planes, there are a variety of lineaf
entities whose orientations need to be specified in structural geology—for
example, gouge marks and scratches on fault surfaces, mineral lineations, fold
hinges, paleomagnetic vectors, drill holes, and sedimentary structures that recory
depositional-current directions. The orientations of lines in space are commonly
specified in one of two ways in structural geology: (1) bearing and plunge or (2
rake. Bearing and plunge are analogous to the two numbers used to specify dij
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BOX 2-1 The Three-Point Problem

If the elevation of a planar surface, such as a bedding surfuce, is known at three
points that do not lie along a straight line, then its strike and dip may be calculated or
_ determined graphically. In the figure of this box, the elevation of the top of a
| L formation is known in wells al A, B, and C. On the top of the formation, there is a
‘ point B’ at the same elevation as in welt B and lying along the line AC. The location of
| point B can be found by interpolation of elevations between A and ¢ because we are
assuming that the bed is a planar, uninlerrupted surface of constant strike and dip.
The line BB’ connects two points on the bed of the same elevation and is therefore a
strike line. The dip direction is perpendicular to the strike, The dip angle can be
measured by construcling a cross section perpendicular o BB'—for example,
through point A. Alternatively, the dip may be computed by triponpometry.

Cross section

""" gontaining
Map view dip direction
650 m

Well A

Cross section

St

1000 m 1 km

Azimuth  Well By
of strike 850 m

Sea level

0 1 km

direction (see Fig. 2-2}. Bearing is the azimuth of the horizontal projection of the
downward plunging line. Plunge is the acute angle between the line and any
horizontal plane, by definition measured in the vertical plane containing the line
and its horizontal projection (Fig. 2-3). Bearing and plunge can be measured
directly and simultaneously using the Clar compass, for which it is specifically
designed. Bearing and plunge also may be measured with a Brunton compass,
although it is less convenient and in some cases subject to larger errors. The axis
of the level Brunton compass is placed so that it appears parallel to the horizontal
projection of the line. The plunge is measured with the inclinometer.

If a fine lies within a plane~for example, a scratch mark on a fault surface—
its orientation may be specified by its rake, as an alternative to its bearing and
plunge. The rake of a line is the acute angle between the downward-directed line
and the strike of the plane containing it (see Fig. 2-2)*. Note that for a given plane
there are two possible lines with the same angle of rake; for example, a plane
oriented 128°, 48°SW may contain iines with rakes of 36° to both the southeast
{36°SE) and the northwest (36°NW), The particular case must be specified.

A variety of symbols are used on geologic maps (o indicate the orientation of
geologic planes or lines measured in outcrop. Some of the more commonly used
symbols are shown in Figure 2-4. The strike of a plane is given by the orientation
of the long bar in the symbol and the direction of dip is shown by the short mark to

*The term pitch is synonymous with plenge in some contexts and with rake in other contexts;
the term is best avoided.
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PIGURE 2-3 Definifions of bearing and plunge of a line for example, a hinge line of a fold. The
plunge is the angle between the line and its horizontal projection, measured in a vertical plang.
Tha bearing of the tine is the orientation of its horizontal projection. Alsc illustrated is the fact that

fyllndricat folds have a shape that can be generated geometrically by sweeping a line, the axial
ganerator, through space parallel to itself,

the side of the bar. The bearing of a line and its sense of plunge are shown with an
mrow. The angle of dip or plunge is written next to the symbol,
We are now in a position to consider the geometry of folds.

THE CYLINDRICAL NATURE OF FOLDS

Miturally folded rock layers take on a wide variety of shapes, as is illustrated in
Chapter 9 on folding. Nevertheless, certain shapes are far more common than
others, and most shapes that we might envisage do not exist at all. For example,
folds of the sort you make by crumpling a sheet of paper in your fist do not exist in
the carth because there is no physical process analogous to the crumpling-in-the-
fist operative in the earth. Rocks were not cast in their present folded shape, but
were deformed from an initial state, commonly relatively planar horizontal layers.
The shapes that folds assume reflect the mechanics by which they were formed
and must be explained by any successful theory of folding (Chapter 9).
Naturally folded rock layers normally have a pronounced cylindrical sym-
ielry; the layers have been bent about a single axis or direction, called the Jold
atis. To the first approximation, the shape of a single folded surface can be
gEnerated by sweeping a straigh! line, called an axial generator, through space
frallel to itself (see Fig, 2-3}; each segment of the folded surface has this one line
i orientation in common. Such folds are called cylindrical folds. Few folds are

41



40

PART | INTRODUCTION

BOX 2-1 The Three-Point Problem

If the elevation of a planar surface, such as a bedding surface, is known at three
points that do not lie along a straight line, then its strike and dip may be calculated or
determined graphicaily. In the figure of this box, the elevation of the top of a
formation is known in wells at A, B, and C. On the top of the formation, there is a
point B’ at the same elevation as in well B and lving along the line AC. The location of
point B’ can be found by interpolation of elevations between A and C because we are
assuming that the bed is a planar, uninterrupted surface of constant strike and dip.
The line BB’ connects two points on the bed of the same clevation and is therefore a
strike line, The dip direction is perpendicular to the strike. The dip angle can be
measured by consiructing a cross section perpendicutar to BB'—for example,
through point A. Alternatively, the dip may be computed by trigonometry.
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direction (see Fig. 2-2). Bearing is the azimuth of the horizontal projection of the
downward plunging line. Plunge is the acute angle between the line and any
horizontal plane, by definition measured in the vertical plane containing the line
and its horizontal projection (Fig. 2-3). Bearing and plunge can be measured
directly and simultaneously using the Clar compass, for which it is specifically
designed. Bearing and plunge also may be measured with a Brunton compass,
aithough it is less convenient and in some cases subject to larger errors. The axis
of the level Brunton compass is placed so that it appears parallel to the horizontal
projection of the line. The plunge is measured with the inclinometer.

If a line lies within a plane—for example, a scratch mark on a fault surface—
its orfentation may be specified by its rake, as an alternative to its bearing and
plunge. The rake of a line is the acute angle between the downward-directed line
and the strike of the plane containing it (see Fig. 2-2)*. Note that for a given plane
there are two possible lines with the same angle of rake; for example, a plane
oriented 128°, 48°SW may contain lines with rakes of 36° 10 both the southeast
(36°SE) and the northwest (36°NW). The particular case must be specified.

A variety of symbols are used on geologic maps to indicate the orientation of
geologic planes or lines measured in outcrop. Some of the more commonly used
symbols are shown in Figure 2-4. The strike of a plane is given by the orientation
of the long bar in the symbol and the direction of dip is shown by the short mark to

*The term pitch is synonymous with plunge in some contexts and with rake in other contexts;
the term is best avoided.
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FHSURE 2-3 Definitions of bearing and plunge of a line for example, a hinge line of a fold. The
jisigo is the angle between the fine and its horizontal projection, measured in a vertical plane.
i hearing of the Bine is the orientation of its horizontal projection. Also iilustrated is the fact that
glindslcal folds have a shape that can be generated geometrically by sweeping a line, the axial
sEnerator, through space parallel to itsedf.

i side of the bar. The bearing of a line and its sense of plunge are shown with an
aivow. The angle of dip or plunge is written next to the symbol.
We are now in a position to consider the geometry of folds.

é'if’._li'[i CYLINDRICAL NATURE OF FOLDS

Halarally folded rock layers take on a wide variety of shapes, as is illustrated in
ihapter 9 on folding. Nevertheless, certain shapes are far more common than
shers, and most shapes that we might envisage do not exist at all. For example,
fislds of the sort you make by crumpling a sheet of paper in your fist do not exist in
il earth because there is no physical process analogous to the crumpling-in-the-
fig) operative in the earth. Rocks were not cast in their present folded shape, but
¢ deformed from an initial state, commonly relatively planar horizontal layers.
{he shapes that folds assume reflect the mechanics by which they were formed
g must be explained by any successful theory of folding (Chapter 9).
Naturally folded rock layers normally have a pronounced cylindrical sym-

Cinetry; the layers have been bent about a single axis or direction, called the fold

¢. To the first approximation, the shape of a single folded surface can be
rated by sweeping a straight line, called an axiaf generator, through space
ilfel to itself (see Fig. 2-3); each segment of the folded surface has this one line
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precisely cylindrical; nevertheless, most folds are to the first approximation
cylindrical over most of their surface (Chapter 9). :

The orientation of the approximate axial generator, or fold axis, can be
determined statistically from measurements of bedding at differeat points around -
a fold, using methods introduced later in this chapter. Once determined, the
cylindrical axis is of great value in determining subsurface structure, especially if |
the fold is plunging, because it allows us geometrically to project a foided layer
down into the carth from its exposure at the surface. The degree to which such
subsurface predictions are correct depends only on the degree 1o which the
structures are cylindrical. For a truly cylindrical fold, all cross sections, or slices,
cut perpendicular to the fold axis are identical; in real cylindrical folds, parallel
slices are only approximately the same.

The most common way of representing the three-dimensional geometry of
structures is (o construct geologic cross sections. These sections are commonly
constructed on vertical planes; however, if the structures are strongly plunging, a
vertical cross section will present a distorted view of the structure with apparent
changes in stratigraphic thickness. in these cases it is more appropriate to
construct a section perpendicular to the cylindrical axis, which is called a profile
section. There is little difference belween a vertical section and a profile section if
the plunge is less than 30° to 35°. Either kind of section is constructed by
projecting each point on a structure exposed at the surface of the earth parallel to
the fold axis, into the plane of the section (Fig. 2-5). The construction of cross
sections is discussed more completely later in this chapter.

The fold axis is also very useful in viewing folds qualitatively. If a fold is
plunging into the earth, you may look at a map or an outcrop of the fold in the
direction of the plunging axis and sec a profile section directly. This method of
viewing geologic maps along the cylindrical axis is called the down-plunge, or
down-structure, method and allows you quickly to visualize the three-dimensional
geometry of a structure. For example, the schists and phyllites in the Kvarnbergs-
vattnet arca of northern Sweden shown in Figure 2-6 exhibit a regional north-
northeasterly piunge of about 20°. By looking at the map toward the northeast al
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the » W horizontal projection of the axis.
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ally if © . . .
layer © i angle of 20° to the page, we see the structure approximately as it would appear
such -~ nprofile. We can check our ability at viewing maps down structure by looking at

h the o he cross sections (Fig. 2-7). The down-structure method of viewing maps is not
7 festricted to folded rocks, but can be fruitfully applied to a variety of structures
{Muckin, 1950),

The layers in many folds are bent about sharp hinges where the layers are
most strongly curved. The locus of maximum curvature along a folded surface is
called the hinge line (Fig. 2-3). Local maxima may exist and they may even
bilurcate. Therefore, many hinge lines generally exist along a single surface (for
example, see Fig. 9-13). The hinge line of a fold is generally parallel or
ipproximately paralle] to the fold axis; indeed, the term fold axis is sometimes
uged loosely as a synonym of hinge line. Thus the axis of a small fold may be
lsiermined by directly measuring the orientation of its hinge line as an alternative
155 calculating the fold axis from bedding orientations.

There are two other important methods of determining the cylindrical axis of
adold: (1) the study of associated smaller-scale folds; (2) the study of associated
gleavage, or schistosity. These two methods make use of phenomena that are also
{mportant to understanding the mechanics of folding and will be explored more

fully in Chapters 9 and 10; we merely introduce them below,
As a region deforms, folds often develop simultaneously on a variety of
. siéules. The wavelength of each fold is proportional to the thickness of the layer
. being buckled; microscopic layers are folded on a microscopic scale, layers on the
izale of beds are folded on an outcrop-scale, and mechanical layering on the scale
il whole formations gives rise to map-scale folds (for example, see Fig. 9-22), A
hierarchy of fold sizes is associated with a hierarchy in scales of interlayering of
sliffer and softer materials. What is important to our study of the geometry of folds
i the present chapter is that all scales of folds that are produced in a single
leformation of initially parallel layers commonly have the same axis; thus the axis
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precisely cylindrical; nevertheless, most folds are o the first approximation
cylindrical over most of their surface (Chapter 9).

The orientation of the approximate axial generator, or fold axis, can b
determined statistically from measurements of bedding at different points aroun
a fold, using methods introduced later in this chapter. Once determined, th
cylindrical axis is of great value in determining subsurface structure, especially i
the fold is plunging, because it allows us geometrically to project a folded laye
down into the earth from its exposure at the surface. The degree to which suc
subsurface predictions are correct depends only on the degree 1o which th
structures are cylindrical. Fora truly cylindrical fold, all cross sections, or slices
cut perpendicular to the fold axis are identical; in real cylindrical folds, parall
slices are only approximately the same.

The most common way of representing the three-dimensional geometry
structures is to construct geologic cross sections. These sections are commaon
constructed on vertical planes; however, if the structures are strongly plunging,
vertical cross section will present a distorted view of the structure with appare
changes in stratigraphic thickness. In these cases it is more appropriate
construct a section perpendicular to the cylindrical axis, which is called a profi
section. There is little difference between a vertical section and a profile section
the plunge is less than 30° to 35°. Either kind of section is constructed by
projecting each point on a structure exposed at the surface of the earth parallel
the fold axis, into the plane of the section (Fig. 2-5). The construction of cro
sections is discussed more completely later in this chapter.

The fold axis is also very useful in viewing folds qualitatively. If a fold
plunging into the carth, you may look at a map or an outcrop of the fold in ¢
direction of the plunging axis and sec 2 profile section directly. This method
viewing geologic maps along the cylindrical axis is called the down-plunge,
down-stricture, method and allows you quickly to visualize the three-dimensio
geometry of a structure. For example, the schists and phyllites in the Kvarnber
vattnet area of northern Sweden shown in Figure 2-6 exhibit a regional not
northeasterly plunge of about 20°. By looking at the map toward the northeas
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FIGURE 2-5 Two types of cross sections constructed by projection along the cylindrical fold
ixls, for example, point a on the geologic map projects along the axis to point a' on the profile
@pidion and to point & on the vertical cross section. The profife section is constructed
fedpendicular to the cylindrical axis, whereas the vertical section is constructed perpendicular to
tha horizontal projection of the axis.

an angle of 20° to the page, we see the structure approximately as it would appear
i profile. We can check our ability at viewing maps down structure by looking at
the cross sections (Fig. 2-7). The down-structure method of viewing maps is not
iestricted to folded rocks, but can be fruitfully applied to a variety of structures
{Mackin, 1950).

The layers in many folds are bent about sharp hinges where the layers are
most strongly curved. The locus of maximum curvature along a folded surface is
ialled the hinge line (Fig. 2-3). Local maxima may exist and they may even
hilurcate. Therefore, many hinge lines generally exist along a single surface (for
pxample, see Fig. 9-13). The hinge line of a fold is generally parallel or
approximately parallel to the fold axis; indeed, the term fold axis is sometimes
iised Joosely as a synonym of hinge line. Thus the axis of a small fold may be
determined by directly measuring the orientation of its hinge line as an alternative
10 calculating the fold axis from bedding orientations,

There are two other important methods of determining the cylindrical axis of
i fold: (1) the study of associated smaller-scale folds; (2) the study of associated
ileavage, or schistosity. These two methods make use of phenomena that are also
bnportant to understanding the mechanics of folding and will be explored more
fully in Chapters 9 and 10; we merely introduce them below,

As a region deforms, folds often develop simultaneously on a variety of
seales, The wavelength of each fold is proportional to the thickness of the layer

- lwing buckled; microscopic layers are folded on a microscopic scale, layers on the

sale of beds are folded on an outcrop-scale, and mechanical layering on the scale
of whole formations gives rise to map-scale folds (for example, see Fig. 9-22). A

“hierarchy of fold sizes is associated with a hierarchy in scales of interfayering of

stifler and softer materials. What is important to our study of the geometry of folds

" il the present chapter is that all scales of folds that are produced in a single

deformation of initially parallel layers commonly have the same axis; thus the axis
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FIGURE 2-6 Geologic map of schists and phyliites of the Kvarnbergsvattnet area in the
Caledonian mountain bell of northern Sweden, The fold axes and lineations exhibit a regional
north-northeasterly plunge of about 20°; therefore, by viewing the map down structure in aj
northeasterly direction at about 20° {o the page. we can see the structure approximately as if
would appear in profile section. The cross sections are shown in Figure 2-7. (Simplified fromj
Sjdstrand, 1978.) '

of a map-scale fold may be determined by measuring the orientations of hinge
fines of outcrop-scale or even microscopic folds.

In addition to the buckling of rock layers during compression in the earth
layers commonly flow as extremely viscous or plastic substances. This flow may
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FIGURE 27 Geologic cross sections of the Kvambergsvattnet area of Sweden (Fig. 2-6). The
apcions are stacked 1o give an approximate profile section. Noncylindrical aspects of the
giyclure cause the mismatch between sections BB’ and CC'. (Simpiified from Sjdstrand, 1978.)

inke place before or during initial buckling or during later amplification of the
fokds. This flow will be discussed in a number of contexts later in this book; what
is important to our discussioh of the cylindrical nature of folds is that the flow
commonly produces a pervasive planar structure to the rock—for example, slaty
¢letvage, which is the pervasive parting plane in commercial slate, The photo-
graph in Figure 2-8 shows cleavage cutting across the bedding in folded mudstone
thal is now slate. Cleavage and folding formed during the same deformation share
fhe same cylindrical axis,

Cleavage commonly fans about a fold (for example, Figs. 9-1 and 10-12} and
the axis of fanning or dispersion of the cleavage is observed (o be parallel 10 the
fold axis. Cleavage is generally perpendicular to bedding along the hinge line of a
fold; furthermore, the intersection of cleavage and bedding is parallel to the hinge
line and the fold axis. As the cleavage plane passes through successive layers of
the Told, it passes through each successive hinge line on each folded surface.
{Jleavage of this orientation is called axial-plane cleavage because the plane
¢onfaining each successive hinge line in a stack of folded layers is called the hinge
sitrface, or axial plane. On the flanks of a fold, cleavage intersects bedding at an
scute angle, but the cleavage-bedding intersection is still parallel to the fold axis.
Thus the axis of a fold may be determined by measuring the cleavage-bedding
intersection in oulcrop.

Therefore, we have four distinct geometric entities that allow us 1o deter-
mine the cylindrical axis of a fold from outcrop observations: (1) the line common
{o all bedding orientations about a fold (the fold axis), (2) hinge lines of folds at all
scales, (3) cleavage-bedding intersections, and (4) axes of fanning or dispersion of
tleavage.

The simplest and most straightforward methods of determining the cylindri-
ol axis of a map-scale fold make use of spherical projections of the appropriate
putcrop observations. These methods will be presented as soon as we outline the
basic properties of spherical projections.

Spherical Projections

The geometric problems routinely encountered in structural geology may be
- divided into two classes: (1) those that involve orientations of lines or planes, and
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(2) those that involve positions in space as well as orientations of lines or planes
{for example, the three-point problem, Box 2-1). These problems can be solved by
more than one method; the most common are: (1) numerical, using trigponometric
identities, (2) graphical, by construction of scaled cross sections and other
projections of the sort used in engineering drawing, and (3) graphical, using
spherical projections. Here we emphasize spherical projections because they are
convenient and efficient for solving many commonly encountered problems or
parts of problems that involve only orientations of lines and planes. Furthermore,
spherical projections are widely used to summarize data on orientations in
published papers on structural geology, paleomagnetism, seismology, and crystal-
lography, We use spherical projections because flat pieces of paper are more
casily carried about and reproduced than spheres.

A spherical projection is a projection of points from the surface of a sphere
onto a plane. For example, consider a sphere resting on a horizontal plane at point
I'(Fig. 2-9). We may project points from the sphere onto the plane, called the
image plane, using the highest point of the sphere N as a point of projection, Thus
i point P on the sphere may be mapped onto the image plane as point ' (Fig. 2-9).
A map produced in this fashion is called a stereographic projection. If we extend
the plane to infinity, we may map the entire surface of the sphere, with the
exception of the point N, onto the entire plane. The stereographic projection is

Stereographic
equal-angle
projection

Ltambert's
equal-area
projection

_u——1image plane

FIGURE 2-9 Geometry of the two common types of spherical projections, the
stereographic (equal-angle) and the Lambert (equal-area) projections. In both
projections the sphere rests on the image plane at point 7. Points P, @, and A
project into peinds £, Q', and A’ on the image plane and line L maps onfo L',
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sometimes called equal-angle, or conformal, because it reproduces the angles
between lines on the sphere without distortion. As a consequence of this property,
circles on the surface of the sphere map onto the image plane as circles, although
the centers of the circles on the sphere are not the centers of the circles on the
projection. This property is useful in some applications.

Another type of spherical projection, more extensively used in structural
geology, is Lambert's equal-areq projection (Fig. 2-9). 1t is constructed by
rotation of each point on the surface of the sphere into a tangent image plane,
about the point of tangency T and in the planc normal to the image plane. For
example, Point R in Figure 2-9 maps into the image plane as point R'. Lambert’s
projection has the property that cqual areas on the surface of the sphere map onto
the image plane as cqual arcas. The stereographic projection is not an equal-area
projection; Lambert’s projection is not an equal-angle projection. The cases in
which one or the other projection is more useful will be presented later.

The orientations of lines and planes, such as fold axes, hinge lines, and
bedding planes, may be graphically represented on a sphere if we ignore their
positions in geographic space and act as if all lines and planes pass through the
center of a sphere. We act as though we move the center of our sphere to each
point of structural measurement. The orientations of lines and planes then can be
represented by their intersections with the surface of the sphere. For example, a
plane passing through the center of a sphere intersects the sphere as a circle with
the diameter of the sphere itself; such a circle is called a great circle (Fig. 2-10).
There is a unique great circle for every orientation of a plane. As a second
example, a line passing through the center of a sphere intersects the surface of the
sphere as two points on opposite sides of a diameter; these are called poles (Fig. 2-
10). There is a unique pair of points for every orientation of a line. In addition, a
plane intersecting the sphere, but not the center, cuts the sphere in a small circle,
which has a diameter Jess than the diameter of the sphere. A small circle may also
be generated by the intersection of a sphere with a cone whose apex 15 at the
center of the sphere.

In order to locate the intersections of lines and planes on the surface of a
sphere and to measure the angles between them, it is convenient to have a grid, or
coordinate net, on the surface of the sphere. The net is commonly composed of a
family of great circles about a common axis or pole, called meridians, and a family
of small circles perpendicular to the meridian axis, called parallels (see Fig. 2-11).
The coordinate net may be projected onto the image plane of a spherical
projection with any orientation relative to the projection, aithough symmetrical
projections are almost always used. Figure 2-11 shows a polar stercographic

Center of
sphere

Intersection of
line as pole

FIGURE 2-10 A plane passing through the center of a sphere intersects the surface of the
sphere as a great circle, A line passing through the center of a sphere intersects the surface at
two points, called poles.
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FIGURE 2-11 Projection of a spherical
and coordinate net onto the image plane.
heir
the = projection. Polar nets are centered on the pole of the coordinate net and
ach | meridional nets are centered on a point on the equator. Figures 2-12 and 2-13 show
1be the polar and meridional stercographic and equal-area nets. Only half the sphere is
e, 2 | projected because that is all that is needed to plot the orientation of any line or
with plane.
10). The spherical coordinate net is used in practical problems much as you
ond would use a ruler or a piece of graph paper to locate positions in geographic space;
fthe & in this case we are locating positions in angular space. Normally, a piece of tracing
g, 2- paper is laid over the net and the actual work is done on the tracing paper. If we
i, a take the circumference of the ret to be the trace of a horizontal plane, as is usual,
rcle, and mark some point along it as geographic north, then the orientations of all
also horizontal lines plot as points along the circumference. Thus, the azimuth of any
the 2 strike line or the bearing of any plunging line can be measured off along the
- circumference. For example, a bearing of 72° is shown as B in Figure 2-14. Note
ofa that the other end of the bearing, or strike, line B’ hits the circumference at the
d, or opposite side of the net (72° + 180° = 252°),
‘ Of a The plunge of a line or the dip of a dip direction or a pole may be measured
mily & dijrectly from the net if we use a polar projection. This is because all great circles
-1D. ¢ shown on a polar net, except for the circumference, are the traces of vertical
"['!Cal z planes passing through the center of the sphere. Therefore, plunges and dips may
3“0?1 5 be measured directly down from the circumference along the appropriate great
phic §  circle. For example, in Figure 2-14 a line bearing 72° and plunging 45° is shown as
~ point C. As a second example, a bed with a dip direction of 227°, 43° is plotted at
point Q. The pole to bedding of this orientation is a line perpendicular to both the
dip direction and the strike and therefore plots as the point 90° to each of them
{point §). Thus we have used two different—but equivalent—methods of repre-
senting the orientation of a plane, dip direction, and pole to bedding.

A third method of representing the orientation of a plane is to plot its
intersection with the sphere—that is, as a great circle. For this we may no longer
conveniently use a polar net but should use a meridional net. The usual operation
is o rotate the tracing paper until the strike of the plane to be plotted is parallel to

- the axis of the underlying net; in this position the family of all planes with the

strike in question are displayed. The great circle corresponding to the desired

\ plane is then located by measuring the dip in a plane perpendicular to the strike or

E{ along any of the parallels of the net. For example, a plane oriented 65°, 20° SE is

of the shown in Figure 2-15. The pole to the plane, £, and the dip direction, @, are also
aceal | shown.

We are now able to represent the orientation of any line or any plane on a
spherical projection and are in a position to measure the angles between them and
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270°
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FIGURE 2-14 Representation of orlentaion al lifss fry i giclad sphisrtcnl projec
tion. Azimuths are measured clockwise fiom prisels A prlusas i e outside In.
For examnple, the center of the projection repragents & vl iy phanglng line.
Points  and S lie on the same vertical grofl ¢ i B0 apaEn.

to manipulate such data in a variety of uselv) wavs. IF weé wish to find the
orientation of the line of intersection of two pline Cexanmpile, the intersection
of cleavage and bedding, to determine the eyhindrical axii of a fold—we simply
plot the two planes as great circles, and theii point ol fitersection represents their
line of intersection, the cylindrical axis. oy examplie, i Figore 210 a bedding
plane oriented 162°, 46°SW and a cleavage plane opentad 1027, 80"SW have a line
of intersection P, oriented 272°, 45°.

The angle between the two planes niay bt niss s [ {wo ways. The most
general way is to plot the poles to the two planeés wnd thisi votite the meridional
net until both poles lie along the same proit vl . grenl-circle distance
between the two poles is the angle between the 1w | hii the case above the
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Tracing
paper

Fole 10 Dip
plane direction

FIGURE 2-~15 Represemtatiocn of the
strike and dip of a plane as a great circle.
In practice, the great circle is commonty
plotted on a sheet of tracing paper that is

laid over a meridional net and rotated
Stereographic untit the sirike direction is parailel to the
net axis of the net.

angle is 62° (Fig. 2-16). The second method may be used only with an equal-angle
stereographic projection; on this projection the angle between the two planes may
be measured directly with a protractor at their point of intersection {point P in Fig.
2-16). .

In analogous fashion, a number of other geometrically distinct classes of
problems of practical importance to structural geology may be solved using
spherical projections; these classes are illustrated by the exercises at the end of
this chapter and contain brief suggestions for their solutions. Almost all problems
can be solved equally well using either the stereographic or equal-area projec-
tions. The stereographic projection can be more useful in problems requiring

N

Poleta

cieavage

Pole 1o
bedding
270°
FIGURE 2-16 The orientation of the line
of intersection P between two planes is
easily determined by plotting the two
planes as great circles. The angle be-
tween the two planes is the great-circle
distance between the poles 1o the
planes. 1t is also the angle between the
tangents to the two planes at their point
of infersection P, but only on an equal-
180° angle stereographic projection.

Cieavage
{120°, 80" sw)

Bedding
1627, 46° SW)
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rolation of lines about an axis—for example, in phife tectonics, because they
involve small circles, which are not distorted in stercographic projections (see
Exercises 2-9 and 2-10). Lambert’s projection, beeause of ils equal-arca property,
takes on major importance in the statistical determination of the axis of symmetry
of folds.

Statistical Measurement of Fold Axes

One of the mos! widespread uses of spherical projections in structural geology is
in determining the mean orientation of fold nxes in a region and in presenting a
visual representation of the dispersion of the axes ibout that mean. Ina previous
section we saw that four types of data may be 1sed to determine the orientation of
fold axes: (1) bedding orientations, (2) cleavage orientitions, (3) hinge lines of
small folds, and (4) cleavage-bedding intersections. With our knowledge of the
spherical projections, we may now represent these ditda x poles or as great
circles.

The axis of a cylindrical fold is the Jine in comman 1o all bedding orientations
around the fold. Therefore, if we plot two wmauiaments of bedding as great
circles on a spherical projection, their point of infeisection will be the fold axis
(sometimes labeled B). This estimate of the fold axdn iy pol be very accurate
because of human errors in measurement, nnturat srrginlarity of the bedding
surface, undetected slumping of outcrops, und nncilindeval aspects of the
folding. A better estimate of the mean fold axix cin be made with  larger number
of bedding measurements. If cach measurement is plutlad on v lower-hemisphere
spherical projection as a great circle, then each cirele will have one B intersection
with every other circle (Fig. 2-17). A plot of bdiding or clesvage as great circles is
therefore called a B diagram. The number of inlerseshiony incivases greatly with
the number of bedding measurements, n:

i = )

Number of infersectiony = -1

Fach of these intersections is an estimmte of 1he oiientation of the fold axis,
although each estimate is not independent of the il H ihe datn were perfect
and the folds were preciscly cylindrical, ail this e ¢ #% wonild intersect at a
single point, the fold axis (Fig. 2-17). With actual disti the 1ol axis is chosen to be
in the center of the greatest concentradion of inlersetioig {Fig. 2-17), ignoring
spurious intersections.

An alternative method of determining the fold axix fis
measurements is to represent the orientitions is puil
representation of bedding or cleavage orientilions s |
the Greek letter « signifying pole. If the dutn werg will
were perfectly cylindrical, all poles would plat along a s
fold axis being the pole to the great circle (Uig, 217, With
estimate of the fold axis is chosen 1o be thi poli 1o Hie b
Figure 2-17 shows the equivalent « and [§ diagran ;

Just as the axis of dispersion of bedding i
axis of dispersion of cleavage, if the cleavage Tiried difi the filding
axis may be determined by plotting the ¢l iy as a wor B
diagram; however, the accuracy of the fold-nis i b sipnificantly less
than the accuracy of the determination bascd vn lisdiding mesinements because
| ilicantly greater

3

s i nmber of bedding
 ti bedding., Such a
ig cinllisd o w diagram,

Fiins and the folds
@l circle with the
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Perfectly cylindrical ' Approximately cyiindrical
# diagram 3 diagram

= Fold axis

Perfectly cylindrical Approximately cylindrical
o diagram w diagram
N N

o # = Fold axis o = Fold axis (pole)

10 great circle)

Poles 1o
bedding

Poles 1o
hedding

Best-fitting
great circle

Great circie
90" 1o 3

FIGURE 2-17 3 and = diagrams for determining the fold axes, shown for a perfectly cylindrical
fold and for an approximalely cylindrical fold,

of using cleavage to determine the fold axis is to determine the cleavage-bedding
intersection either from direct measurements of the intersection in outcrop or
from measurements of cleavage-bedding pairs.

Linear data on fold-axis orientation, principally cleavage-bedding intersec-
tions and hinge lines of outcrop-scale folds, may also be plotted on spherical
projections. The best estimate of the fold axis is then taken as the center of the
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greatest concentration of data. All the data from a single arca, including the fold
axis determined from bedding measurements, cleavape-hedding intersections, and
hinge lines, may be summarized on a single diagram, called a synoptic (view
together) diagram.

The choice of the best fold axis to usc for the purpose of projecting geology
to depth (for example, Fig. 2-5) is usually nusde by inspection of the data plotied
on a spherical projection—for example, in o, 1, or synoptic diagram (Fig. 2-18).
More precise statistical methods are available for estinmting the mean orientation
of linear-orientation data and are used especially in the sfudy of paleomagnetism.
Formal statistical methods of locating the mean ovicntalion of & sct of data assume
isotropic dispersion about the mean. This assumpticn is sdeqguate for regions of
cylindrical folding, but for more complex regions af refolded or noncylindrical
folding, the statistical methods arc inappropriaie. In these more-complex cases it
is usual to perform most analysis by inspection of the dafa in a contoured form.

It is common to present orientation dita on spherieal projections i a
contoured form for ease in locating the concentrations of data, particularly in
polydeformed regions, and also as a convenient pruphical display. The contours
signify the number of times the data are more concetrated than a random
orientation of the data (Fig. 2-18). Suppose, as an wilikely example, that we have
100 measurements of randomly oriented bedding, then vne pole to bedding should
on the average appear in each | percent of the wien ol iy equal-arca spherical
projection. If the bedding were not randomly oriented, then sipnificant regions
would exist with less than onc or more than oig pole o bedding. A region
containing two or more poles per I-percent aren would b gnclosed within a so-
called two-times random contour,

Several methods of contouring by hand exist, and othery are designed for
computer use (for example, Robinson wud athers, 1961), The hund methods
generally make use of a circular counter with i ares thind i | percent of the area
of the equal-area net (see Turner and Weiss, {965, A i couiter is moved, the
number of poles within any l-percent arci of thi it Gat by connted, The counter
may be moved over a grid pattern with counts ninde af cich point on the grid. The
counts may then be contoured as numbers of Timens paiidinm voncen{ration,

Contoured Larsizations anl
B diagram By lines

N il

FIGURE 2-18 Coincidence of cylindricat nxis dulsiningd sy fiwsial nsthods in the Otage
Schists of New Zealand: « diagram of poles to buddiig sisd I, 4 dlisgrom with contours
in percent, and lineation and hinge lines of minos fokdis. iz hiem Robingon, Robinson,
and Garland, 1963.) '
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CONSTRUCTION OF RETRODEFORMABLE
CROSS SECTIONS

Most attempts to infer the complete shape of a map-scale structure involve the
construction of cross sections—for example, Figure 2-7. These scctions are
generally vertical and oriented perpendicular to the regional strike, and are calied
transverse sections. A reasonably complete, three-dimensional understanding of
the shape of a structure can be obtained by drawing a series of closely spaced
transverse sections and perhaps additional sections parallel to the regional strike,
which are called longitudinal, or strike, sections. Cross sections can sometimes be
useful in other orientations, as well.

There are three principal facts that we may use in the construction of cross
sections of layered rocks: (1) the orientation of bedding, cleavage, and fold axes at
specific places, (2) the distribution and thickness of stratigraphic units, and (3) the
originally undeformed nature of the rocks. The fact that the rocks were originally
undeformed may seem trivial to mention, but it is actually an important key to the
solution of many structural problems. It must be geometrically possible to
undeform any valid cross section to an earlier less deformed or undeformed state;
the cross section must be refrodeformable. Retrodeformable cross sections are
commonly called balanced sections in the petroleum industry (Dahlstrom, 1969);
an example is given in Figure 2-19. Interpretation A is a cross section of a faulted
anticline. If we attempt to slip the fault back to an original unslipped state with the
beds matching across the fault, we find that it is geometrically impossible.
Therefore, the cross section is not retrodeformable and is apparently an impossi-
ble solution to the available geologic data. Interpretation A may be easily modified
to a retrodeformable solution that satisfies the basic data (for example, interpreta-
tion B), which is therefore a possible solution. We have seen from this exampte
that the fact of originally undeformed rocks can be imporfant in removing some
structural solutions from further consideration. Many cross sections are found on
close examination to be not retrodeformable.

There are four principal aspects to the construction of cross sections: (1)
assembly of the basic data, (2) extrapolation and interpolation, (3) termination of
the structure, and (4) check for retrodeformability. For example, the top cross

Weil Wi Wli

s S60 {ovE]

Interpretation A - not retrodeformable Interpretation B — retrodeformabie

FIGURE 2-19 Examples of retrodeformable ang nonretrodeformable solutions to the struclure
of a faulted anticfine, western Taiwan.
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section of Figure 2-20 shows the basic structural and stratigraphic data assembled
onto a topographic profile. This information is extended into unknown regions in
interpretation A of Figure 2-20 by extrapolation and interpolation. Structures
eventually terminate or are substantially modificd from their near-surface shape in
a way that may not be delerminable by dircet extrapolation; therefore, we must
decide where to stop extrapolating. Most cross sections arc {erminated at the
limits of the region of immediate interest or at some arbitrary depth, such as sea
level, The cross scctions in Figure 2-19, for example, are terminated on the flanks
of the anticline that is being explored for petroleum and near the maximum depth
accessible to drilling. These are examples of incomplete cross sections, which
terminate before the siructure terminates (see also interpretation A, Fig. 2-20). An
incomplete cross section is, in general, less enlightening than a complete cross
section, which includes the entire structure, becausc a consideration of how a
structure may terminate can lead to cross-sectional shapes that might not be
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FIGURE 2-20 Construction of a cross section across parl of the westenn Taiwan fold-and-thrust
belt. The top section gives the basic data, the middle section gives a simpte exlrapolation of the
data to 5 km below sea level, and the bottom section glves a more-complete interpretation,
which is discussed in the text.
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expected from extrapolation and interpolation alone. A complete cross section
can give insight into the fundamental nature and origin of the structure.

Interpretation A of Figure 2-20 is an extrapolation of the basic data to ill in
the area of the cross section to a depth of 5 km below sea level, just below the
bottom of well 1. If we extend the depth of the cross section to include more of the
structure and if we think more about the origin of the structure, we can make a
more enlightening interpretation—for example, interpretation B.

How was this second interpretation constructed? First, fault A was consid-
ered to be a minor fault, not worth extrapolating in interpretation A because of its
minor apparent displacement. However, the anticline on which well 1 sits does
not exist below fault A, so the fault might somehow be important to the existence
of the anticline. In interpretation B the fold is produced as the result of a bend in
fault A, just below the crest of the anticline (a fault-bend fold: see Chapter 9).
Second, fault B runs parallel to bedding in its upper plate, but crosscuts bedding in
its lower plate. Therefore, where the fault intersects the base of the black layer in
the lower plate, it must flatten and run parallel to bedding, as is shown in
interpretation B. A fault that runs along a weak stratigraphic horizon is sometimes
called a décollement, from the French unglue, which has the same root as collage.
Itis known that many thrust faults in a region will step up toward the surface from
a single décollement; therefore, we try the idea that fault A may also run along the
black décollement, as is shown in interpretation B, This idea is successful because
it predicts the observed near-surface steepening of fault B caused by bending of
the upper sheet of fault A. In this example of Figure 2-20, we see thal some
consideration of the possible origin of structures and some expansion of the scope
of the cross section leads to a more complete and enlightening solution. However,
to do this in interpretation B required more geological experience and knowledge
of how structures form than the simple extrapolation of interpretation A. More
experienced geologists can make belter cross sections,

We can (est interpretation B of Figure 2-20 further by graphically retrode-
forming it, as is done in Figure 2-21. Here we sec two features that may cause us
to reevaluate the details of interpretation B. First, fault A is seen to have a fairly
large slip, about 3 km. Therefore, we can check interpretation B further by
extending the cross section to the left to see if there is any structure consistent
with the predicted 3 km of slip. Second, fault B is still observed to steepen near
the surface, even after retrodeformation; therefore, the steepening is not solely
the result of stepping up of fault A from the décollement, as was originally
suggested. We will not further explore the details of this cross section: these
examples are sufficient to show that quantitative graphical retrodeformation of a
cross section allows both further verification of the internal consistency of the
structural interpretation and insight into the less-obvious structural details. In the
case of Figure 2-21, it also gives a quantitative estimate of the minimum slip on the
faults and the amount of material eroded.
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Both interpretations A and B of Figure 2-20 appear to be consistent with the
data. Any complete, retrodeformable cross section may be considered a possible
cross section. In general, we can draw more than one possible cross section that
will satisfy the available information. However, the fact that multiple possible
cross sections can be constructed should not be viewed with alarm or pessimism
because with reasonable amounts of dafa there are generally only a limited
number of fundamentally different solutions that are complete and retrodeforma-
ble. Furthermore, multiple cross sections arc sometimes drawn to help in
determining the need for additional drilling and geophysical exploration and for
evaluating the economic risk of further investment. Multiple cross sections also
can help us identify the basic scientific issues to be investigated.

Assembly of Data on a Cross Section

The construction of a geologic cross section is begun with the sclection of a line of
section through the region of most complete data and least minor complications.
Sections are generally constructed approximately perpendicular to the regional
fold axis so that folds will be seen in symmetrical profite section and the layers will
appear in their true thicknesses. For convenience of construction, sections are
usually vertical. However, if the {old axis is strongly plunging, an inclined profile
section perpendicular to the fold axis may be required. Sections drawn at an
irrational, nonsymmetric direction to the cylindrical axis generally give little help
in understanding the three-dimensional shape of a structure.

An accurate topographic profile is constructed showing the clevation at each
point along the line of the section (Fig. 2-20). Normatly, the vertical and horizontal
scales are equal because unequal scales produce distortions in the apparent shape
of the structure, which usually appear as vertical stretching. Vertically exaggerat-
ed scales are occasionally effective in areas of very gentle structure, with dips of a
few to 10 degrees, enabling slight undulations of the layers to be illustrated. With
steep dips or large vertical exaggeration, unsatisfactory distortion is produced;
beds do not appear at their true dips, apparent thicknesses become a function of
dip, and moderately dipping beds and faults appcar to be ncarly vertical.
Vertically exaggerated cross sections of complex structures are difficult to
construct accurately and they give a distorted, generally confusing picture of the
structure,

Once a topographic profile is constructed (Fig. 2-20), the basic geologic data
may be plotted along it: principally, measurcments of strike and dip and
intersections of stratigraphic contacts and faults with the line of section. Nearby
measurements of strike and dip, off the line of section, may be projected into the
section along the strike line at the elevation of the measurement. In mountainous
regions some measurements may appear up in the air or down in ground on the
cross section because of projection from adjacent peaks or valleys. If the strike is
not perpendicular to the section, the apparent dip plotted on the section will be
less than the true dip. The apparent dip may be determined using a spherical
projection (Exercise 2-3) or a graph (Fig. 2-22). The apparent-dip correction is
small if the angle ¢ between the section and the dip direction is less than about 3¢°
(Fig. 2-22).

If the section is approximately parallel to the strike, il may be better to
project data up or down the dip direction rather than along the strike. Strike-and-
dip measurements are often plotted as a short line Lo indicate the apparent dip,
with a small circle or dot where the measurement projects into the section (for
example, Fig. 2-20). The plotting of data directly on the section helps preserve a
distinction between observation and interpretation in the completed cross section.
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¢ = Angle between strike direction and line of section
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FIGURE 2-22 Change in apparent dig, &', in a vertical cross section as a function of its angle
with the strike and dip directions (¢ and 0; 5 = tan~" (tan & sir ) = tan™" (tan & cos 0).

Extrapolation and Interpolation:
Busk and Kink Methods

We may now extend our cross section into unknown regions by extrapelation and
interpolation. Note that there is little distinction between extending a cross
section up into the air or down into the ground; the buried rocks are as
inaccessible as the eroded ones unless there is enough economic incentive fo
explore the subsurface regions. The part of a cross section extended up into the air
is no more speculative than the part underground.

It is best to concentrate at first on extrapolation and interpolation of beds
and stratigraphic contacts rather than faults, Much Jess is generally known about
the orientations of faults; indeed, many faults are not observed in the field at all
because fault zones are easily eroded. The existence of unexposed faults is
inferred from discordences in the structure and stratigraphy.

& = Apparent dip

61




62 PART | INTRODUCTICN

»

Extrapolation and interpolation is most successiul when each successive
layer takes on a shape that is closely conformable to the adjacent layers; that is,
the structure is harmonic (for cxample, Fig. 923, 1f the nearby layers assume
guite different shapes—ithat is, the structure is disharmonic (for example, Fig. 9-
18)—only the more general aspects of the structure may be extrapolated into
unknown regions. Disharmonic structure commonly reflects some strong contrast
in mechanical properties between adjacent layers,

Any method of extrapolation or inlerpuolation requires that we make
assumptions. The variety of geologic situations is Jdiverse; therclore, no universal-
ly applicable methods exist. The Busk and kink methods are two methods that
may be used in layered rocks that have not flowed cxtensively—{or example,
many unmetamorphosed sediments. Both methods assume that the layers are of
constant thickness. With some modification of the methods, certain cases of
nonconstant fayer thickness may also be treated,

The well-known Busk method (Busk, 1929) assumes that Jolds are parallel
and concentric. Parallel folds have constant layer thickness measured perpendic-
ular to bedding. Concentric folds arc composcd of pic-shaped segments of circular
arcs or shells (Fig. 2-23). Each arc segment has a umigue cender of curvature. At
the boundary between two segments, the beds undergo an abrupt inflection along
an inflection line, which contains the centers of curvilure of the two abutting
segments (Fig. 2-23).

The Busk method is based on the important Fact that bedding measurements
in concentric folds are tangents to the circulur wres; therefore, if we draw lines
perpendicutar to the bedding measurcments, we may locate the centers of
curvature (see Fig. 2-23). Once the cenlers of curvidure are located, stratigraphic
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FIGURE 2-23 Extrapolation and interpolation of foldid structure wising the Busk method of
circular arcs. The Busk method commonly makes erronoous pradiehions because most folds are
not composed of segments of circular arcs; that Is, thay dre not consentrie,
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contacts may be easily extrapolated and interpolated using a drawing compass.
The Busk method gives excellent results in structures or parts of structures that
closely approximate a concentric geometry. Unfortunately, most folds are not
concentric, and the Busk method makes erroneous predictions in many cases, as
shown by such expensive methods as drilling.

The kink method, tess well known than the Busk method, also assumes that
the folds are parallel, but instead assumes they have straight limbs and sharp
angular hinges (kKink, or chevron, folds). The kink method is motivated by the fact
that detailed measurements show that many large folds in sedimentary rocks are
composed of a series of sharp bends. For example, in Figure 2-24 we see a series
of closely spaced bedding measurements along a line of section and down a bore
hole, made with a well-logging device called a dipmeter. Both the surface
measurements and the dipmeter survey show a relatively constant dip over a
considerable distance and then a relatively sudden change at a new constant dip.
We may easily extrapolate such angular folds using the kink method.

If bed thickness is constant (parallel fold), the axial surface bisects the angle
between the fold limbs—that is, v, = v, (Fig. 2-24). The angle y between the limb
and the axial surface is called the axial angle. 1If we have enough data to define
clearly the limb dips, we can determine the orientation of the axial surface with
considerable precision; the trace of the axial surface may then be easily located
with a protractor and all the layers extrapolated. Where two axial surfaces
intersect, a new axial surface is formed, also satisfying the equal-angle rule
yi = v; (Fig. 2-24).

FIGURE 2-24 Extrapclation and interpolation of foided structure by the kink method. Note that
the axial surface must bisect the angle between the two limbs of the fold such that Y1 = y2 ANd )
= 3 in order for layer thickness to be equal on both fimbs.
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FIGURE 2-25 Approximation of a
rounded fold crest by a series of sharp
kinks; Chinshui anticling, western Tai-
wan. (Simplified from Namson, 1981.)

PART I INTRODUCTION

The kink method has made good predictions in many cases tested by drilling.
It can even work well in folds that are composcd of smooth curves rather than
straight segments, given moderately complete dati, because any smooth curve
can be approximated by a scries of straight-line s

anents (Fig. 2-25). After

constructing the approximate shape by the kink mothod, the bed shape may be
smoothed by hand if desired. The kink method predicts the same shape as the
Busk method for truly concentric folds beciuse the axinl siTaces of the kink
method intersect at the center of curvature, just as the Hed normals doin the Busk
method. Therefore, the Busk method has no fundamentid advantage over the kink
method even in the one case to which it is truly apphivable, The kink method is
also useful because it is relatively casy to retrodefonm i structure composed of
straight-bed segments.

The kink method may also be applicd to Folds exhibviting sudden, but fixed,
change in layer thickness across the hinge Uor example, Vg, 9-10). Some {olds
exhibiting slaty cleavage display this property. In s case either the orientation
of the axial surface or the ratio of bed thicknusses must be known in addition to
the limb dips. The two axial angles, v, and vy, are given by

siny Ny 22)
Si Yy T

where T, and T, are the thicknesses of sithe fayers on the two limbs.
Structures that involve substantial heteropeneous flow-Jor example, many
folds in metamorphic rocks (Chapter 9}--ciinnut peneiilly be extrapolated with
such simple methods as the Busk or kink micthody, Mevertheless, these structures
generally have a well-developed cylindrical uxis, which is i linsis for satisfactory
extrapolation, especially if the fold axes plungic. Any ahserved point along a
distorted layer may be extrapolated intoa profile siction by projection parallel to
the fold axis, as alrcady discussed under the heading ' Cylindrical Nature of
Folds" (see Fig. 2-5). A great varicty of special il hods of extrapolation and
interpolation may be adapted, as appropriate, 1o specific stroctural situations,




Chapter 2 The Geometry of Map-Scale Structures

Methods of Retrodeformation

If a structure is the result of deformation, it must be geometrically possible to
retrodeform it to an earlier shape. Retrodeformation is, of course, possible only
geometrically; rocks generally are incapable of mechanical retrodeformation.
Therefore, if a cross section is not retrodeformable, either the rocks were
originally cast in their present shape or the section is an impossible solution to the
available data and is incorrect.

Direct graphical retrodeformation of cross sections, involving unfolding
folds, unslipping fauits, removing intrusions, and undistorting the rock, is not
commonly attempted. Complete retrodeformation is particularly difficult in com-
plexly distorted rocks, especially many metamorphic rocks, for which the
distortion varies from point to point in the rock and must be measured in some
way. This distortion is a special topic to be discussed in Chapter 3.

Structures that formed with only relatively simple or little internal distortion
can be directly retrodeformed much more easily. For example, cross sections of
parallel folds, constructed with the kink method, can be easily retrodeformed
because the fold is composed of straight-line segments rather then curves (for
example, Fig. 2-24), We must stress, however, that any retrodeformation requires
cither knowledge or assumptions about the initial undeformed shape of the rocks
{see also Chapter 3).

Perhaps the most fundamental assumption we might make about retrodefor-
mation is conservation of mass; the mass of the rock is conserved during the
deformation. Even this assumption is invalid in some cases, through volume
change caused by loss of pore water and dissolution (Chapter 10); however, in
many cases mass as well as volume (conservation of volume) are approximately
conserved during tectonic deformation because most compaction takes place
during the first kilometer of initial burial. Volume is three-dimensional, which
makes application of conservation of volume awkward in evaluating structural
solutions, but not impossible. Fortunately, many problems need be considered
only in cross section. For example, in the common case of cylindrical folds, the
assumption of conservation of volume may be reduced to conservation of area, if
there is little stretching or compression paralle! to the fold axis. If the folds are
parallel {constant bed thickness measured normal to bedding), the assumption is
further reduced to conservation of bed length. With such assumptions, where
appropriate, we are now in a position to make some practical test of retrodeforma-
tion.

To make use of conservation of bed length in checking structural interpreta-
tions, we must establish reference lines on either side of the cross section; these
were presumably paralle]l before deformation. The reference lines are shown as
nails in the schematic drawings at the top of Figure 2-26. After deformation, the
bed lengths between the reference lines should all be equal, If the bed lengths are
not equal, then the cross section is wrong, or at least one reference line has been
deformed. In the bottom cross section of Figure 2-26, there is a bedding-plane
fault (décollement) in the gypsum layer (Muschelkalk); therefore, the bed lengths
change abruptly across this décollement. Reference lines do not generally exist
naturally in the rock. They must be chosen, preferably in areas of no interbed
slip—for example, horizontal beds, flat synclines, or possibly flat-topped anti-
clines (Fig. 2-26).

The constraints of conservation of area and conservation of bed length may
be applied together. Consider a structure such as Figure 2-26 that involves folding
. above a décollement horizon. If bed length is conserved, we may measure the
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shortening to be the difference between the straight-line distance belween two
points on a bed [ and the curved distance measired along the bed L (Fig. 2-26),
shortening measured in this way is called cnrvimetrie shortening! $e = .= 1
Curvimetric shortening may be determined in cross section with a map-measuring
device. In Figure 2-26 the curvimetric shortening is the simne {or cvery bed above

the décollement.
Every point along a deformed bed in Figure 216 stands at or above the

original elevation of the bed; the arca between the original i present clevation
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of a bed is called the area of structural relief, A, for that bed. The area of
structural relief may be measured with a planimeter or by counting squares on
graph paper. If we have conservation of area and bed length, then the curvimetric
shortening, 5., and the arca of structural relief, A,,, are related as follows:

A, = 5. h (2-3)

where /i is the undeformed depth of the décollement below the bed. This equation
makes no additional assumptions about the details of the deformation above the
décollement except that the shortening is the same in all layers. This assumption is
known to be valid in many cases (Laubscher, 1965). This equation has several
practical upplications. If the area A, and the shortening s, are known, the depth of
an unknown décollement may be estimated (Fig. 2-26). If the depth /s and the area
Age are known, we may estimate a shortening s, by

A,
S = == (2-4)
h

which we call the planimetric shortening, s,. If both the curvimetric and
planimetric shortening are independently known, they may be compared as a test
of retrodeformability, as iflustrated with an example from the Jura Mountains of
Switzerland.

Figure 2-27(a) is a transverse cross section of a cylindrical fold in the Jura
Mountains with at least part of the stratigraphic section displaying paraliel folding.
The area of the structural relicfis 1.55 km? and the depth of the décollement is 0.6
km; therefore, the planimetric shortening is 1.55 km? = 0.6 km = 2.6 km. In
contrast, the curvimetric shortening from bed length measurements is 0.95 km.
Therefore, the cross section in 2-27(a) is not retrodeformabie; it apparently has
too much area of the lower stratigraphic unit, An alternative cross section, Figure
2-27(b}, satisfies the same geologic data and has concordant planimetric and
curvimetric shortening of about 2.0 km. This second solution, involving the
stepping up of a major thrust fault, is therefore retrodeformable {sec Laubscher,
1965, for other examples).

0 1km
S

(a) {b)

FIGURE 2-27 Two structural interpretations of the Bourrignon anticline in the Jura
Mountains. Cross section a is internaily inconsistent, whereas cross section & is
consistent, as discussed in the text. (After Laubscher, 1985.)
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Retrodeformation of Fauits

Imagine a fault before it even exists, before it has undergone any displacement,
The geologic structures, including all bedding, intrusive contacts, folds, and older
faults, pass continuously through the nonexistent fault surface. Every point along
the fault is in contact with an immediately adjacent point on the opposite wall of
the fault. After the fault has slipped, each pair of points is separated by the amount
and direction of the fault slip. The line in the plane of the fault connecting a pair of
points is called the net slip for that pair of points.

The net slip is not easy to determine. Each measured net slip requires that
we locate, in three dimensions, two points in the rock on opposite sides of the
fault that were together before the fault existed. In practical cases we must
identify a geologic line—for example, the intersection of a specific identifiable bed
with the dike in Figure 2-28—to locate two points that were originally connected
prior to fault slip. The geologic line pierces the fault prior to slip, thereby defining
the two points, which are therefore called piercing points (Fig., 2-28). Other
geologic lines that may be used to define the net slip include hingelines of
precxisting folds on an identifiable bed, angular unconformitics overlapping
identifiable geologic contacts, and changes in rock type along a layer of specific
age (facies change)—for example, a shorcline-beach facics of specific age. In
practical problems, the geologic lincs should intersect the fault at a relatively high
angle in order to measure the net slip accurately. If the geologic line, such as a
shoreline facies, weaves back and forth across the fault, it may be uncertain how
many picrcing points there arc and which points actually match.

The net slip lies within the plane of the {ault. Therefore, we might expect
that net slip generally cannot be observed and measured in cross section because
the cross section may not contain any matching piercing points. The offset of a
geologic contact along a fault, as viewed in cross section or map view, is only an
apparent offset and is not in general the net slip. This is because a geologic contact
is a surface in three dimensions and its intersection with a fault is a line before slip
and two offset lines after slip (Fig. 2-28). Each linc is called a cutoff line, or simply
the cutoff. If a fault is not vertical, the lower fault block is called the footwall, and

I

Footwall cutoff of bed

Piercing point of line—""

Net slip—

Geologic line —
intersection of
dike and bed

FIGURE 2-28 The net slip on a fault is the line joining two points on opposite walls of the fault
that were originally connected. In practice, net slip is determined by determining the points on
opposite walls of a fault where a geclogically defined line pierces the fault—far example, the
intersection of a dike and a bed.
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the upper fault block is called the hanging wall; in mining, the footwall is the side
of the fault you stand on. Thercfore, the cutoff line of a formation on the hanging
wall is called the hanging-wall cutoff: on the footwall it is the Jootwall cutoff (Fig.
2-28). We do not know which points along the hanging wall and footwall cutoffs
originally were joined. Only if we independently know or are willing to assume the
direction of slip along the fault are we able to determine the net slip from offset
cutoff lines of geologic contacts.

Itis only in cross sections drawn parallel to the slip vector that the apparent
offset of a geologic contact is equal to the net slip. Fortunately, many faults have
slip vectors parallel or nearly parallel to the dip direction. These are called dip-slip
faults and include normat and thrust faults. The hanging wall slips downdip
relative to the footwall in normal faults; the hanging wall rides updip over the
footwall in thrust fawlts. If a cross section is drawn perpendicular to the strike of a
normal or thrust fault, then the slip vectors probably lie approximately within the
plane of the cross section; therefore, the apparent offset of the hanging wall and
footwall cutoffs is a good estimate of the net slip. In making such estimates we
should realize that we are in effect assuming slip direction unless we have direct
evidence of dip-slip motion.

Steeply dipping faults with horizontal slip are called strike-slip faults; they,
together with normal and thrust faults, compose the three principal categories of
simple faults (Chapter 7). Two fundamental geometric classes of strike-slip faults
exist based on the sense of slip: right lateral and left lateral. Slip is right lateral if
an observer standing on one side of the fault observes the opposite side moving to
the right. Conversely, if the opposite side moves to the left, the slip is left lateral,
Strike-slip faults are the only common class of simple faults that do not display the
net-slip vectors as apparent offsets in standard vertical cross sections drawn
perpendicular to strike of the fault. Estimates of net slip on strike-slip faults are
best made with a pair of vertical cross sections drawn parallel to the fault surface
on each side. The details of the geology can then be matched.

The most obvious and common mistake of nonretrodeformable cross
sections involves faults that cannot be slipped back to an undeformed state (for
example, Fig. 2-19). Checking fault slip for retrodeformability is reasonably
straightforward in sections that contain the net-slip vector, but it is commonly
difficult in other, arbitrary sections. For this reason it is very helpful to draw cross
sections through thrust and normal faulis perpendicular to the fault strike.

In many cases, specific piercing points cannot be determined from available
geologic data. For example, apparent offsets of contacts in map view may be all
that can be determined. Nevertheless, useful and enlightening estimates of fault

40 km
Denali
e

FIGURE 2-29 An example of estimation
of net slip without precise identification of
piercing points. The McKinley segment of
the Denali fault in Alaska is generally
hidden in broad, glacier-filled valleys.
Nevertheless, the cantacts between the
granodiorites of the McGonagall and For-
aker plutons and their sedimentary and
metamorphic country rock aflow estima-
tion of the horizontal component of the
net slip because equivalent contacts all
have apparent offsets of 40 = 2 km. The
two plutons have nearly identical miner-
alogy, chemistry, and Oligocena radio-
metric dates. (Modified after Reed and
Lanphere, Geol. Soc. Amer. Buil., v. 85,
p. 1883-1892, 1974.)
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- 400 m

FIGURE 2-30 Examgple of nonconstant
fault slip as a resull of displacement
being taken up by folding and subsidiary 9
faulting. Coal beds 4 through 9 show 7
over 200 m of shp, whereas bed 10 10 1\

shows aimost no slip. Suffolk fault, an-
thracite coat basin, Pennsylvania. {Modi-
fied from Danilchik, Rothrock, and Wag-
ner, 1955.)
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slip based on circumstantial evidence can be made in some cases. For example,
Figure 2-29 shows a segment of the Denali fault zone near Mt. McKinley in
Alaska, where the fault is generally hidden from dircct observation by broad,
glacier-filled valleys and low passes covered by surficial deposits. Nevertheless,
the contacts between two Oligocene granodiorite plutons and their sedimentary
and metamorphic country rock suggest they may be olfset fragments of an
originally single pluton. The circumstantial evidence is that the two plutons have
nearly identical mineralogy, chemistry, and radiometric dates and that their
contacts with the country rock have nearly identical apparent offset, about 40 km
right lateral. Therefore, the Denali fault, which is gencerally considered to be a
right-lateral strike-slip fault, probably has about 40 km of post-Oligocene, right-
fateral slip in this region, even though we have not located any picrcing points and
do not know the dips of the contacts.

Cross sections are sometimes constructed or cheeked with the assumption
of constant slip along a fault. This assumplion may be valid in certain specific
cases, but in general faults do not have constunt slip. As the net slip changes along
a fault surface, the changes in slip are taken up in bulk deformation of the fault
blocks or by transfer of slip to other faults or fokls, One important cause of
nonconstant fault slip is nenplanar faults: as the two blocks of & nonplanar fault
slip past one another, there must be distortion of at least one of the biocks because
rocks are notl sirong cnough 1o support major voids along faults. Another
important cause of nonconstant skip is folding ui the lip of propagating thrust
faults, which is called fault-propagation folding (Chapter 9), For example, Figure
2-30 is a cross section showing an abrapt chiange in slip along the Suffolk fault in
the Pennsylvania Appalachians because of fault-propagation folding.

Cross sections may be checked across strike, hased on the consistency of
fault slip from section to scction in a series of closely spaced transverse cross
sections. (Dahlstrom, 1969, Laubschey, [965).

STRUCTURE-CONTOUR MAPS
AND BLOCK DIAGRAMS

If a structure is especially complex in three dimensions or il precise visualization
of the structure is especially important for practical purposes, such as mining or
petroleum exploralion, cross sections alone miy be insaflicient (o portray the
important aspecis of the structure fully, In these specinl cases other visual means,
especially block diagrams and structure-contour maps are somelimes empioyed.

Block diagrams are simply three-dimensional cross sections portraying the
structure on the faces of the block (for example, g, 2-31). Block diagrams are
easily drawn if sccuom have ¢llIL,d{|y been cons %uu h dy the cross sections are
simply redraw spective or us Cpejections aricty of tynes of
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block diagrams exist. One particularly useful type portrays the shape of a single,
deformed surface in perspective.
Structure-contour maps are contour maps that represent the shape of a
structure by showing the elevation of every point on a deformed surface, generally
a bed, fault, or intrusive contact. Figure 7-32 is a structure-contour map of a salt
dome. Figure 1-8 is a regional structure contour map of the top of the Precambrian
basement in the North American craton. If extensive drilling data exist, structure-
cohtour maps can be casily constructed by directly contouring the measured
depths of the chosen bed. In most cases, however, closely spaced cross sections
are first constructed, the depths of the chosen bed arc measured on the cross
sections, and the data are transferred to map view and contoured. In petroleum
exploration and development, structure-contour maps are commonly made for
cach reservoir horizoh in a structure to estimate the position of the crest of the
structure and the possible volume of hydrocarbons. b

EXERCISES

2-1 Plot the following strikes or bearings as dots on a spherical projection: 162°, N35°W,
S80°E, N2°E, 273°. Plot the following bearings and plunges and dip directions using a
polar net: 162°, 30°; N35°W, 65°; S80°E, 4% N2, 85°; 273°, 122° (overlurned beds).

2-2  Plot the following dips and strikes as great circles, dip dircctions, and as poles using
a meridional net: N38°W, 43°N (older beds) and 163°, 60°F {unconformably
overlying beds). What is the bearing and plunge of the line of intersection of the
older beds with the unconformity and the angle between them? Assuming that the
angle between the beds did not change during tilting of the unconformity, what was
the dip direction and dip of the older beds when the younger beds were first
deposited? Solve by rotating the younger beds to horizontal about their strike line
and simultancously rotating the pole of the older beds about the same axis.

2-3 I a sequence of beds is oriented N25°E, 75°SIi (strike and dip), what will be their
apparent dip in a vertical cross section striking NS5°1? Solve this problem using a
spherical projection, representing the orientation of the bedding and the section both
as preat circles.

2-4  Consider a bed whose surface is not exposed, but the trace of bedding is exposed on
Joint faces. What is the orientation of the bed if its apparent dip is 26°SW on a
vertical joint face striking N44°E and its rake is 29°S15 on an adjacent joint face
oriented N56°W, 30°N?

2-5 Complete the unfinished cross section in Figure 2-32 using the kink method of
extrapolation.

2-6 Determine the strike and dip of the thrust fault shown in Figure 2-33 using the
methods of the three-point problem.

2-7  Groove casts are linear marks on the bottoms of beds {hat record the orientalion of
the current that formed the bottom mark. Groove casts are important in determining
current directions; however, if the beds are folded or tifted, the beds—together with
their groove casts—must be rotated to horizomal, usuatly using a spherical
projection, before the horizontal current direction may be determined. The strikes
and dips of bedding and associated rakes of groove casts ave as follows: N38°W, 90°;
T0°N; N29°W, 24°E; 70°N; N38°W, S8°I; 86°N; NIEW, 46°F; 88°N; N36°W, G6°E;
8855 N42°W, 66°W; 88°N; N44°W, d0°W; BS"N; N36“W, 78"1; 62°N; N25°W, 20°W;
T0°N; N46°W, 80°E; 90°; N4G°W, 82°W; 80°N; NJ4"W, H0*1i: 78°N. Find the fold axis
and the current direction for these folded sediments,

2~-8 In paleomagnetic studies of folded strata, it must be determined whether the rocks
were magnetized before or after folding. This question is commonty answered with a
Jold test, in which the magnetization vectors are rotated with the beds to horizontal:
it is observed whether the magnetization vectors are more tiphtly clustered in the
folded or unfolded state. For the following cipht sites in n folded terrain, dip
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FIGURE 2-33 Map of a thrust fault to be
used in Exercise 2-6. The contour inter-

val is 100 m.

29

2-1¢

divections and associated magnelization vectors are given: (331°, 05°; 14°, 16%),
(337°, 220 12°, 10°), (08°, 48°%; 54°, 43°); (89°, 687 180, 53°), (26°, 56°; 85°, 20°), (109°,
48°: 160°, 329, (136°, 32°; 174°, 20%), and {147, 07°: 357°, 01°). Is there any reason 10
believe thesc rocks were magnetized before folding? The present fatitude of these
rocks is 46°N: what is the apparent change in Jatitude since magnetization assuming
{13 postfolding magnetization and (2) magnetization when flat-lying? Note that the
refationship between the plunge £ of the magnetization veetor and the latitude 0 of
the rock during magnetization can be approximated by tan P = 2 tan 0, which holds
for a uniformiy magnetized sphere. 1T the apparent change in latitude is due to
continental drift, what is the minimum displacement in metric units? fs any other
motion suggested by the data?

If an unoriented core is recovered from a drill hole, the true orientation of the
layering is ambiguous, The set of all possible arientations of the normal to the
layering, for example. describes a cone about the axis of the drilt hole with a half
angle equal to the apparent dip of the layering in the core. This cone of possible
orientations may be represented on an equal-angie projection as a small circle. The
center of the circle on the sphere is the axis of the bore hole (axis of the conc) and
the angular radius of the small circle is the half-angle of the cone. Nevertheless, the
center of the small circle on the equal-angle projection is not the axis of the cone
because of distortion in the projection. A small circle of radius rabout a pole p is
constructed on an equal-angle projection as follows. Plat the pole p and measure off
a distance r to both sides of p along a single great circle passing through p. These two
measured points, ry and r, lie on the circumference of the small circle on opposite
sides of a diameter, on both the sphere and the projection. The center of the circle on
the sphere is p. The center of the circle on the projection is the midpoint of the
straight line connecting the two points r, and r2; once the center is focated, the small
circle is consiructed with a compass. This small circle represents the locus of all
directions of angular distance r from the pole p. Problem: Given three nonparallel
driil holes encountering the same unfolded layer, what constrainis can be placed on
the orientation of the layer if the bearings and plunges of the holes and apparent dips
of the fayer on the cores are as follows: (N46W, 45: 200, (NTOW, 20, 28), (S836W, 38;
49)?

The Philippite Sca plate is presently rotating relative 1o the Asian plate about the
pole 45°N, 150°E at a rate of 1.2°%/m.y. ina clockwise direction, if the pole is viewed
from above. Assuming the Asian plate is fixed and the pole and rate of rotation are
constant, what was the position of the island of Luzon (17°N, 122°E) on the
Phifippine Sca piate 20 m.y. ago? Use the methods of Excrcise 2-9. What would be
the present paleomagnetic pele of a rock on Luzen magnetized 20 m.y. ago {sce
Exercise 2-8)7 Note thal angles between lines on the surface of a sphere are
preserved on an equal-angle projection.
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STRAIN
AND STRESS

INTRODUCTION

We need to fortify ourselves with a basic understanding of the deformation of
solids before we proceed much further with questions of why and how rocks flow,
buckle, fracture, and slide past one another in the great deformed belts of the
earth. Mechanical principles will also help us understand why cratons and ocean
basins experience so little deformation. Let’s step back and consider three basic
questions of the deformation of solids, which are the subject of Chapters 3, 4, and 5.

First, what do we really mean by deformation? How do we know a rock is
deformed and how do we describe this deformation? These are essentially
guestions in geometry.

Consider an object such as the Olenellus trilobite in Figure 3-1, which has
been deformed with the rock containing it. We know the original shape of
Olenellus because it has been found in undeformed rocks. If we abstractly call the
original form of an object ¥ and its final form &', then we might write ¥’ =E¥,
where E is something that describes the change in-size and shape. If we could
multiply the original shape & by E, we would get the final shape &' as the answer.

The trilobite has quitc a complex shape, but the rock itself may have
undergone a rather simple and uniform deformation—it has been shortened in the
{ direction and elongated in the 2 direction in Figure 3-1. But suppose the trilobite
had originally been oriented parallel to the | direction; in this case, it would now
be short and wide. If it originally had been perpendicular to the 1 direction, it
would now be long and narrow, In cach case the overall deformation of the rock is
the same, even though the new shape of the fossil is different. The trilobite is
important in this context only because we know its original shape. It allows us to
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tions are shown.

determine E, which is what we really want to know. No matter what the object, E
is the same.

The relationship E between the initial and final size and shape of a solid is
what is meant by strain, a major concern of this chapter. Strain plays a ¢central role
in answering what deformation is and how we measure it.

The second concern of the chapter is stress; it plays a central role in
answering our second question: What makes a solid deform?

Something has forced the atoms of our trilobite (o slip past one another untij
they arrived at their present relative positions. Since the deformation is perma-
nent, it required breaking and re-forming many bonds. Whether or not a bond
breaks depends upon the intensity and orientation of the forces acting on it. We
would like to know these interatomic forces, but it would be impractical to
consider individually, for instance, all 10** bonds in a cubic centimeter of rock.
Some average measure of the interatomic forces is needed, and for this we shall
use stress,

Stress, o, is the force exerted by all the atoms of one side of any arbitrary
plane within a body on the atoms immediately on the other side, divided by the
area of the plane, Stress is proportional to the average force on a bond because
area is proportional to the number of bonds. We shall see later that stress has a
number of special properties that are not immediately apparent here.

If strain describes the change in size and shape of a solid in response {o
forces and if stress is a measure of the intensity and orientation of these forces,
what actually goes on physically—microscopically and submicroscopically—to
produce the strain? That is, what are the deformation mechanisms? This is our
third question, pursued in Chapter 4 (devoted to mechanisms of distributed
deformation} and Chapter 5 (devoted to fracture).

Specific deformation mechanisms include brittle fracture of mineral grains,
_elastic deformation, slip along atomic planes within crystals or along grain

FIGURE 3-1 A deformed Olenefius trilo-
bite from Lancaster Valley, Pennsyivania
Appalachians. Principal-stretch  direc-
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boundaries, rigid rotation of grains, and diffusion of material from regions of high
stress to regions of low stress. Several mechanisms generally operate simulta-
feously, and they may be dependent or independent of one another. For example,
the sliding of one grain past another in a rock may depend on the mechanism of
deformation at the end of the sliding surface. If two simultancous mechanisms are
independent, the deformation is controlled by the fastest; il the mechanisms are
interdependent, the deformation is controlled by the stowest. Chahges in factors
such as temperature, pressure, chemical environment, or rate of deformation
regult in changes in the dominant deformation mechanism. We can often establish
which mechanisms have operated during the deformation of a rock by ¢xamina-
tion under an optical or electron microscope.

We would like to establish relationships between the deformation of rocks
and the stresses responsible. To do this we need stress-strain relationships, also
known as rheological models or constitutive relationships, that are valid for the
particular materials, Thesc relationships are equations that define the mechanical
behavior of an idcalized material and may be empirical or theoretical in origin.
They describe the net effect of all the deformation mechanisms. A well-known
exaniple is viscous behavior for which stress is proportional to strain rate (¢ = mé,
where o is stress; « is the constant of proportionality, that is, the viscosity; and ¢
is the strain rate, the dot signifying rate). Another cxample is clastic behavior, for
which stress is ploportional to strain (o = Ee, where E is the constant of
propoitionality, Young's modulus). More-complicated mathematical refationships
between stress and strain can of course be written and do approximate the more
complex behavior of many rocks.

We are mainly concerned with stress-strain relationships because they allow
us to make mathematical or physical models of the deformation of rocks. For
example, we can compare the geometry or strain of a model fold with the
geometry of real folds and see if the deformation mechanisms of the real fold are
consistent with the model! stress-strain relations, Qur use of stress-strain relations
is different from that in rock and soil mechanics, which are enginecring disci-
plines. The engineering problem is to predict the deformation in response to a load
that will be applied; often the goal is to prevent failure of a structure. In contrast,
our problem is to take deformed rocks post-mortem and to learn how and why

they got that way.

it should be noted that stresses act instantaneously; a deformed rock is the
result of a whole history of stresses of changing magnitude and orientation. Strain,
in contrast, is the sequential summation of all the instantancous deformations due
to the instantaneous stresses. For this reason there is, in principle, not enough
information contained within the strain of a deformed rock to reconstruct the
gritire history of stresses that produced the deformation.

GENERALITIES

Physical properties of materials and fields, such as electric fields, exist apatt from
any reference frame or coordinate system with which we may wish to consider
them. In fact, a coordinate system is just a fancy ruler and direction finder. We
shall use a Cartesian coordinate system with axes labeled 1, 2, and 3 (Figure 3-2).
For special problems that have intrinsic symmetries, other systems to [ocate
positions could be useful—for example, cylindrical, polar, or curvilinear orthogo-
nal. Regardiess of the system or its orientation, three numbers are needed to
locate each point in space; for us these are the coordinates X, X,, and X5. Rather
than write out all three coordinates, we shall generally write X, or sometimes X;,
to signify the location of a point, implying that the subscripts i or j take on all three
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X3 X=X Xg0 Xq)

FIGURE 3-2 Location of the position of
a point X, by its coordinates X, Xz and
X3 in a Cartesian coordinate system.

values 1, 2, and 3; that is, X; means (X, X, X3). The position of any point X; may
be thought of as a vector, or arrow, reaching from the origin of the coordinate
system (X; = 0, X> = 0, X3 = 0) to the point in question (Fig. 3-2).

There is a specific value of any physical property or field at each point in
space, Depending on the nature of the phenomenon, one or more numbers are
required to define the property at each point. For example, only a single number is
needed to define temperature or density at each point in space, whereas three
numbers are needed to define heat flow or gravitational field because they have a
direction. Six independent numbers are required to define strain, thermal or
electrical conductivity, and stress. Some physical properties, such as elasticity,
may require as many as 21 independent numbers to be completely defined.

Single-number properties (scalars) might be visualized as a dot of specific
darkness {magnitude) at each point in space. A photographic negative is, for
example, a scalar field of opacity that represents a scalar field of light intensity.
Three-number properties (vectors) can be thought of as arrows of specific lengths
and orientations at each point in space; a map of ocean currents is an example of a
vector field of velocity, A six-riumber property (tensor) can be visualized as an
ellipsoid of specific size, shape, and orientation at each point in space. A map of a
strain ficld may be represented by ellipsoids (see Fig. 10-9). Twenty-one-number
properties also have peometric representations, but they aré quite involved, and-—
in contrast with three- and six-number properties—they will be of no particular
use to us here. Because stress and strain are six-number properties, they are
intrinsically somewhat complicated and cannot be oversimplified without losing
the power they have to offer in understanding the deformation of rocks.

A material property or field is homogeneous if it has the same value or set of
values at every location in a body. The material property is called isorropic if it is
independent of direction at each point.

STRAIN AND RIGID MOTION

We shall now introduce the geometry of deformation in a relatively precise
manner, for two principal reasons. First, we want to be able to think about it
clearly. Second, we may wish to measure the strain in rocks to help understand
how they were deformed.

Strain, in the most general sense, is a relationship between the size and
shape of a body before and after deformation. This relationship may be either
homogencous or inhomogeneous, as illustrated in Figure 3-3. Any precise
treatment of inhomogeneous strain is difficull mathematically, and in practical
problems it is usually approximated by a number of small homogeneous domains.
-We shall deal only with homogeneous strain directly.
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FIGURE 3-4 Deformation of a line from
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FIGURE 3-3 Homogeneous and inhomogeneous strain.

Many measures and definitions of strain have been developed for specific
problems, but all can be generalized to the definition given above. Here are a few
examples of commonly used measures of strain. Consider, in one dimension, a
line of length L that is stretched to length L’ (Fig. 3-4). One of the most important
measures of the stretching is the extension e = (L' — LYL. Another measure
important in structural geology is stretch, § = L'IL = (1 + e). Still another
measure useful in some problems is quadratic clongation, X, defined by
N = (L/L)? = (1 + €)% Yet another measure of the stretching is natural, or
logarithiic, strain, € = log(L'/L) = log1 + ¢). These examples emphasize that
several alternative measures of strain are possible; which to use is a question of
pragmatism.

Next let's consider, in two dimensions, a line of length L that is bent
sideways (see Fig. 3-4) with one end displaced a distance D relative to the other,
the final line being L'. The angle between the initial and final line is . A measure
of this sideways deflection is the angular, or engineering, shear strain,
v = DIL = tan 4, where s is the angular shear.

Finally, consider a body of volume V deformed to a new volume V'. A
measure of the change in volume is the dilation A = (V' — V)/V. Another measure
of the change in volume is the volume ratio V'/V, which is a volumetric analog of
stretch. In all these examples we see that strain provides a link between an initial
and a final state and that strain is a dimensionless quantity. Strain is sometimes
expressed in percent.

We now look at three-dimensional strain in quite a general way to learn the
relationship between strain and displacement. This requires some care and
attention to details: it is most easily accomplished using a mathematical notation,
introduced later, that aliows us to focus on the physical meaning of each equation
rather than the many algebraic details. This notation will also help when we
consider stress and stress-strain relations. Some readers, less accustomed to the
mathematics, may wish to skim the next few pages for a first reading and return
later for a more detailed inspection.

We need to distinguish four independent geometric processes that contribute
to the total displacement of any part of a material during deformation; they are
rigid-body translation, rigid-body rotation, distortion {change in shape), and

initial length and orientation, L, to a final

one, L'
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Rigid-body translation

Rigid-body rotation Distortion

(E

FIGURE 3-5 [Hustration of the fact that
displacement in a generai deformation is
the sum of four geometric processes:
rigid translation, rigid rotation, distortion,
and change in volume,

General deformation =
rigid-body translation + rotation
+ distortion + change in volume

change in volume (sce Fig. 3-5). The last two, which together compose the strain,
involve relative motions of adjacent atoms. In contrast, the first two involve only
rigid-body motion with respect to an external reference, Each of these geometric
processes is separable; for example, the homogeneous distortion recorded by the
fossil in Figure 3-1 tells us nothing about rigid translation or rotation, either during
deformation or since removal from the outcrop.

In the following paragraphs we shall separate displacement into its geomet-
ric parts and thereby obtain a relationship between displacement and strain. This
relationship is important because it allows us to calculate the change in shape of
an object due to any strain or allows us to measure the strain recorded by distorted
fossils or other objects of known initial shape.

First, we must be able to specify the shape of an object. Let us consider a
body atomistically as a continuous array of points. If we establish a coordinate
system, we may then represent the position of some arbitrary atom or material
point within the body by X|, X, and X3 {or X; for short, where i takes on the
values 1, 2, and 3); see Figure 3-2. The size and shape of any object, such as a
fossil, in the vicinity of this material point X; may be described by an appropriate
set of lines or vectors (dX,) emanating from the point X; and extending to specific
points on the object whose positions we wish to specify (see Fig. 3-6). The
brackets, ( ), are used to signify the entire set of lines or vectors; thus (dX,))
signifies all the points that we specify on an object. For the moment we need only
consider one member of the set, some point or vector dX; (with components dX|,
dXs, dX3)*, because all other members will have analogous behavior. Thus we
have greatly simplified the problem of describing the deformation of an object. We
need only learn how to describe the deformation of a line segment or vector dX, in
three dimensions.

The material point X; is displaced to a new position X7 (that is, X = X|, X34,
X3) as a result of any specific deformation, and the attached material line segment

*If ¥; = (¥, ¥y, ¥3) is the end point of the vector ¢X,, then the components of the vector may be
caleulated as (¥; ~ X, ¥o — Xy, ¥y — X3).
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FIGURE 3-7 The problem of describing
the deformation of an object can be re-
duced 1o the problem of describing the
displacement of a malerial reference
point, X, and the deformation of any line
segment, dX;, because the entire object
can be described as a set of analogous
line segments (dX,} {(see Fig. 3-6). 0
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FIGURE 3-6 The shape of an ¢bject i
may be specified as a set of vectors (dX)) |
l

X

radiating from an arbitrarily chosen mate-
riai reference point X, 0

-

i 1

or veelor dX; is both stretched and rotated to become a new vector, dX; (see Fig.
3.7). In analogous fashion, the entire set of vectors, (X}, will be stretched and
rotated to become a new set of vectors, (dX}), that describes the size, shape and
orientation of the original object, {X)), after it is deformed.

Let us now look at the displacement in more detail. The material point X;
undergoes a displacement (Uy); during deformation, which is just the final position
minus the initial position:

(Uok = X/ — X, (3-1
The displacement (Uy); of the point X; is common fo all the material Hnes or
vectors in the body (dX); thus it is called rigid-body translation, as is shown in
Figure 3-7,

We now consider how the displacement U; of the material point at the end of
any vector dX; differs from the displacement of the point X, The displacement of
the endpoint is just the rigid-body translation (Uy); plus an additional displacement
E;dX; that depends upon its position in the material (see Box 3-1 for a discussion
of the mathematical notation):

Ui = (Up) + EydX; (3-2)

The set of nine numbers Ej; describes all motion that is not rigid-body translation,
that is, all displacement that varies with position. For this rcason the terms of £
are called the displacement gradients.

2}

X34

Az
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BOX 3-1 Einstein Summation Convention and Matrix Notation

The notation we are using is a shorthand way of writing many equations with many
terms. [tis helpful because it allows us to focus more on the physical meaning of the
basic equation than on all the individual equations and terms. The notatjon should be
memorized because we shall use it from time to time. 1t is also common in the
literature of structural geology. Equation 3-2,

U= (Uali ¢ EdXy 0 j=1,2,3

represents the following three equations for the components of displacement U in the
1, 2, and 3 directions:

U| = (U(])| + E”d.'\"| 4 ]f|3(1'X1 + I’;‘“{l’/\f;
Uy = (U)o EadXy + L Xy + Lvd Xy

Us = (Up)s + EydX, + {2l X+ FaadXs

The tetter subscripts in Equation 3-2 take on all possible values (in this case, 1, 2, and
3, referring to the different coordinate directions). When a leteer subscript occurs
twice in the same term, stmmation with respect o that subscript is automatically
understood, For example, j is repeated twice in the term X which means
EndXy + EadXy 1+ EndXs for cach of the three equations (= 1, 2, 3); jis called a
dummy subscripr and has no meaning beyond indicating summuation. This is called
the Einstein summation convention, named for Albert Einstein. who intreduced it

As an example of the meaning of the individual teems, EydX s that part of the
disptacement in the 2 direction that depends on or varies with position in the §
direction. Thus U4, the displacement of a vector or point X; in the 2 direction, is the
rigid translation of the entire body in the 2 direction (Uw)s plus those parts of the
displacement in the 2 direction that vary with position in the 1, 2, und 3 directions:

Ug = ([/’U): + Ej;(l’z‘] + 1(1:33(4"1\/3 + !;~33(IIA/_]

IUis also sometimes useful Lo write such equations in matrix notation:

L {Uy) £y £ £y e
Uy J=1| Wy |+ £y Ly Fay dX,
Uy (Lads I3 £z I3 dX;

is equivalent o U; = (Uy); + EydX;.

Once again, aur netation is a shorthand way of wriling many equations and
variables, which allows us 10 focus on the physical meaning of the cquations. Actual
calculations with such equations are. of course, cumbersome and quite time-
consuming if done by hand. they are more easily done with a cafculator capable of
matrix multiplication and addition. If caleulutions are done Lor many sets of values—
for example, a large set of material points or vectors {dX p—they are best done with a
computer.

The displacement gradients Ej; will give the motion that is not rigid-body
translation of any point or vector «X; if multiplied by the components of the vector
(dX;, dX>, dX3) in the proper manner (see Box 3-1}. As a two-dimensional
example, ignoring rigid translation, suppose

[f“ = 2.0 I3|3 = {),5
= 1.5 Egg = }.5

E’)l -
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and suppose we wish to know the displacement of a point with coordinates
(dX, = 7.2 dX» = 4.8); then:

Ur = EodX U, }__[Eﬂdxl + EpdXs 1
R A I 7 EpdX) + EndXy .

[ (2.0(7.2) + (0.5)(4.8) ] B { 16.8 ]
T 57 + (1.5¢4.8) 18.0
The new position of the point would be

dXi } [ 7.2 + 16.8 -\ [ 24.0 }
g . i , = = =
dX; = dXi + Eygdd; dx; 4.8 + 18.0 _ 22.8

For any homogeneous deformation, each point will have a different displacement,
but the values of Ej will be identical everywhere. Thus Ej and (Uy); completely
describe the deformation.

At this point in the mathematical description of strain and its relation to
displacement, we have a great parting of the ways. If the displacements and
displacement gradients are sufficiently small, then considerabie simplification in
the mathematics is possible, leading to infinitesimal-strain theory. In infinitesimal
strain the final positions are very close to the initial positions, and the final

Stretch

—

Rotation

S

FIGURE 3-8 lllustration of the fact that the sequence in which finite stretches and rotations are
periormed affects the final result {also see Fig. 1-24).
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position is independent of the details of the actual path of displacement. This is the
strain theory commonly developed in engineering and physics. The simplifications
of infinitesimal strain are valid in the case of the purely elastic deformation of
rocks for which strains are generally less than 1 percent; however, they are not
valid for the deformations that accompany the large-scale flow of rocks, which
must be described by a more-complex finite-strain theory.

The reason for this mathematical distinction between very small and larger
strains may be simply illustrated. The displacement gradient Ey includes two
distinct geometric processes: strain, which is all the relative motion of material
particles, and rigid-body rotation, which is rigid motion relative to an external
frame of reference. Consider the square in Figure 3-8. If we first rotate it 45°
clockwise about its center and then stretch it horizontally, the result is different
from first stretching horizontally and then rotating. These deformations are
examples of finite deformation, and the sequence in which rotations and strains
are applied is obviously important. In contrast, if the rotation and strain are
infinitesimally small, the sequence in which they are applied is unimportant,

In infinitesimal-strain theory, the final position, (Uy); + dXi, of a material
point or vector is simply the sum of the initial position, X, the rigid translation,
(Ug)s, the displacement due to rigid rotation, wydX;, and the displacement due to
strain, €;dx; (the order of addition is unimportant):

LWl + dX]) = [dX; + (Uy); + wydX, + egdX,] (3-3)
where
wy = L ; ) (3-4)

is called the infinitesimal rigid-body rotation vecior and

- (Eij + Eﬁ)

i 5 (3-5)

is called the infinitesimal-strain tensor.* That w;; and €; indeed describe rigid-body
rotation and strain is proved by Nye (1957) and Malvern (1969}, for example; it

*In matrix form

G Epp - EEI Iy Iy,
2 2
Eay =~ Eyq Ea.\ - E.u
R e T
Ey - By Eyy £y 0
2 2
Note that wy; = —aw, (for exanple, Wiz ¥ —waa), S0 wy iy called aavisymmerric and has only three
independent components. 1t is a vector. In matrix form
5 Bt By Ep + By
I 2 2
£y + 8 . En + By
& = Eyn —_—
2 2
Ey + By By + By .
3 3 1133
L2 -

Note that €; = ¢; (for example, €3 = €32), S0 that ¢; is called symmerric and has six independent
components. It is a tensor. The displacement gradient Ey = wy + ¢;is sometimes called the rotational
strain because it includes rigid rotatior: as well as strain; it has nine independent compenents.
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also may be demonstrated numerically by multiplying any w;; or €; by some set of
vectors (dX) and sec that they rotate or strain,

When the displacement gradients £ are finite, the definition of the strain
tensor ¢; given in Equation 3-5 is no longer valid: a morc-complex finite-strain
definition involving extra terms and carclul attention to frames of reference is
necessary (sce Malvern, 1969). Furthermore, with finite deformations the dis-
placement gradicnts /£; can no longer be faclored simply into pure strain plus pure
rigid-body rotation (Egs. 3-3 to 3-5). Nevertheless, any finite deformation can still
be separated inlo a rigid-body transiation, a rigid-body rotation, and a stretch,
which is another measure of strain; the operations must be performed in a specific
sequence, as indicated below.,

Consider once again a set of small material lines or vectors X)) that
describe the shape of an object (Fig. 3-6). During any linitc deformation cach
material line dX; is, in general, simultancously stretched, rotated, and translated
to coincide with a new vector, X, The motion in detail may be complex:
nevertheless, the net deformation of the small material line X, can be treated as if
it were the effect of one of the following (wo sets of equivalent operalions done in
sequence:

I. astretch §; at point X,
2. arigid-body rotation about point X, (3-6a)
3. arigid-body translation to X},

or, alternatively:

1. a rigid-body translation to X},
2. arigid-boady rotation about point X7, {3-6b)
3. astretch S

Neither of the two scts of operations will in gencral describe the actual sequence
of intermediate steps in the deformation: they are simply two straightforward sets
of operations that produce equivalent net deformations. The question of actual
intermediate steps is considered later in this chapter in the section, * Deformation
Paths.””

Ignoring transkation, the (wo sets of operations thal describe the net
deformation may be written as the following equivalent equations:

dX] = RySudX, | (3-7a)
and
dXi = SERydX, (3-7b)

where Ry is called the rigid rotation matrix, Sy is the righi-streich tensor, and S is
the left-stretch tensor. If there is no rigid-body rotation, Ry; takes on the value 1
and the right and left stretches are equal. Similarly ., if there is no strain, the stretch
tensors lake on the value 1; for example, it L = L' in Figure 3-4, then the streteh
parallel to the line is § = L'/L = 1.

We are now able, at least in theory, to separate any homogencous deforma-
tion of a small region into an equivalent rigid-body translation. a rigid-body
rotation, and a strain (stretch). To do this for an actual geologic structure with
nonhomogencous deformation, such as even a simple fold. requires more theory
(see Malvern, 1969). Dceformation involving mainly rigid-body motion was alrcady
considered implicitly in our discussion of motion of fault blocks in Chapter 2: the
material in one fault block moves approximately in unison by rigid-body transla-
tion and rotation, with little strain. relative to an arbitrary reference in another

_ . o
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fault block. Similarty, on the scale of lithospheric plates, most motion in the crust
of the earth is rigid-body motion relative to some arbitrary reference on one plate
or relative to the hot-spot frame of reference (Chapter 1). In these examples the
displacement gradients due to strain are concentrated near the fault surfaces or
the plate boundaries. Offset geologic lines and contacts, tilted originally horizontal
beds, rotated magnetization vectors in rocks, and seafloor magnetic anomalies are
examples of geologic information bearing on rigid-body motions. For the remain-
der of our discussion, we shall consider strain without the encumberance of rigid-

body motion; thus we will be studying homogencous deformation of the sost that.

might be recorded within a single homogeneously deformed rock sample—for
example, Figure 3-1.

From our knowledge of vectors (Figure 3-2), we know we can choose 2
coordinate system such that a given vector is paraltel to one of the coordinate axes
with the other two components zero. For example U; = (U, 0, 0) is displacement
solely in the [ direction. Similarly, we can choose a coordinate system such that
for a specific stretch S, all the components are zero except §,;, Sy, and Sza; that
is, the three axes of the ellipsoid that can be used 1o represent a tensor are parallel
to the three coordinate axes. In this case,

Sy 0 0
8y = 0 5. 0 (3-8)
0 ¢ S

Then Sy, Saoy and Sy are called the principal stretches, generally written S, S,
and S3. From now on, to simplify equations, we shall consider only situations in
which the coordinate axes are parallel to the principal aves of the stretch (for
changing coordinate axes, sce Box 3-2).

If during some deformation Sy, a small-volume element ¢V is deformed to a
new volume dV', the volume ratio dV'IdV is a measure of this change in volume.
The volume ratio, a scalar, is just the product of the principal stretches:

% = 555, (3-9)

Let’s review what we have done in the preceding paragraphs in developing a
general concept of strain and deformation. We found that we could easily describe
the shape, position, and evientation of any object with a set of line segments or
vectors, {dX), as illustrated in Figure 3-6. The probiem of describing the
deformation of any object is then just the problem of how any line segment or
vector is translated, rotated, and stretched during the deformation (Fig. 3-7). The
deformation of any line segment or vector can be separated into a rigid-body
translation and rotation, which involves only moetion relative to an external
reference frame, and distortion ptus change in volume, which make up strain and
involve relative motion of atoms in the obicet. The details of the mathematical
separation of strain from rigid rotation differ depending upon whether the strains
are infinitesimally small (about | percent), such as in elastic deformation of rocks,
or whether they are large finite strain, such as in the metamorphic flow of rocks.
The order in which an object is strained and rotated affects the end resuit in finite
strain. Finite strains are most easily described with the stretch tensor (Eq. 3-7),
whereas infinitesimal strains are best described with the infinitesimal-strain tensor
(Eq. 3-5). The nine components of the streteh or strain lensors, six of which are
independent, relate the size and shape of an object before and after deformation,
A coordinate frame can be found such that for a given strain, all components are
zero except for 8y, S22, and 853, which are called the principal stretches (S, S,
83), and in this case the coordinate axes are the principal-strain axes. The
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BOX 3-2 Change of Coordinate Axes

1t is straightforward to change from one coordinate system to another and calculate
the components of the stretch §; or any other tensor relative to any new coordinate
system. The stretch, of course, exists apart from any coordinate system.

If the old coordinate system has axes X, X, and X; and the new coordinate
system has axes X|, X3, and X3, then we can determine a set of nine direction
cosines, az, which are the cosines of the angles between the two sets of axes. For
example, ay; is the cosine of the angle between the X, axis and the X3 axis. To change
the components of a vector §;in coordinate system X 1o its equivalent components §;
in systemn X/, we simply multiply by the direction cosines:

8P = ays;

The computation of this equation is explained in Box 3-1.
Similarly, any second-rank tensor 5 may be transformed to its components in
the new coordinate system by the analogous equation for tensors:

Sh = wapSy
For example, the equation for the §|, component is
St = anapdn + anapde +oanandn
v oSy todpanSn b oanands
+ eSSy +oapazSn + aandsn

It is also straightforward, but a more-involved process, to calculate the
principal stretches and their orientations given the components 8y in any arbitrary
coordinate frame. For a discussion of how to do this, see books on matrix or linear
algebra, or see Fung (1969}, Nye ({957), or Malvern (1969),

expression for displacement due to strain (Eq. 3-7) may be uscd to determine the
shapes of objects after some homogencous deformation §;. We use this theory in
the following section to measure the natural distortion of rocks.

Measurement of Strain in Deformed Rocks

We may now treat the homogeneous deformation of any object because we can
describe the undeformed and deformed shapes as two sets of vectors, (dX)) and
{dX}, and because we have a functional relationship between the two sets
involving the stretch tensor (Eq. 3-7). These results allow us to determine the
orientation and magnitude of strains in rocks by measuring certain classes of
deformed objects, such as:

1. initially spherical or circular objects,
2. initially ellipsoidal or elliptical objects,
3. linear objects,

4. angular objects.

Measurements of deformed objects, such as fossils, are usually of necessity made
on two-dimensional rock surfaces. For a complete three-dimensional analysis,
measurements are made on nonparallel and commonly perpendicular planes; then
the orientations and magnitudes of the principal strains can be calculated from the
two-dimensional data using mcthods found in Ramsay (1967).
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Consider the deformation of a sphere of unit radius with center X; in three
dimensions or consider the deformation of a circle in two dimensions. All points
dX; on the surface of the sphere satisfy the equation

dXdX; = 1 ‘ (3-10)

that is, dXi + dX3 + dX} = 1. Any point or vector whose components do not
obey this equation are not on the surface of the sphere of unit radius, The equation
relating a deformed material line or vector to its undeformed equivalent, no longer
considering rigid-body motion, is (Eq. 3-7):

({X: = S”(!XJ (3-1 i)

We substitute this relationship into the equation for a unit sphere (3-10} to obtain
the equation that describes the final shape of an object that was a unit sphere prior
to any homogeneous stretch S;;. Since the principal stretches are parallel to the
coordinate axes, substituting gives, in terms of principal stretches,

dxi Pty Taxs 2
—_l + = + —_ = [ -
[S.} _SEJ I_S-%] G-12)

The deformed equivalents (X} of all material vectors (X)) describing the original
unit sphere must satisfy this equation, which you may recognize as the equation of
a triaxial ellipsoid with semimajor axes of lengths ), §, and &5 oriented paraliel
1o the coordinate axes.

This fundamental result (Eq. 3-12) tells us that any homogencous deforma-
tion 8y transforms a sphere into an ecllipsoid whose axes are parallel to the
principal strains and whose axial lengths are proportional to the principal
stretches 5y, $a, and ;. Because of this simple relationship, initially spherical
objects such as carbonate ooids, tuff lapilli, and reduction spots in slates (Fig. 3-9)
are the most straightforward strain markers in rocks. If these objects, which were
originally nearly spherical, are viewed on a two-dimensional cut placed through
them, they appear in general as ellipses (Fig. 3-9). The ellipse immediately
provides the orientation of the principal stretch components in the two-dimension-
al plane.

In contrast with orientation, the shape of the ellipse does not immediately
tell us the magnitudes of the stretch components because in most cases we do not
know the original volume or area of a strain marker. For this fundamental reason,
we can determine only the orientations of the principal stretches and their ratios
(81/55) and (S,/S3). We cannot determine the volume ratio dV'/dV = 518,85
without additional information or assumptions, For example, if we assume no
volume change——dV'/dV = |—we may immediately compute the actual stretches,

We could write equations analogous to that of the sphere (Eq. 3-10) for other
simple, or not $o simple, geometric objects and see how they are distorted in any
homogeneous deformation. Some of the more interesting results of such an
exercise are the following (Fig. 3-10):

1. Straight lines always remain straight and flat planes always remain
flat.

2. Parallel lines remain parallel and are extended or contracted by the
same ratio.

3. Perpendicular lines that are parallel 1o the principal strain axes
remain perpendicular; no other lines do.

4. Upon deformation, circular and elliptical cylinders are transformed
into elliptical ¢cylinders.
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EIGURE 3-9 Deformed initially nearly spnericai strain markers in reck, {a) Photomicrograph of
now elliptical recrystaliized carbonate ooids in a metamorphosed limestone, Appalachian
mountain beil, {v) Elliptical reduction spots in Welsh slate. {Photograph by Jane Selversione }
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FIGURE 3-10 Examples of effects of homogeneous strain (8,/8; = 2.3): (1)
straight lines remain straight; {2) parallel lines remain parallel and undergo the
same strefch; (3) perpendicuiar lines that are paraliel to the principal stretch
directions remain perpendicular, no other {ines do; (4) circular cylinders deform to
elliptical cylinders; and (5) circles and spheres become ellipses and ellipsoids.

5. An ellipsoid becomes a different cllipsoid and, in particular, a
sphere becomes an ellipsoid. There is one ellipsoid for any specific
strain that will transform into a sphere.

Properties | and 2 indicate that paratlel beds of rock remain parallel upon
homogencous deformation. Most flat-lying sediments have deformed homoge-
neously; they have compacted from initial porositics of as high as 80 percent to
present porosities of 30 percent or even much less,

Property 3 indicates that points joined by lines parallel to the principal
stretches S|, §2, 53 moved closer together or farther apart. In addition, all other
points slide past one another; a line joining two such points rotates away from the
S, direction and toward the S, direction (Fig. 3-10).

H
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Property 4 indicates that a now-elliptical fossilized worm burrow has been
deformed because the worm was a circular cylinder. Nevertheless, the strain
generally cannot be determined from this distoried fossil because we generally do
not know which section of the tube was originally circular; any section of a
circular cylinder except for a right section is elliptical. Information on strain can
be obtained from crinoid ossicles that were originally right-circular cylinders
because the ends of the cylinders were originally circular (Fig. 3-11).

Property S poses difficultics for determining strain from distorted pebbles
(Fig. 3-12). Pebbles are generally not spherical to begin with, but are approximate-
ly ellipsoids. Each pebble will be transformed into a different ellipsoid of shape
and orientation dependent on the initial shape of the pebble and its orientation
with respect to the strain, which is generally not known. These difficulties are not

L ~ g LAk t
y ..
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FIGURE 3-11 Deformed bedding plane showing elliptical ends of crinoid ossicles from the flat-
lying sediments of the Appalachtan nlateall {&g@{g&
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FIGURE 3-12 Deformed conglomerates, {a} and (b} are two faces of the same outcrop showing
substantially different stretches, Grenville orogenic belt, Ontario. {¢) is a conglomerate from the
Canadian Appalachians showing very heterogenecus deformation; the quartzite cobble is
undeformed whereas the numberous carbonate cobbles and pebbles are strongly and heteroge-
neously flattened.

entirely debilitating; in particular, the axes of the pebble ellipsoids become close
to parallel with the strain axes at large strains even though the axial ratios are
quite different (Fig. 3-13).

From the above discussion we see that objects of known original shape
provide records of their own distortions; however, the completeness of these
records depends strongly on details of the objects’ geometries. Actual determina-
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FIGURE 3-13 Convergence of arientations of principal axes of deformed pabbles (efipses) with
the orientations of the principal strelch axes at large strains. In contrast, the axial ratios of the
pebbles do not converge to the ratios of the principal stretches, $4/8..

tion of strain from measurements of distorted objects requires close attention to
these geometric details. Special methods have been developed for many classes of
geologic objects; for example, methods for spiral objects, such as ammonoids,
were developed by Tan (1973). Some of the methods used for bilaterally
symmetrical fossils, such as the trilobite in Figure 3-1, are given as an example in
the following paragraphs. Comprehensive treatments of the methods of strain
determination in rocks are given by Ramsay {1967) and Ramsay and Huber (1984),

Bilaterally Symmetrical Fossils. Many organisms are bilaterally symmetri-
cal—for example, trilobites and brachiopods. Upon deformation this symmetry is
gencrally lost. Bilateral symmetry implies that a line joining equivalent points on
either side of the plane or line of symmetry, is perpendicular to the plane (or line),
thercby defining a right angle. This initial right angle is the basis for determining
distortion in several situations,

The two-dimensional distortion of a rock slab containing a number of fossils
of original bitateral symmetry—for example, the trilobites in Figure 3-14—may be
determined using a simple graphicat methed due to Wellman (1962), Weliman's
construction is based on the following property of a circle. The two lines joining
the ends of any diameter of a circle, D and D', to any other point on the
circumfcrence P; meet in a right angle (sce Fig. 3-15). Thus as soon as we choose
an arbitrary diameter of a circle, DD, the points along the circumference, such as
Py, Py, or P3, may be used to represent the predeformational orientations of a set
of right angles lying in a planc. After a homogencous deformation. this circle and
the stab of fossils it represents will be distorted into an ellipse. The points along
the circumference of the circle will then lie on the circumference of the ellipse and
their lines connecting 1o » and D' will be distorted in gencral 1o some new angle
(Fig. 3-15).
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FIGURE 3-14 Bedding plane showing many deformed trilobites; note that the shapes of the
Irilobites depend on their orientations.

Wellman's method chooses some arbitrary line segment D0 and locates

points an the circumference of the ellipse by plotting the present angles that were
the original right angles. This is done keeping the rock slab in its proper
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FIGURE 3-15 Wellman's constraction for determining the finite strain directions and ratio of
principal stretches from a set of deformed originally bilaterally symmetrical fossils, such as the
trilobites in Figure 3-14. See discussion in text.

orientation relative to the arbitrary line secgment DD’ (see Fig. 3-15). Once all the
fossils are plotted, (he best-fitting ¢llipse may be determined.

Wellman's construction works best when there arc many fossils and
orientations. The minimum number of nonparallel fossils is two; in this case the
orientation and shape of the strain ellipse is not very accurately located by
graphica] means; a nomogram is more convenient {(see Ramsay, 1967). If only one
distorted fossil is available, the strain cannot be determined without additional
information. For example, if the orientation of the axis of principal stretch in the
plane is known, then the stretch ratio can be delermined.

Objects of known original shape record their own distortion, but they may or
may not provide an accurate record of the overall distortion of the rock containing
them. For example, the deformation of the cobbles in the conglomerate of Figure
3-12 is by no means homogeneous; some cobbles were stiffer and some were
softer. As another example, a study of a deformed conglomerate in Saxony
showed the axial ratios of pebbles to be strongly dependent on rock type: quartz,
1:1102:1; quartzite, 8:1; graywacke, [0:1 to 12:1; schistose graywacke and shale,
18:1. The best strain indicators for a rock as a whole are objects whose mechanical
properties are the same as the rest of the rock-for example, molds of fossil in
which the shell material has dissolved away.

People have generally used strain indicators to help understand the origin of
specific structures or types of structures; this will be our principal use of them.
Regional studies of strain in rocks have been less common because of the great
amount of work involved and the rarity of good strain indicators in some rock
types. A well-known regional study is by Ernst Cloos {1971}; it involved tens of
thousands of measurements in a 15,000-km? region comprising much of the central
Appalachian fold belt in Pennsylvania and the Virginias. Cloos showed that the
strain throughout this large region was remarkably uniform in orientation, as well
as magnitude.

Natural strains within the earth vary enormously; for example, the stretch
ratios of a large number of deformed objects from many parts of the world are
shown in Figure 3-16. On this graph, stretch ratios, §,/8; or 525, in the range 1 (o
5 are most common. Pancake-shaped flattened strain ellipsoids are more common
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FIGURE 3-16 Graph of measured siretch ratios from throughout the world. The parallelepipeds

flustrate the deformed shape of an originai cube, corresponding to several points on the graph,

Note that flattening deformations are much more comman in nature than stretching deforma-

tions. {Data from Pfiffner and Ramsay, J. Geophysical Research, v. 87, p. 311-321, 1982,
- copyrighted by American Geophysical Union.)

than cigar-shaped stretched ellipsoids. Very large stretch ratios beyond 5 to 10
probably also exist, particularly at high metamorphic grade, but they involve such
severe changes to the rock that identifiable original objects are largely destroyed.

| Deformation Paths

We have seen in the previous sections that strain is a description of the net change
in shape and size between an initial and a final state. We now ask the question:
What is the history of strains and rotations that constitute the intermediate steps
(recall Fig. 3-8)? In principle there is an infinity of geometrically possible strain
histories or deformation paths that lead to the same final shape of a strain
indicator, and its final shape tells us nothing that helps us decide which occurred.
There are, however, small-scale textures and structures that record some aspects
of this deformation path.

‘The net strain is the sequential sum of all the instantaneous strains. For
-example if a line of length L, is extended to L, we might envisage the longitudinal
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strain as the sum of a number of smalt increments SL/L;:

wSL, Ly - Ly P Rl O e S

C 3-13
Lo Lr' L() LI L,,‘.,| ( )

We note in passing that if the increments are made arbitrarily small, this sum
becomes an integral:

Ly
& f aL = log, Lu = log A1 + €) = log,.S (3-14)
e L Ly

which is the logarithmic, or natural, strain mentioned carlier. Logarithmic strain
is used sometimes in discussions of large strains and deformation paths; for
cxample, Figure 3-16 has a log scale. It has an advantage for making comparisons
between measured strains because the numerical values of the logarithmic strains
are proportional to the relative changes in length. For cxample, if one line is
contracted to half its original length and another is stretched to twice, the log-
arithmic strains are ~log,2 = —.693 and log,2 = .693: in contrast. the stretches,
§ = (L'/L}, would be 0.5 and 2.

The most important concept in the study of deformation paths is the
distinction between coaxial and noncoaxial deformation. If two successive
increments of strain have the same principal axes with respect to the material,
then this part of the strain history or deformation path is coaxial. If the successive
principal axes are not parallel, but rotate with respect to the material, then the
deformation is noncoaxial. The order of application of successive strains is
important to the net strain in noncoaxial deformation, but not in coaxial
deformation because it involves no rigid-body rotation of the material with respect
fo the instantaneous strain axes.

Of all the possible deformation paths. there are two simple gecometric types
that are commonly discussed and have special names. They are useful in
tllustrating the effects of coaxial and noncoaxial strain. Pure shear (Fig. 3-17) is
used to denote coaxial strain and, strictly speaking, implies no change in volume
as well. Simple shear (Fig. 3-17) is a noncoaxial rotational strain in which the
amount of strain is directly related to the amount of rotation in a specific way,
namely, the affine shear that we can casily perform on a deck of cards or
telephone book. Simple shear, as defined, is a constant-volume, two-dimensional
deformation, with no displacement in the third direction and no flattening
perpendicular to the plane of slip.

In simple shear the principal strain axes starl oul oriented 45° (o the plane
and direction of slip. The principal elongation, §,. rotates toward the plane of siip
as deformation proceeds; the principal shortening, §, rotates toward perpendicu-
lar. This can easily be verified by tracing a coin on the side of a stack of cards or
on the edge of the pages of this book and then shearing the stack homogencously.
‘The principal elongation, §,, reaches the plane of slip only at infinite slip. 1t is
important to note that some directions within the malterial are always lengthening
(for example, aa’; Fig. 3-17), whereas other directions first shorten and then. once
they have rotated past perpendicular to the slip plane, begin to lengthen (for
example, bb'; Fig, 3-17).

The example of simple shear shows that a simple overall deformation can
lead fo some complexitics in the history of the deformation. As a more-geological
example, if a large volume of rock changed shape by noncoaxial strain, we can
imagine that an initial shortening parallel to bedding—for example, oriented
parallel to b’ in Figure 3-17—might produce Tolds that would later undergo
extension and either unfold or boudinage, which is the breaking of stiffer rock
layers into segments as they are stretched {Fig. 9-53). Many deformation hi ies
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- FIGURE 3-17 Examples of coaxia! and nonceoaxial deformations, Pure shear is a coaxial
deformation with no change in volume; note that materiat lines aa’ and bb' always lengthen and
» tolate away from the Sp-direction toward the S,-direction. Simple shear is a noncoaxial
deformation of the sort produced by shear of a deci of cards; nole that material line aa’ always

engthens, but bb* shortens until it rotates past vertical and then begins to lengthen. The angle
“ls called the angle of simple shear.

in rocks are probably more complicated than either pure shear or simple shear
“even for a single deformational event; for example, rather than simple shear, there
“might be flattening perpendicular 1o the slip plane as well.

Important information bearing on the deformation path is recorded in some
rocks. For example, fibrous crystals in veins apparently grow parallel 10 the
instantaneous principal elongation so that the curving fibers may record changes
in the direction of elongation during the defoermation. Another type of texture
bearing on the deformation path is rolled metamorphic porphyroblasts, well
known for garnets and albites. Porphyroblasts are large erystals that grow around
adjacent minerals and thereby contain a record of the schistosity and metamor-
phic mineralogy during growth of cach part of the crystal. Some porphyroblasts
have rotated with respect to the schistosity during or after crystallization, while in
other rocks they have not (Fig. 10-15). Cases are known in which the axis of
:rotation has changed during the course of deformation.

Strain Rate

The rate at which strain accumulates in deforming rocks s of particular impor-
tance in structural geology because the strength of rocks under conditions of high
temperature flow is directly related to the strain rate, as we shall see in the next
chapter. In this section we briefly investigate the strain rates at which deformation
takes place within the lithosphere.

The most direct method of measuring strain rates is {o set up an array of
benchmarks and observe the deformation of the earth's surface by precise
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FIGURE 3-18 Time required t0o agcu-
mulate a total stretch S$./S, at various
instantaneous strain rates {¢ = 8L/L1) for
pure shear. The strain rate must be ¢ =
10745 or faster to accumulate the ob-
served typical geologic stretch ratios of
2-10 {Fig. 3-16). {After Pfiffiner and Ram-
say, J. Geophysical Research, v. 87, p,
311-321, 1982, copyrighted by American
Geophysical Union.)
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triangulation over a period of years. For example, geodetic measurements over a
period of 20 years around the active San Andreas strike-slip fault in California
indicalte that any initially rectangular block is being changed into a parallelogram
at arate of 0.1 s of arc per year, which corresponds to a simple-shear rate parallel
to the fault of 1.5 x 107 "¥/s. This measurement is an average over the width of the
fault zone at the surface. The deformation at depth may be more or less
concentraled in a narrow zone, leading to larger or smaller actual strain rates.
Similarly, we may estimate average strain rates along plate boundaries from plate
motions if we assume how the deformation is distributed through the plate-
boundary zone.

We may also estimate strain rates {rom finite-strain measurements in rocks if
we know the time involved in the deformation. For example, some Miocene rocks
that were deformed and metamorphosed in the active mountain belt of Taiwan are
already at the surface, displaying stretch ratios $,/S, of 3 to 5; the deformation
took less than 2 to 3 m.y. However, we cannot simply divide the finite strain by
the time to get the instantancous strain rate; rather the instantaneous strain rate, é,
is equal to the natural, or logarithmic, strain, €, divided by the time. Thus from
Equation 3-14 we sce that stretch accumulates exponentially with time ¢ at
constant instantaneous sirain rate

S =¢f =¥ (3-15)
as is illustrated in Figure 3-18. Therefore, the stretch ratios of 3 to 5 produced in
less than 2 to 3 m.y. in Taiwan indicate a strain rate of 107 '%s or faster. If the
deformation had taken only a hundred thousand years, the strain rate would have
been about 107'%s. Estimates of duration of deformation for some of the
measured stretches shown in Figure 3-16 indicate that strain rates of 107"¥s to
1075 are typical (Pfiffner and Ramsay, 1982). Later we will make use of these
rates to estimate the strengths of rocks under metamorphic conditions.

STRESS

A body within which one part exerts a force on its immediately adjucent parts is
said to be in a state of stress. These internal forces act on the scale of interatomic
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FIGURE 3~19 Schematic diagram of a block of rock placed under a compressive force F acting
overan area A. [n (b}, a slot has been cutin the sample and jacks have been pumped up until the
survey pins have returned to their original positions prior to cutling the slot (a). The jacks now
support the load that was supported by rock prior to cutting the slot.

distances and arise during the deformation due to forced stretching or compress-
ing of bonds from what otherwise would be their equilibrium positions. *

Stress is the total force exerted by all the atoms of one side of any arbitrary
plane within a body on the atoms immediately on the other side, divided by the
area of the plane. The concept of stress is closely related to elasticity because
bonds are basically elastic in behavior (namely, stress is proportional to strain).
The atomic basis of elastic behavior and stress is introduced in the next chapter.

Let’s look more closely at the properties of stress. Suppose we place a
cylinder or prism of rock under a uniform compression by applying a force F
axially with a screw mechanism or hydraulic jack. What are the internal forces, or
stresses, acting within the rock? We can perform a *‘thought experiment” to
answer this question {Fig. 3-19).

We could first very accurately locate the positions of some points in the rock
using metal pins, Next we cut a slot between them. The pins will move a very
small distance closer together because the rock is elastic and the compression is
no longer supported across the slot, but by the surrounding material. Next, we can
put hydraulic jacks into the slot and force the walls of the slot and the pins back to
their original positions. The jacks now support the load that was supported by the
rock in the slot before it was removed. By adding up the loads on the jacks, we
find the force, I, that was acting perpendicular to the slot before it was cut. If we
actually did this experiment, we would find that the force on the specimen divided
by its cross-sectional area equals the force on the slot divided by the area of the
slot: F/A = F /A, as we would expect.

If, instead, we cut an inclined slot, its walls would tend to slip or shear past
.each other, as well as to come together. In this case we need cross braces or

*In addition to these shart-range forces, there are long-range forces, or body forces, the most
important of which is gravity. Gravitational force g is exerted by a volume on all other volumes in
inverse proportion to the sguare of the separation of their centers of mass r and directly proportional to
the product of their masses (g = Gm my ™2, where G is the proportionality constant),
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paralle] jacks, in addition to the perpendicular jacks, 1o restore the survey pins o
their original positions (Fig. 3-20). The more the slot is inclined to the specimen
axis {increasing 0), the less total force acts across the slot. This is true because the
slot subtends less of the cross-sectional arca of the sample, by a factor of cos 0, as
shown in the insct of Figure 3-20. At 8§ = 90° no force acts across the plane of the
stot in this experiment. A second important ¢ffect of inclination is that the portion
of the total force on the slot supported by the perpendicular jacks depends upon
the inclination as cos 0, whereas that supported by the parallel jacks depends on
inclination as sin @, as shown in the inset of Figure 3-20. The force per unit area
resolved normal to the slot is the normal stress, «,, which in this thought
experiment is (F/A)cos*8. The force per unit area resolved parallel to the dip of the
siot 1s (I/A)cos 0 sin 8, called the shear stress, o, tUis a maximum when the slot is
inclined 45° Lo the specimen axis. We now know the state of stress across any
plane in our sample as a function of ifs oricntation.

In general, another independent component of shear stress would be
required 1o define fully the state of stress on a plane. In the case of our inclined
stot, the third independent stress component would be a horizontal shear stress,
perpendicular to the page in Figure 3-20, which is zero because we have oniy
axially loaded our sample. The stare of stress on a plune (Fig. 3-21)is given by one
normal-stress component and two shear-stress components (g, 04, Tl

We could consider a more-complex thought experiment with a more-
complex set of externally applicd forces—both compressions and shears—and
write the analogous set of three equations that define the state of stress on an
internal plane or slot of arbitrary orientation. However, let’s turn the problem
around; instead of defining the forces on the outside of a body and then calculating
state of siress on a plane of arbitrary orientation, we shall make measurements to
define the state of stress in some region below the surface of the carth, We could

Applied force
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FIGURE 3-20 Schemalic diagram of a block of rock under a compressive force F, similar o
Figure 3-19 but with an inclined slot. Under these conditions both normal and shear jacks are
required to return the survey pins to their positions prior to cutling the slot.
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FIGURE 3-21 The state of stress at a
single point on a plane is usually speci-
fied in terms of a normal-stress compo-
nent, o, and two perpendicutar shear-
stress components, ¢,y and o,

go down into a deep mine and use our slot method; similar methods are in fact
used in civil engineering.

With a single slot we can measure one normal-stress component and two
mutually perpendicular shear-stress components, These three stress components
completety define the state of stress on the plane. However these measurements
are not sufficient to define fully the state of stress at this place within the earth; for
example, we know nothing about the normal stress that is acting on any plane
perpendicular to our slot. For this reason we might decide to measure the state of
stress on three mutually perpendicular slots and arrive at nine mutually perpendic-
ular stress componeats, three normal-stress components and six shear-stress
components. With these nine measurements we can calculate the state of stress
across any arbitrary plane using cquations similar to those we worked out before.
We will do this later for two dimensions using the Mohr diagram.

In matrix or tensor form, the nine measured values of the stress components
refative to our coordinate system {coordinate axcs perpendicular to the three
siots) are called:

Gy Oy Oz
oy = 0y T O3 (3-16)
0y T3o T33

Figure 3-22(a} illustrates the meaning of this notation. The first subscript, i,
indicates the plane perpendicular to the i direction; the second subscript, J,
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FIGURE 322 {a) The state of stress at
a point, measured in any Cartesian coor-
dinale system, is specified by the state of
stress on the faces of an infinitesimally
small cube, with the faces perpendicular
10 the axes of the coordinate system.
Thus the state of stress at a point is
specified by three normal-stress compo-
nents and six shear-stress components
{Eg. 3-18). (b) Only three of the shear-
stress components are independent be-
cause lhere must be no unbalanced
torques at equilibrium; for example, bal-
ance of torques about the 1-axis requires
hat ¢e = =g In general, o, = —u,.
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indicates the direction in which the force acts. For example, o, is a shear stress
acting on the 1 plane in the 2 direction and o3 is a normal stress acting on the 3
ptane. The quantity o is the state of stress at a point, in coatrast with (o, oo,
o.2), which is the state of stress on a particular planc passing through the point. If
we know oy, we can compule the state of stress on a plane of any orientation.

We did too much work in measuring the nine stress components on our three
stots because not all the components arc independent. This fact may be illustrated
if we consider that the cube in Figure 3-22(a) is in equilibrium; therefore it has no
unbalanced torques acting on it. Since the sum of the torgues about any axis
through the body must be zero, we have o, = o; (for example oy = 0y), as
iilustrated in Figure 3-22(b). Thus only six independent measurements are needed
to define stress at equilibrium.

We noted earlier while discussing strain that a coordinate system can be
found such that all components of the stretch are zero except for 84y, 822, and 5;3,
which in this case are called the principal stretches, and are often labeled 8, 5,
and §,. The three principal axes of the strain cllipsoid are parallel to the three
coordinate axes in this case. Similarly, we may find a coordinate system for stress
such that all shear-stress components are zero:

On 0 0
Uy = 0 g O 3-17
0 0 F33

where o, 033, 0y are called the principal stresses and are generally designated
by oy, 03, o3, Ot simply ¢;. In this coordinate system, the three principal axes of
the stress ellipsoid are paraliel {o the coordinate axes. Note that no shear s{ress
acls across planes perpendicular to the principal axes, a fact that is important for
understanding the origin of some structures (Chapters 6, 7, and 8).

The stress tensor may be factored or decomposed into deviatoric and mean,
or isotropic, parts. The niean stress, o, 18

. = [ﬂz,_f_g%jma] 319
which represents the isotropic part of the stress. The deviatoric stress, Ay, is
(o1 = o) Fi2 013
Ay = T2 (T22 — o) % (3-19)
o1 023 (o33 ~ o)

or, in terms of the principal stresses, 4; = (o; — o,,,). We shall later see that most
deformation, except for the dilation, is a result of the deviatoric stress—that is,
the difference between the principal stresses rather than their absolute magni-
tudes. The mean, or isotropic, stress exerts an important control on which strain
mechanisms operate, the strength of brittle materials, and the dilational strain.
For example, fracture is inhibited with increasing mean stress,

The dimensions of stress are force per unit area. The unit of stress, or
pressure, in the International System of Units (S1) is the pascal (Pa), which is one
newton per square meter (N/m?). Until recently it has been more common in
geology and geophysics to use the bar, which is 10° Pa and is almost equal (o
atmospheric pressure at sca level (0.987 standard atmospheres). The pressure
{oy = 2 = r3) at the boftom of the occan (about 5 km) is about 500 bars or 50
megapascals (1 MPa = 10°Pa), The pressure at the bottom of continental crust
(about 30 km) is about [0 kilobars (1 kb = 10° b) or one gigapascal (1




Chapter 3 Strain and Stress

‘GPa = 10°Pa). In engincering, tensile stresses are considered posilive, whereas in
earth science compression is normally considered positive because most stresses
n the carth are compressive. We shall consider compression positive.

‘Mohr Diagram

Given the magnitudes of the principal stresses and their orientations, we can
calculate the shear and normal stresses acting across a plane of any orientation.
We now develop, for two dimensions, a way of graphically representing the state
of stress (o, and o) on planes of every orientation in a region of uniform stress
(principal stresses oy and o). This graphical representation, the Mofr diagram,
will be very useful, for example when we consider fracturing of rock and shding
along faults and joints.

Consider a plane within a homogeneously stressed cube (square) whose
normal makes an angle 8 with the | direction (Fig. 3-23). At equilibrium, the forces
acting in the 1 and 2 directions across the inclined internal plane must equal the
forces acting across faces A and 8, which are normal to the [ and 2 directions:

TA = (r,co8 0 + o,sin &) (3-20)

cos O

2B =

- {r,sin 0 — o.cos ) (3-21)
sin @
These are the equations of equilibrium in terms of force for the | and 2 directions.
We may solve these simultaneously for o, and o, in terms of oy, oy and 0:

2 ’ .
U, = 000570 + o28in%0

(3-22)
o, = (o) — o) sin 0 cos 6

Substituting several trigonometric identities (sin 20 = 2sin 0 cos 0, cos’® =
{ + cos 20)/2, sin"6 = (I — cos 20)/2), we obtain a more useful form of the
€quations:

—

O3

=
A
X
o, cosé
_‘G

Oy

Uz

IGURE 3-23 State of stress u,, and o, on a plane within a cube with normal stresses oy and o,
cting on the faces. The normal to the plane has an inclination 0 to the 1-axis.

G, cosl
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..i.. - f— "
o, = (gl—i—i) 4 (U—]-E“E;) cos 20 (3-23)
g, = ((—r]—%ﬁr—z) sin 20

We may now graph o, versus o, for all values of 0 (that is, plancs of ali
orientations 0} for a given sct of principal stresses. oy and o (Fig, 3-24). The stress
(¢, o) on a single plane plots as a point. The state of stress on all possible planes
graphs as a circle of radius (o — o212, whose center is (oy + .2 from the
origin. This graph of the state of stress is called the Mol circle, named for Otlo
Mohr, who developed it. The radius of the circle is the devialoric stress and its
center is the mean stress. Values of 20 can be measured directly on the diagram,
as shown in Figure 3-24. The Mohr diagram illustrates some important propertics
of stress and has some important applications, as outlined below.

Planes perpendicular to the 1 and 2 directions have no shear stresses acting
across them; these planes plot along the o, axis. (o, 0) and (tra, 0). In contrast
shear stress is a maximum at 20 = 90°—that is, {or plancs oriented 45° to the
principal directions. We also see that the farger the difference between oy and a3
(the deviatoric stressy, the larger the shear stress on any given planc. A
hydrostatic, or isotropic, state of stress graphs on the Mohr diagram as a single
point {v, = ¢ = 02, oy = 0) and no shear stresses are present. Compressive
stresses are graphed to the right of the origin and tensije stresses to the left,

Given measurements of the state of stress on any 1wo nonparalic! planes, we
may determine the principal stresses and their orientations graphically because
the line connecting the two states of stress on a graph of o, versus o, is a chord of
the Mohr circle. Recall that the perpendicutar biscetor of a chord passes through

{o,, O

=
b
e
=

S

- . o |~ A\ J N
o, (Tension} Y Y +q,, (Compression)

Mol circle

FIGURE 3-24 The o, ~ o, slress space, which is called the Mohr diagram for stress. The state
of stress at a point on a plane {u,,, »,) graphs as a point on this diagram. The state of stress on all
pianes passing through a point with principal stresses «, and «, graphs as a circle, cailed the
Mohr circle, whose center is the mean stress and whose radius is the deviatoric stress. The
definition of 0, spegifying the orientation of a plane with respect 10 the principal axes, is shownin
Figure 3-23.
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{og, Q)

FIGURE 3-25 The Mohr diagram for three dimensions is composed of the Mohr circles for the
three principal planes. The states of stress on any other planes plot within the shaded region,

the center of the circle. Therefore, we may locate the cenier of the circle where
the bisector intersects the o, axis of the Mohr diagram,

Later we shall see that equations describing the state of stress required to
fracture or frictionally slide along a plane in a rock may be plotted on these same
¢, — o, coordinates; we shall then be able to see which planes are capable of slip
or fracture for a given state of stress {o, and o2}, The effects of fluid pressure
within a porous rock will also be illustrated with this graph. Similar equations may
be used to develop a three-dimensional Mohr diagram (Fig. 3-25), This diagram
has three circles corresponding 1o the o~¢a, o-03, o3—0; planes; the state of
stress on any arbitrary plane plots in the area between the circles.

Let’s review the main points of the preceding paragraphs dealing with stress.
The short-range forces acting within a body may be described in terms of forces
per unit area, or stresses, acling across planes of various orientations and

positions. The state of stress across a single plane may be described in terms of

one normal-stress component, @,, which is the force per unit area acting
perpendicular to the plane, and two shear-stress components, o, which describe
the force per unit area acting parallel 1o the plane (Fig. 3-21). The sum of these
three components ts, in general, inclined o the plane. The state of stress on planes
of all possible orientations through a single point may be described in terms of
nine stress components, oy, only six of which are independent (Fig. 3-22). A
coordinate frame always can be found, in which all components are zero except
for the normal stresses oy, oaa, and o3, which are the principal stresses o, o,
and o4. The axes of this coordinate frame are the principal stress axes. Given the
principal stresses and their orientations, the state of siress on a plane of any
orientation may be determined. The state of stress in two dimensions (o, and o)
may be shown graphically on the Mohr diagram, in which states of stress (o, o,)
on all planes graph as a circle whose radivs is the deviatoric stress and whose
center is the mean stress (Fig. 3-24).

EXERCISES

3-1 Show that dV'/dV = §:5.5; (Eq. 3-9).

3-2 Measure the ratio of principal stretches (5,/55) for the deformed oolitic limestone in
Figure 3-9 by measuring the lengths (¥, W) of the principal axes of each ellipse and
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3-4

3-6

3-7

3-8

then plotting each set of measurements as a point on a cumutative graph of minimum
axis V versus maximum axis W. For exampie, the first measurement, (Vy, W), is
plotted at point (Vy, Wi}, the second measurement, (Vo, W, at point (V| + Vy,
W, + Ws), and so on. A good estimate of the stretch ratio is then the slope of the
line connecting the final point with the origin. What are the principal stretches if we
assume a constant-area deformation and if we assume a 10 percent decreasc in area?

Measure the ratio of the principal stretches for the slab of deformed trifobiles in
Figure 3-14 using Wellman's method. What is the orientation of the direction of
principal elongation relative to the vertical edge of the photograph?

If a sedimentary rock (dry density, 2400 kg/m?) whose grains have a density of 2650
kg/m?® originaily had a porosity (volume percent pores) of 50 percent and gained its
present density by compaction due to burial and removal of pore fluid (no horizontal
strain), what are the principal stretches (57 that describe this compaction? What
would be the fnal ellipticity {ratios of principal axes of ellipse) of an originally
spherical object that deformed with the sediments?

The distorted fossils observed in the bedding plane of Figure 3-11 are in flat-lying,
unfolded rocks northwest of the Appalachian fold belt. Approximately the same
tevel of strain is observed in a 100-km-wide zone adjacent to the foid beit with the
principal shortening oriented perpendicular to the fold belt. The strain therefore
records the outer limits of Appaiachian deformation. Estimate the amount of
horizontal shortening perpendicular to the fold belt recorded in this zonc of flat-
lying, but strained, rocks.

(a) Derive the equations for the Mohr's circle:

ot oy Fy Ty

Ty = 5 2 cos 28
[ I ¢ 5
Ty = - 5 sin 20
o + o3 o — 7 . .
(b) Let ~——= = P and ——— = A. Show that these two parametric equations
2 2 P

can be combined into a single equation of the form
Pyt = c?
(showing explicitly that Mohr's circle is a circle).

{a) Suppose that the density of rock is 2.6 times that of water. Graph the vertical
stress (normal to the earth’s surface) as a function of depth for rock down to a
50-km depth. Compare this with the equivatent pressure of water. Suppose that
no other stresses are applied and that the system is in equilibrium. What is the
stress tensor as a function of depth? What is the mean stress?

(b) Now suppose in addition that there is a normal force applied by a colliding island
arc in the east-west direction {cail this the 2 axis). The force is constant with
depth and of intensity 100 MPa. Now graph the horizontal stress on your graph
of stress versus depth in part a. Draw the Mohr's circle for stress at 30 km and 3
km. What is the angle of the plane of maximum shear stress in each case {angle
between normal 1o plane and vertical)?

Given the principal stresses 45 MPa and 80 MPa with o horizontal and o, vertical,
what is the state of stress on a bedding surface dipping 3077

The state of stress (two-dimensional) is measured on twa slots in a mine. One slot
dips 32°E and has a normal compressive stress of 57 MPa and a shear stress of 12
MPa downdip. Another stot dips 84°E and has a normal compressive stress of 40
MPa and a shear stress of 3 MPa downdip. What is the state of stress in this region
(what are the principal stresses and their orientations)? Recall that the perpendicular
bisector of a chord passes through the center of the circle.
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3-10 Given the principal stresses of magnitudes 63 MPa and 94 MPa, what is the state of
stress on a joint face whose normal is oriented 53° 1o the «a direction? The joint face
will slide if the stress exceeds the static {riction criterion o, = 0.4 MPa + o,
where 1 is the coefficient of friction, 0.63 in this case. Will it slide?

3-11 Design a set of six independent measurements that will uniquely determine the state
of stress in a mine assuming a homogeneous state of stress,

3-12 Suppose the strain recorded in Figure 3-9(b) took 2 m.y. to accumulate; what is the
strain rate?
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L DEFORMATION
s MECHANISMS

INTRODUCTION

Rocks deform in response to the stresses acting focally within them, whatever the
cause, Our concern in this chapter is the physical mechanisms by which rocks
respond to these stresses on a microscopic or submicroscopic scale—that is, the
deformation, or strain, mechanisms.

Onty a few important deformation mechanisms existy they may be divided
into two categories: recoverable and permanent. The recoverable mechanisms are
elastic deformation and thermal expansion; they do not involve breaking of atomic
bonds—just their lengthening, shortening, and beading. It the cause of the
deformation is removed, the body will return to its original size and shape.
Recoverable strains in carth materials are generally less than a few percent.

If, however, the stress exceeds a critical value, called the yield stress, or
elastic limit (Fig. 5-3), the rock will undergo permanent deformation by such
mechanisms as fracture, sliding along grain boundarics, or motion of linear defects
within crystals {dislocations). If the cause of the deformation is removed, much of
the strain will remain. Permanent deformation can also be produced at stresses
below the short-term vield stress given sufficiently long time and high-enough
temperature beeause of tine-dependent mechanisms such as diffusion of material
from points of high stress to those of Jow siress or compaction by removal of pore
fluid.

In this chapter we consider four important classes of distributed deforma-
tion: (1) elasticity, (2) plastic deformation within crystals by motion of linear
crystal defects (dislocations). (3) flow by pressure solutions and {4) compaction by
removal of pore fluid. Several other deformation processes that can be important
on a microscopic scale will be treated elsewhere: frictionat sliding in the chapter
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FIGURE 4-1 Pholomicrograph of deformed marble, £ Paso Mountains, eastern California. The
parallel bands are sets of deformational twin bands in calcite.
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on faulting, buckling in the chapter on folding, and thermal expansion in the
chapter on jointing, as well as in the following section. Fracture is the best-studied
deformation mechanism because of its importance in engineering geology and
rock mechanics; it warrants a separate chapter {Chapler 9).

Several deformation mechanisms may opcrate simultancously. For exam-
ple, the marbie in Figure 4-1 has deformed by twinning of calcite, as shown by the
sets of parallel twin bands. The crystal structure between the twin bands is
distorted in some areas by motion of linear crystal defects {dislocations), as shown
by the bending of the twin bands. Calcite has dissolved at points of high stress
afong grain boundaries and precipitated along cracks as veins, which are out of the
field of view. The calcite in the veins also shows deformation by twinaning. Thus
twinning, motion of tincar defects, fracture, and diffusion through pore fluid have
operated, apparently simultancously, to produce a deformation of this rock.

The dominant deformation mechanism of a rock varies with temperature,
mean stress, deviatoric stress, pressure of the fluid in the pores, strain rate,
chemical conditions, and history of the material, For cxample, near the surface of
the earth, at low pressure and low temperature, many rocks deform by brittle
fracture; at greater depths and higher temperatures, these same rocks flow by
motion of linear crystal defects (dislocations) and diffusion.

ELASTICITY AND THERMAL EXPANSION

Elasticity and stress are closely related because the atomic or molecular bonds
that transmit the stress are commonly elastic: that is, the refationship between
force on the bond and bond distance is fincar. The force on a bond is the atomic
equivalent of stress and the percent change in bond length is the equivalent of
strain.

We can get some appreciation for the physical origin of stress, efastic strain
energy, and clastic constants by considering the changes in potential energy, U,
and bonding force, F, that occur while a crystal is deformed. Bonds bend and
twist, as well as compress and extend, during the deformation of actual crystals.
In spite of such complexities, we can look at the deformation of a crystal
qualitatively by considering the force on the bond and the potential energy of just
a single pair of atoms in an ionic crystal such as halite (NaCt), while varying just
bond length, ».

The potential energy of a pair of oppositely charged ions decreases as they
are allowed to fall together due 1o their electrostatic attraction. At any distance r,
the potential energy due (o their attraction may be expressed as —A/r, where A s a
constant related to the geomeltry of the crystal and the charges of the jons (Fig. 4-
2). When the interatomic distance gets very small, however, there is a repulsion
due to electron-cloud overlap. The ions must be forced to come closer together,
causing an increase in potential energy. This repulsive increase may be approxi-
mated as B/r'?, where B is another constant. Note that the increase in potential
energy is very rapid, as is shown by the dependence on interatomic distance s to
approximately the - 12 power.

By summing the attractive and repulsive contributions to the potential
energy, we get the total potential energy, U, of the bond as a function of its length,
ke

U= —+ 5 (4-1)
The most-stable bond length (r =d, in Fig. 4-2) is the one that has the lowest

potential encrgy, U,. Elcctrostatic attraction dominates for bond lengths larger
than dy, whereas repulsion dominates for smatter bond lengths
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in ' FIGURE 4-2 Schematic relationship between bond length, r, and potential energy of the bond,
7, U. The equilibrium bond length, do, has the minimum energy, U,.
Ld In stressing a crystal there is a forced displacement of ions from their
dl fequilibriu.m separation (dy). _Wheiher bond:ﬁ are lengthened or shortened, an
o mcrease in potential energy is prodL{ced (Fig. .4~2), which is called the elasric
o energy, or elastic strain energy. This energy is released when the atoms are
‘ allowed to return to their equitibrium, or stress-free, position (dg). Alternatively,
the elastic energy is the local source of energy for breaking bonds in permanent
ry deformation if the yield stress is exceeded or if time-dependent deformation
1 mechanisms are possible.
;‘ Now consider the force between the ions instead of their potential energy.
From physics we recall that the force between the two ions is equal to the negative
‘n of the rate of change of potential energy with distance. That is, the force at each
’ distance is equal to the slope of the potential energy curve (Fig. 4-2), which is the
i derivative of the potential energy equation (4-1):
’ p=9Y_ -4 128 (4-2)
dr r r

where compressive force is defined to be positive. The force equation is similar in
form (Fig. 4-3) 1o the potential energy equation (Fig. 4-2) because the difference in
the exponents of the two terms is so large. It is important to note that at
equilibrium (r = dy), the force between the two ions is zero because the attractive
and repulsive forces balance. A negative, or tensile, force is required to lengthen
the bond and a positive, or compressive, force is required to shorten it.
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FIGURE 4-3 Schematic relationship between bond length, 1, and bonding force, F. This curve is
the derivative of the potential energy curve in Figure 4-2. The equilibrium bond length, dp, has
zero nel force on the bond. The siope of the curve at d, is the elastic constant for the bond.

The force-distance curve is approximately a straight line near o, (Fig. 4-3),
which implies that any forced change in bond length 8r is equal to the change in
force, &F, divided by a constant E, or

&F = Edr (4-3)

where E is the slope of the force-bond-length curve, On a macroscopic scale, in
terms of stress o and strain e, Equation {4-3) becomes Hooke's law, the elastic
equation (o = Fe}, The elastic constant, E, is the first derivative of the force
equation and the second derivative of the potential cnergy equation.

To have any permanent nonclastic deformation, the applied force must be
large enough to break bonds, The critical force to break a bond is equal to the
depth of the bonding force-bond-length curve. It is never reached simultaneously
over most of the crystatl; normally, it is only rcached ncar imperfections that are
sites of stress concentration or are weaker. 1f it were not for imperfections, solids
would be orders of magnitude stronger and the surface of the earth would be a
different world.

Before Jeaving the subject of stress and elasticity on an atomic scale, let us
also consider the origin of thermal expansion. At absolute zero, Ty, and no stress,
the interatomic distance has an cquilibrium value o, with no vibration about that
position. Increasing temperature increases the thermal vibration about the equilib-
rium position. As illustrated on the potential-energy—bond-length curve (Fig. 4-4),
the thermal encrgy of the ion pair is (Uy — Uy) at temperature 7>, The bond
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FIGURE 4-4 Schemalic relationship between bond fength, r, and bond energy, U (from Fig. 4-
2), illustrating the effect of temperalure on bond length. The mean length of the bond increases
" with temperature giving rise to thermal expansion.

vibrates along the curve with mean displacements a and «' to either side of the Ty-
position {dy, Uy). The mean interatomic distance at temperature T is d», which is
larger than o, because the trough of the potential energy curve is asymmetric,
{a — dy) > (dy — @'). This is the origin of thermal expansion. With an increase in
temperature to T3, the bond length will expand to ds.

Because of the randomness of thermal vibration, any given bond at any
instant may have a length and energy considerably greater or less than the mean
values for that (emperature (¢» and U, for T, in Fig. 4-4). A few bonds may at
times have enough energy to break and form different bonds. The higher the
temperature, the more often there will be bonds with sufficient energy to break.,
For this reason the deformation mechanisms that involve diffusion, such as
Herring-Nabarro creep and dislocation ¢limb (see the next section) are more rapid
at higher temperatures.

Finally, most minerals have different bonds in different directions and
therefore have amsotropic thermal expansion and elasticity. If a crystal within a
rock is not fully free 1o expand or contract upon change in temperature, thermal
stresses develop, which can be important in rock deformation (see Chapter 6).

We have seen that stress on an atomic scale takes the form of forced elastic
displacement of atoms from what otherwise would be their equilibrium positions.
The increased potential energy associated with such forced lengthening or
shortening of bonds is either used in permanent deformation or is released if the
deforming forces are released and the atoms return to their stress-free positions.
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Bulk elastic properties of rocks are relatively insensitive to irregularities on
an atomic scale, such as missing atoms or lincar defects, because the strain is
distributed throughout the stressed material. Elastic strain is a bulk property o
which all the bonds contribute, In contrast, most permanent deformation, except
fluid flow, is concentrated in restricted zones controtled by irregularities, or flaws,
in the material that are sites of local weakness or stress concentration, Thus yield
stress depends very much upon flaws, whereas elastic deformation depends on
the types of bonding, erystal structure, and preferred orientation of crystals in a
rock. Cracks and grain boundaries also affect bulk elastic propertics at low
pressures.

PLASTIC DEFORMATION WITHIN CRYSTALS

Crystals arce highly regular and symmetrical arrays of atoms. Nevertheless, they
all contain large numbers of imperfections, both grown in and resulting from
subsequent deformation. The crystal structure is orders of magnitude weaker
because of these defects, and for this reason most plastic deformation within
crystals is associated with the motion of defects through the crystal in response to
applied stresses. We shall primarily consider point defects and linear defects that
can be made to move when stressed.

Point Defects

A variety of point defects have been recognized in crystals (see Fig. 4-5(a)),
including substitutional impurities, both self- and impurity interstitials, in which
atoms occupy sites not usually occupied, and vacancies, which are regularly
occupied sites that are left unfilled. Large, open structures like fluorite (Caly)
have Frenkel imperfections, in which an atom leaves its regular site and occupies
a nearby interstitial site; thus it is a vacancy—-seif-interstitial pair. lonic crystals,
such as halite (NaCl), may have Schottky imperfections, which are pairs of nearby
vacancies with missing atoms of opposite charge, thereby satisfying the iocal
charge balance. We primarily consider vacancies for purposes of illustration, but
more-complex point defects (such as Frenkel and Schottky imperfections) are
probably more important in rock-forming minerals.

A crystal containing a vacancy has more internal energy than a perfect
crystal. This fact is iliustrated in Figure 4-5(b), which shows the formation of a
vacancy by taking an atom from inside a crystal and removing if to the crystal
face. In this example it was necessary o break a total of ten bonds and form seven
bonds to produce the vacancy. A total of three bonds were left broken, which is
the energy required to form the vacancy.

Crystals contain more vacancies at higher temperature and fewer vacancics
at higher pressure, as is observed in thermal expansion experiments. Thermal
expansion of crystals can be measured in two ways: (1) The outside length of a
crystal may be measured as a function of temperature, and (2) lattice spacing may
be measured by X-ray diffraction as a function of temperature. The two methods
do not vield exactly the same expansion; the bulk thermal expansion is greater
than the lattice expansion. The difference is a result of the increased number of
vacancies with increasing temperature. The equilibrium number of vacancies will
form almost instantaneously within a crystal upon heating. It is possible to have
more than the equilibrium number by cooling the crystal quickly (quenching), by
stressing the crystal, or by bombarding it with protons or neutrons.

Vq.canmcs are qunc nnpostant f01 dlﬁuslon m sohds. as vacancies diffuse in
. Vilfica, ;
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FIGURE 4-5 (2) Simple kinds of point defects. {b) Creation of a vacancy at A, one
layer below the surface of the crystal, requires breaking five bonds of the atom at
B, moving it to C on the surface of the crystal and forming three bonds, breaking
tive sonds of the atom at A, and moving it to 5, forming four bonds. Thus the
energy required to form the vacancy is the energy of the net three bonrds broken,
(c) Vacancies piay an important role in solid-state diffusion. For example, atom Ais
moving into an adjacenl vacancy, atom B may then move into the hole left by A,
atom C may ther move into the hole ieft by &, and so on, producing a flux of one
atom downward across the crystal and one vacancy upward across the crystal,

former position of atom «. Diffusion without vacancies requires the atoms to move
in interstitial paths, which commonly require higher thermal energy. It has been
suggested that diffusion of vacancies might be an important deformation mecha-
nism in some parts of the mantle. This process, called Herring-Nabarro creep,
involves diffusion of vacancies toward crystal faces that are under compression
and concurrent diffusion of atoms in the opposite direction toward less-stressed
faces. Herring-Nabarro creep may be an important deformation mechanism at
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temperatures ncar the melting temperature (about 0.9 7,,, K), small grain size, and
at very low levels of differential stress. Al higher stresses other mechanisms
dominate, as is discussed later. Diffusion of vacancices is probably more important
in less divect ways in rock deformation—for example, in the motion of line defects
by the mechanism of climb, as we shall see shortly.

Translation and Twin Gliding

1t is possible to stress crystals so that they slip along some internal crystallograph-
ic plane. This process of stress-induced slip within crystals is called translation
gliding and is an important deformation mechanism in rocks, ice, metals, and
other crystalline solids. For example, Figure 4-6(a) schematically shows that one-
half of a crystal of halite (NaCl) has slipped past the other half along a single
internal plane A-A’. Translation gliding is observed along crystallographic planes
and directions that have a short distance between equivalent atoms, requiring a
relatively small disturbance of the crystal structure for unit slip. For this reason,
slip planes and slip directions have a relatively close packing of atoms; we would
expect it to be more difficult o slip along internal plane B-B' than plane A-A" in
Figure 4-6(a). Also, slip generally occurs in directions that do not juxtapose ions
of like charge; for example, ionic crystals such as halite slip parailel to planes and
directions of constant charge (for exampie, plane A-A" in Figure 4-6(a), but not
plane C-C’). A particular crystallographic plane and direction along which slip
may occur is called a slip system,

A second mode of transiation within crystals is stress-induced twinning, or
twin gliding. For example, Figure 4-6(b} schematically shows a band in the calcite
lattice that is sheared 38.2° into a twinned state, the mirror image of the
undeformed structure. Note that the total amount of shear a crystal may undergo
is crystaliographically fixed in twin gliding-—38.2° in calcite; once the entire
crystal is sheared to the twinned orientation, further deformation by this mecha-
nism is impossible. In contrast, shear by translation gliding may assume any
value. Twin gliding is a common deformation mechanism in plagioclase feldspar,
dolomite, and calcite (Fig. 4-1). However, not alt twinned crystals are formed by
deformation; formation of twins during crystal growth is also common.

Early in the study of plastic deformation of crystals, it was learned that there
is a critical value of the shear stress (acting on the slip planc and in the slip
direction), below which translation gliding will not occur for a given temperature
and strain rate. This behavior in crystals is given the name Schmidi’s law of
strength, which states that there exists a critical shear stress required for slip on
any slip system. It is important to note that this critical shear stress is independent
of the normal stress acting across the slip plane. This is in contrast with frictional
behavior, which is observed across interfaces of low contact area or atomic
cohesion. The critical shear stress for frictional slip is equal to the normal stress
times the coefficient of friction (see Chapter 7).

If a crystal will slip along a certain plane and direction, it will also slip along
all symmetrically equivalent planes and dircctions by virtue of the crystal’s
symmetry. For this reason crystals of high symmetry have many slip planes and
directions. Slip starts first on the systems with the lowest critical shear strength,
As slip proceeds, the different slip systems may start to interfere, for reasons we
shall see, and increased stress is required for continued siip. The stress may get
high enough to aclivate other slip systems of higher critical shear stress, This
increase in stress required for continued deformation is called work hardening,
well known in metals.

The individual crystals in a rock, or in any polycrystalline material, have
many different orientations, so that their slip systems have many different
orientations with respect to an applied stress. A slip system may operate in one
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FIGURE 46 (a) Translation gliding of halite (NaCl} along the plane A-A". (b) Twin gliding of
calcite (CaCQyg). Note that the amount of slip is crystaliographically controlied to be 2k 1an(38.2%
2}, where h is the thickness of the twin band. in contrast, the amount of slip is unlimited
crystallographicatly in transiation gliding.
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grain, but not in another. If the rock is to deform homogeneously at constant
volume, there must be at least five independent active stip planes and directions.
However, only four active planes may be required for heterogeneous deforma-
tion. If there are fewer active slip systems, the material will not be able to deform
without voids opening along grain boundaries, which are in effect cracks that lead
to fracture (see Chapter 5). Which slip systems operate at a given stress varics
with temperature and strain rate; for example, Figure 4-7 shows the dominant slip
systems observed in experiments on olivine as a function of temperature and
strain rate. In some cases the transition between fracture and flow may be eatirely
due to an increase in the number of slip systems; for example, there are fewer slip
systems in iron at lower temperatures, which accounts for some cold-weather
failures of bridges and ships.

Motion of Dislocations

The stress required for simultaneous slip of all the atoms along an atomic plane by
transiation gliding apparently should be a periedic function due to the periodic
crystal structure because all the bonds must first be broken and then reformed as
the atoms reach the next equivalent lattice site. In 1926 Frenkel estimated that the
maximum stress to produce the simultaneous slip should be about 3 the shear
clastic modulus of the crystal (about 10* MPa). More elaborate estimates and
subsequent experiments with perfect-crystal whiskers and perfect analog cystals
of bubbles have borne out this e¢stimate. In contrast, the observed critical shear
stress, in all but these special experiments, is about 107" of the shear modulus.
This observation that crystals are orders of magnitude weaker than predicted for a
perfect crystal led to the idea that slip starts at local imperfections.

In 1934 Taylor, Orowan, and Polanyi proposed the existence of dislocations,
a type of line defect that would be the important imperfection for translation
gliding. A dislocation in its simplest form is the fermination of an extra plane of
atoms (Fig. 4-8). This lincar defect in the crystal structure can be made to move in
response to shear stress, thereby producing slip within the crystal, For example,
in Figure 4-9 bond « is broken and bond b is formed, therchy shifting the
dislocation one lattice dimension 1o the right with respect to the atoms of the
crystal. Continued slip will move the dislocation out to the edge of the crystal,
thereby producing a step of one iaftice dimension on the grain boundary and
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FIGURE 4-8 Schematic block diagram of an edge dislocation in a cubic latlice. The Burger's
veclor, b, is defined as the closure vector for the loop counted around the dislocation. The
tangent vector, t, is defined to lie parallel to the dislocation fine. The Burger's and tangent vectors
are perpendicular for an edge dislocation; in contrast, they are parallel for a screw dislocation
(Fig. 4-12). The slip plane contains the Burger's and tangent vectors.

leaving a crystal with fewer imperfections behind. The stress required to slip just
one half-planc of atoms at a time is much less than the stress required to slip along
the entire atomic surface simultaneously. Since this initial proposal in 1934,
dislocations have been observed directly in a wide variety of crystalline materials,
including most important rock-forming minerals.

Dislocations were first observed by etching cleaved crystals, In fact, they
were observed in the nineteenth century long before dislocations were even
proposed; it just was not known what they were. If a newly cleaved surface is
etched in the proper way, the materia dissolves somewhat more readily where a
dislocation [ine intersects the cleavage face, thereby forming an etch pit. The
material around the dislocation is more soluble because the erystal structure is
distorted. The three-dimensional shape of the dislocation line may be mapped out
by continuing to dissolve away the crystal in a succession of grindings and
etchings; in this way it was learned that dislocations form closed loops.

Dislocations can also be viewed under a petrographic microscope in a
translucent crystal if an opaque material precipitates along the dislocation line; for
example, substitutional-impurity and interstitial atoms may diffuse into the
dislocation, thereby “decorating” it. Therc are a number of experimental
techniques for decorating dislocations, and occasionally disfocations are naturally
decorated. Olivine, the main constituent of the upper mantle, may be decorated

- by heating in air at 900°C for an hour or so (Fig. 4-10). The ferrous iron in the
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FIGURE 4-9 The glide of an edge dislocation through a lattice in response to a shear stress.
Bond a breaks in response to an applied stress and bond b forms, thereby moving the
dislocation one Burger's vector. The atoms of the initial half-plane are shown in black.

olivine is unstable under these conditions; it oxidizes preferentially along the,
dislocations, making them visible. The dislocation loops in olivine are not smooth
curves, but are composed of straight segments, each with a specific crystallo-
graphic orientation.

The most direct way of sceing dislocations is with a transmission electron
microscope. Highly accelerated electrons can penetrale thinned sampies of
minerals, and photographic images of the dislocation fines may be obtained (Fig.
4-11). Much of our detailed understanding of plastic deformation due to motion of
dislocations has come from transmission electron microscope studies on rocks
and minerals deformed in the laboratory and naturally.

The observation that dislocations commonly form closed loops tells us they
have a more complex geometry than just the end of the extra half-plane shown in
Figure 4-8. The crystal structure of a dislocation and its orientation to the slip
direction must change along the loop. These changes are commonly described by
two quantities, the tangent and Burger’s vectors. The tangent vector t is defined
to be parallel to the dislocation line; its direction varies along the dislocation. The
Burger's vector b, also called the slip vector, is traditionally defined by counting
out a closed loop of unit crystallographic spacings around the dislocation line. For
example, in Figurc 4-8 we count six units to the left, six up, six 1o the right, and six
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FIGURE 4-10 Ogptical photomicrograph of decorated dislocations in olivine. The orthogenal
geometry of the disiocation lines reflects a strong crystallographic control on dislocation
geometry, which is common in olivine.
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FIGURE 4-11 Transmission electron micrographs of dislocations. The end points of the dislocations
lie at the edge of the plane of focus in the crystal. (a) Nearly paralle! set of disiocaticns in plagioclase
feldspar. Dislocation density is 5.0 x 10% em 2 Naturally deformed quartzo-feldspathic gneiss near
Prince Rupert, British Columbia. (b) Free dislocations in quartz. Dislocation density 4.3 x 10% ¢m”2,
Permian Verrucano Formation, low greenschist facies, Switzerland. {¢) Tangled dislocations in quariz.
Disiocation density 2.6 » 10% cm ™2, Triassic Mels Quartzite, Switzerland. {d) Free dislocations and two
walls of dislocations in Mels Quartzite. (Micrographs courtesy of B. Douglas and L. Pringle.)
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down; the loop does not close because of the distocation. The closure vector, b, is
he Burger's vector. For normal dislocations the length of the Burger’s vector is
n integral number of lattice spacings, usually one, and its orieniation and
magnitude is a constant along the dislocation line. The plane containing the
angent vector and the Burger's vector is called the slip plane.

There are two simple types of dislocations: (1) the edge dislocation {Fig. 4-
, with the tangent vector perpendicular to the Burger's vector, and (2) the screw
sdislocation, with the tangent vector parallel 1o the Burger’s vector. The screw
~dislocation has no intrinsic slip plane and does not need to move in the slip plane
of the related edge dislocation. 1t is called a screw dislocation because the atomic
splanes spiral around the dislocation (FFig. 4-12). Except when dislocation loops are
trongly controlied crystallographically, as in olivine (Fig. 4-10), a dislocation
-will, in general, have some mixture of edge and screw components.

The two apposite points of the dislocation loop with pure edge component
have their extra half-planes on opposite sides of the slip plane, one pointing up and
ne pointing down. Similariy, the 1wo opposite points with pure screw component
piral in the opposite sense. These opposing segments of the dislocation loop have
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FIGURE 4-12 Schemalic block diagram of a screw dislocation in a cubic laitice. Nole that the
‘Burger's and tangent vectors are parallel for a screw dislocation in contrast with edge
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tangent vectors of opposite sign, and if two dislocations of opposite sign are
brought together, they will merge to form a perfect crystal. For example, if a
dislocation leop were shrunk down to zero size, no trace of it would be left, just
perfect crystal.

When a dislocation is swept out of a crystal in response to an applied shear
stress (Fig. 4-9), a step is left on the crystal face one Burger’s vector wide—for
example, 7 A in olivine. Clearly, a very large number of dislocations must be
moved to produce a noticeable deformation. How many dislocations are there ina
crystal—are there cnough to produce the strains we obscrve? We can measure the
dislocation density, for example, by counting the number of etch pits per unit
area, which is equivalent to the length of dislocation line per unit volume.
Undeformed crystals have a density of about 10 to 10%cm?, whereas densities
may be as high as 10¥ to 10**/cm?® in the same crystal after plastic deformation at
relatively low temperature. Clearly, there are mechanisms that produce new
dislocations during deformation; crystals are notl at a loss for dislocations.

One of the simplest dislocation sources is the Frank-Read souwrce, an
example of which is a mobile segment of an edge dislocation that is pinned by
immobile segments at cach end (Fig. 4-13). Given the critical shear stress on the
slip plane, the mobile segment will bow oul like a rubber band and finally loop
back on itself. The two opposite sides of the dislocation—where they touch—are
screw segments of opposite sign, so they merge to form a complete distecation
loop plus the original Frank-Read source back again. The process continues,
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FIGURE 4-13 Schematic operation of a distocalion source composed of a mobile segment of
an edge dislocation pinned by immobile segments at its end peints A and A, As a shear stressis
applied to the slip plane, the dislocation segment bows ocutward, being pinned at points A and A,
as shown on the left. The arrows show the direction of motion of the disfocation line. Al the {ast
stage shown on the left the two oppoesite sides of the loop S and S’ are about to touch, creating a
complete new dislocation Icop and preserving the source to create more loops, as shown on the
right, B-B' is a cross section in which the edge dislocations are shown with the symbol T; an
upright T has a downward-extending half-plane, whereas an upside-down T has an upward-
extending half-plane. Cross section C-C' shows the opposite spiral sense of screw distocations
an opposite sides of the disiocation loop,
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forming thousands of loops; the area inside each successive loop has slipped one
Burger's vector more than the area outside. The stress needed to activate a
dislocation source is thought to be the critical shear stress for translation gliding
(Schmidt’s law). Therefore, dislocation sources are the most important crystal
imperfections for flow by motion of dislocations.

As deformation proceeds, the dislocations from all the different ship systems
get tangled up, making further deformation more and more difficult. In the
following paragraphs, we consider three mechanisms by which dislocations
become more difficult to move and result in work hardening.

1. Self-Stress Field. Dislocations induce a self-stress field because they
disturb the normal crystal structure. For example, the end of the extra hatf-plane
in an edge dislocation (Fig. 4-8) causes a compressive stress field above the end of
the half-plane and a tensile stress field below. This scif-stress field dies away in
proportion o one over the square of the distance from the dislocation. Self-stress
fields of nearby dislocations interact and cause some dislocations to repet each
other and others atiract. For example, two edge dislocations of the same sign lying
on the same slip plane repel cach other, whereas two edge dislocations of opposite
sign attract each other. In general, the more dislocations within a crystal, the
higher their total repulsion and the higher the stress required to move them.

Therefore, as deformation proceeds—producing more dislocations—the
stress required to continue deformation increases. There is, however, a limit to
the number of dislocations because some are always leaving the crystal or are
being annihilated by dislocations of opposite sign. At any temperature a steady
state is soon reached at which the density of dislocations, py, does not change with
time. Al steady state there is a regular relationship between dislocation density
and deviatoric stress, A, squared:

ps = CA? (4-4)

where C is a constant nearly independent of temperature. Figure 4-14 illustrates
this relationship for experimentally deformed quartz and olivine. This experimen-
tal relationship has been used to estimate paleostresses in naturally deformed
samples for which dislocation density is known; for example, typical stress
differences estimated from deeply eroded plastic fault zones in a number of
regions are 100 to 200 MPa, based on dislocation densities in quartz (Kohlstedt
and Weathers, 1980),

2. Dislocation Pileups. A second mechanism by which dislocations become
difficult (o move invelves immobile impurities. If' an immobile, very tightly
bonded impurity lies in the slip plane, an edge dislocation will not be able to slip
through it (Fig. 4-15). As more dislocations encounter the obstacle, they tend to
pile up because they are repelled by the other dislocations in addition to the
impurity atom. The obstacle can be sidestepped if the temperature is high enough
for diffusion of atoms or vacancies 1o the dislocation, thereby moving the edge of
the extra half plane and the slip plane down or up (Fig. 4-13); this important
process is called dislocation climb.

Glide (Fig. 4-9) and climb (Fig. 4-15) are the main mechanisms by which
~ dislocations move through crystals. The velocity v at which dislocations move by
~ this combination of mechanisms is observed experimentally 1o be proportional to
the deviatoric stress A;

v o= kA (4-5)

where & is a constant that is a strong function of temperature because diffusion is
involved in climb,
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FIGURE 4-14 Experimentally determined relationship between dislocation density and devia-
toric stress for quariz and clivine. {Kohistedt and Weathers, J. Geophys. Research, v. 85, p.
6269-6285, 1980, copyrighted by the American Geophysical Union.)

-
k= Kexp| == 4-6
' P\ &7 (4-8)
where K is another constant, R is the gas constant, 7 is the absolute temperature,
and ¢ is the activation energy. The climb velocity of dislocations, v, becomes
large as temperature, 7, increases. As a result work hardening is Jess important at
higher temperatures because pite-ups are circumvented.

3. Jogs. A third mechanism of work hardening is the production of
immobile jogs in dislocation lines when dislocations of different slip systems move
through one another. For example (Fig. 4-16), if an edge dislocation d; moves
through a perpendicutar edge dislocation s, it will offset, or jog. it by one
Burger’s vector, by. If the two dislocations have perpendicular Burger's vectors,
as is the case in Figure 4-16, the jogged segment of the second dislocation (efn) will
also be an edge dislocation, but with a slip plane perpendicular to the main
segment of dislocation. Recalt that the slip planc is the ptane containing the
disfocation line and Burger’s vector. The second dislocation (5} will now be more
difficult to move because the jog will not, in general, glide at the same stress as the
rest of the dislocation; climb is required. Under these conditions, the jog acts as a
drag on the dislocation (Fig. 4-16) and only can be made to move by diffusion of
vacancies to it. Motion of jogs and climb around obstacles are favored by
increased temperature because they involve diftusion.

In the previous paragraphs we have seen that temperature exerls an
important control on plastic deformation because of the strong temperature
dependence of climb (Eq. 4-6). For this reason we can qualitatively divide plastic
deformation into (I) low-temperature plastic deformation displaying important
work hardening, sometimes called cold working, and (2) high-temperature defor-

‘mation, or ot working, disptaying relatively little work hardening. These (wo

modes of deformation produce significant differences in the microstructure of the
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\\\Tighzly-bonded
impurity

Glide

FIGURE 4-15 Schematic illustration of change in slip plane by dislocation ¢limb. in the upper
feft the edge dislocation is unable lo pass freely through the lattice because of the tightly bonded

impurity, The disiocation climbs to a higher slip plane by diffusion of vacancies into the
dislocation line.

rock, which can be most casily understood if we first discuss the effects of
annealing. ]

A crystal that has been deformed at low temperature has many more
dislocations than its undeformed equivalent (for instance, 10%cm? vershs
10%cm?); as a result the deformed crystal has much more internal energy because
of the large strain energy of the distorted crystal lattice that surrounds each
dislocation. The lower-cnergy state with fewer dislocations is always more stable,
so there is a tendency for deformed crystals to (1) group their dislocations in a
more stable configuration, {2) aliow dislocations to migrate out, or (3) recrystallize
to form new strain-free grains. Each process of reducing the internal energy
involves diffusion and is therefore more rapid at higher temperatures. For
example, if we anneal & cold-worked material—that is, we heat it to a sufficient
temperature that diffusion is rapid—most of the dislocations will either disappear
or be grouped in more stable configurations.

The main mechanisms of annealing within individual crystals are (1) climb of
dislocations of opposite sign to the same slip plane, where they merge to form a
perfect lattice, (2) sweeping of disfocations out of the ¢rystal through climb and
glide, and (3) climb of dislocations into subgrain walls (Fig. 4-17). This last
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FIGURE 4-18 Creation of a jog of length by in edge dislocation d, by being crossed by the
perpendicular edge dislocation dy. The jog has the same Burger's vestor, by, as lhe rest of the
dislocation, but its ship plane, containing the Burger's vector and dislocation line, is perpendicular

to the rest of the distocation. Therelore, the jog creates a drag on the dislocalion, as shown on
the right, because it normally requires diffusion for its motion.

{a)

FIGURE 4-17 Polygonization of a de-
formed crystal. (a) Segment of a bent
crystai lattice in which the changes in
crystal length are accommodated by
edge dislocations {also see pending in
Fig. 4-8). (b) After annealing, the disloca-
tions have arranged themselves by climb
into walis to form subgrain boundaries,
producing a poiygonized crystal in which
sach subgrain has a shghtty different
orientation. {1}

Subyrain

Subyraing houndary

process, called polygonization, concentrates the dislocations into planes, or wails,
that bound regions of low dislocation density, which have siightly different
crystallographic orientation; the process is called polygonization because it
divides a single crystal into a number of subgrains that arc misorientcd by less
than a few degrees. Another important annealing process, not confined to single
erystals, is recrystalfization by the growth of new strain-free grains of quite
different orientation at the expens¢ of higher-energy deformed grains.

The annealing processes of polygonization and recrystallization are not
confined to static heating foliowing cold working. During hot working, dislocation
multiplication, glide, and climb, polygonization, and recrystallization may all
operate concurrently.
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Optical Microscopic Observation of Plastic
Deformation and Annealing

Optical effects of plastic deformation and annealing can be observed in standard
thin sections of many rocks under the petrographic microscope, in many cases
allowing us to infer the deformation mechanisms that have operated. Here we
discuss microscopic observation of plastic deformation within crystals, which is
possible because the deformation is generally inhomogeneous, causing the
crystals to bend, and because most minerals are optically anisotropic, allowing us
o see how they are bent.*

Most common rock-forming minerals are optically anisotropic, which means
the refractive indices are a function of direction within the crystal. An important
resuit of this anisotropy, for our purpoeses, is optical extinction. If a thin section of
a crystal is viewed through a petrographic microscope with polarizing filters
above and below the thin section with their polarization directions at right angles
(crossed polarizers), then there are generally two orthogonal orientations of the
crystal lattice with respect 1o polarizers at which the crystal transmits essentially
no light and appears black (Fig. 4-18), These two orthogonal orientations of the
crystal are called the extinction directions and are crystallographically controlled,
The standard petrographic microscope has a rotating stage: as the thin section is
rotated, anisotropic crystals in most orientations flash to extinction every 90° (Fig.
4-18).

If a crystat is homogeneous and undeformed, it will flash to extinction
simultancously throughout, showing homogeneous or straight extinction (Fig. 4-

Crystals in Crystals under
plain light crossed polarizers

L
-*“_;_b- T —

Homogeneous

extinction
——
Polarization

Extinction directions of  FIGURE 4-18 Schemalic drawings of

dlrect;c;ns of MICOSCORE  ryetals viewed through a petrographic
crystallattice microscope. Under piain light, as shown

F 1?;?.2532?:15 1o the left, all the crysials appear transiu-

* o - cent. Under crossed polarizers, as

shown to the right, the crystals will ap-
pear biack if their extinction directions
/ are parallel to the polarization directions
of the microscope. If the extinction and
polarization directions are not parallei,
the crystals will be translucent. Thus de-

formed crystals will commonly exhibit in-
e homogeneous, undulose extinclion, as
shown at the bottom, whereas unde-

Deformed Undulose formed crystals will generally show ho-
crystal extinction mogeneous extinction.

*It is beyond the scope of this book 1o explain fully the oplical properties of anisotropic

crystals, a topic already known to many readers. See, lor exampie, Bloss (1961). The primary oplical

- preperty of concern to us is undulose extinction. Alse more extensive discussions of deformation

textures are given by Spry (1969), Carter and Raleigh (1969}, Nicolas and Poirier (1976), and Hobbs,
Means, and Williams (1976).
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FIGURE 4-19 (a) Undulose extinction in quartz from quariz diorite,
southemn California. (b) Polygonization in large quartz crystal. Sub-
grains appear as sharply bounded regions of slightly different tone in
the grey regions at extinction. New grains of quartz formed by
recrystaliizalion are about the same size as the subgrains, but have
a very different orientation from the deformed farge grain. Deformed
quarlz pebble from lale Precambrian conglomerate, Appalachians. {b}

18) because the crystal structure is in the same orientation everywhere. In
contrast, if the crystal structure is bent through plastic deformation, the extinction
directions will bend through the crystal, causing the extinetion to be nonhomoge-
neous and sweep across the crystal in a complex pattern as the thin section is
rotated (Figs. 4-18 and 4-19). This complex sweeping of extinction is called
undulose extinction and is a common oplical effect of plastic deformation scen in
many rock-forming minerals, especially quartz. Thus we may casily sce if a
crystal is hent or not.

The detailed pattern of undulosce extinction reflects the degree of polygoni-
zation of a crys(al. If the extinction sweeps smoothly across a deformed crystal,
then there is little or no polygomzation, at least on an optical scale (Figure 4-
19(a)}, whereas if the extinclion sweeps slepwise across a crystal, as shown in
Figure 4-19(b), the crystal is polygonized at an optical scale. Fach small arca of
homogeneous extinction is a subgrain, and their boundarics are subgrain bound-
aries. Hot-worked crystals commonly display undulose extinction within individ-
ual subgrains, indicating continued deformation during or after polygonization.

The bending of crysials, which is so common in plastic deformation of rocks,
is caused by nenhomogeneous siip, which produces rotation of one part of the
crystal with respect to the rest (Fig. 4-17). The axis of external rotation, which
may be measured on a petrographic microscope using a universal stage that allows
both tilt and rotation of the sample, must hie in the slip plane and be perpendicular
to the slip direction (Fig. 4-20). This imporiant fact allowed the determination of
many of the important slip systems in minerals long before they were verified with
the transmission electron microscope.

Nonhomogeneous slip in many minerais is concentrated in narrow kink
bands (Fig. 4-20), some of which have sharp angular hinges and others more
rounded. Examples of crystallographic kink bands in biotite and pyroxene are
shown in Figure 4-21. The orientation of & kink band is closcly related 1o the
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FIGURE 4-20 Schematic kink band in
crystal produced by inhomogeneous slip.
The slip, or Burger's, vector is paraltel to
the page and the slip plane is perpendic-
ular to the page; therefore, the axis of
external rotation is perpendicular to the
page. The angle of external rotation is
labeled 8.

- FIGURE 4-21 (a) Kink bands in bictite. {b) Kink bands in orthopyroxene.

oricntation of the slip plane and direction. The axis of external rotation must be
parallet to the line of intersection of the slip plane and the band boundary: it must
be perpendicular to the slip direction, Furthermore, since plastic deformation of
“crystals is a constant-volume process, the internal and external angles ; and v,
. (Fig. 4-20) must be equal. For this reason, the band boundary starts perpendicular
to the slip plane and sweeps through the crystal as the band grows (Fig. 9-37).
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Kink bands also form in rock layers, but they do nol maintain constant volume
{sec Chapter 9}.

The nonhomogencous plastic deformation that is recorded in undulose
extinction, kink bands, and twin bands allows us to determine the approximate
orientation of the stresses that produced the deformation. The method is most
casily illustrated using twin gliding in calcite {Figs. 4-1 and 4-6(b)). Calcite
mechanically twins in response to shear stress, the C-axis of the twinned part
rotating 52°30" with respect to the rest of the erystal. Twin gliding obeys Schmidt's
law and is generally thought to take place by a special type of dislocation motion,
but it differs from translation gliding in that twinning has a unique sensc of slip.
The optimum orientation of the maximum and minimum principal stresses (o and
o) for twinning a calcite crystal would be 45° (o the twin plane becavse shear
stress is a maximum on a plane of this orientation (Figs. 3-24, 4-6{(b}). Further-
more, the optimum orientation of the intermediate principal stress, oy, should lie
in the twin plane perpendicular to the slip direction, parallel to the axis of external
rotation, so that the maximum shear stress on the twin plane is oriented in the slip
direction. Let us call these optimum orientations of the principal stresses with
respect 10 a given twin o, o4, and ai. In general, the actual stresses producing the
twin witl be somewhat different from this optimum orientation; therefore, the
actual deviatoric stress would have been farger than the minimum vajue for twin
gliding in a perfectly oriented crystal. Far this reason, in a rock composed of many
caicile crystals of all orientations, some calcite crystals will twin and some will
not. By measuring the optimum orientations of the stresses (o, o3, o3) for cach
grain that did twin, we can determine their mean orientations for the entire rock,
which are taken to be the actual stress orientation during plastic defermation.

This method of estimating orientations of stress assumes there is fittle
preferred orientation of the crystals in the rock and that you can tell which parts of
the crystals are twinned and which are not, something that is difficult in strongly
deformed rocks. Strictly speaking, this method does not determine stress orienta-
tion becausc stress is instantancous; a ime summation or average is determined.

FLOW BY PRESSURE SOLUTION

Many rocks show cvidence under the microscope that they have flowed, but not
by the mechanisms of dislocation glide and climb discussed above. Instead of
observing undulose extinction and polygonization within crystals, we see crystals
that have been flattened by dissolution along their edges. For example, the quartz
grains in Figure 4-22 are strongly flattened by dissolution. Under crossed
polarizers we would see thal the grains are not internally deformed, showing no
undutose extinction. The sandstones in Figure 4-22 have shortened perpendicular
to the cleavage plane by dissolution along grain boundaries, apparently in
response Lo compressive stress. This deformation mechanism, known since the
earliest examination of rocks under the petrographic microscope over 100 years
ago, has been generally called pressure solution.

Where does the dissolved material go? The answer is not immediately
obvious in many specific cases, but in general the disselved material is known to
precipitate in veins and pores and (o form overgrowths on grain boundaries
oriented perpendicular to extension directions; some dissoived material may leave
the rock, as discussed in Chapter {0. The precipitation of the dissclved material is
iltustrated in the photomicrograph of a deformed quartz sandstone in Figure 4-
22(a). Grain contacts parallel to the foliation have been flattened by dissotution of
material previously making up point contacts belween grains, whereas the grain
contlacts perpendicular to the foliation have opened up and the space is filled by
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EIGURE 4-22 Pressure solution of quartz sand grains. The grain contacts parallet to the
foliation show {lattening by dissolution. Grain contacts perpendicuiar to the loliation have opened
up with the space fitted by fine-grained fibrous crystals of quartz and chlorite oriented parallel to
the extension direction.

newly precipitated fibrous quartz and chlorite. The long axis of the fibers records
the direction of clongation of the rock. As a result of this systematic dissolution
and precipitation, the rock as a whole shortens perpendicular to the foliation and
stretches paraliel to the foliation in a relatively homogencous manner.

Some pressure solution is much less homogencous. For example, many
fimestones undergo substantial low-temperature deformation by dissolution along
bedding planes and preexisting fractures that are subject to compression. Many
centimeters of rock can be dissolved along these surfaces: therefore, they are
commonly lined with a layer of insoluble residue. Because one or the other wall of
the fracture is locally more soluble, the surface of dissojution develops a highly
frregular, toothed shape: these irregular surfaces of dissolution are called srylo-
lites (Fig. 4-23(a)). The teeth of the stylolites are normal to preexisting fracture
surfaces that are perpendicular to the principal compression, whereas the axes of
the teeth are inclined to fracture surfaces that experience large shear stress. The
axes of the styfolite teeth are quite regular in orientation—probably parallel to the
oy direction. For example, Figure 4-23(b) shows the regular pattern of orientation
of stylolite tecth through the Pliocene Jura fold belt; the teeth are oriented roughly
perpendicular to the fold axes, which is the predicted orientation of ¢,. Most of
these stylolites formed at depths of 1 km or less,

The precise mechanisms of pressure solution are not well documented;
nevertheless, a qualitative explanation of the relationship between stress and
dissolution can be given as follows. The minerat grains in a rock are more highly
compressed ncar grain boundaries oriented perpendicular to the maximum
compression or at poinl contucls of sand graing in sediments than along less-
compressed grain boundaries or along the walls of fluid-filled cracks and pores.
The highly stressed point contacts of the grains have a higher mean stress and
“therefore have more internal encergy than the same mineral elsewhere in the rock
because the bonds are more highly compressed and thus contain more elastic
energy. Because of this greater internal energy, Lhe stressed solid is less stable and
“more soluble in the pore fluid than the less compressed solid. The increase in
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FIGURE 4-23 (a) Schematic drawing of refationship among perpendicular and
oblique stylolites, sliding surfaces, and veins in deformation of limesiones by
pressure soiution. (Modified after Arthaud and Mattauer, 1969.) {b) Map pattern of
horizontal stylolite axes in the Pliocene Jura foldbelt of Switzerland and France.
This map may approximate the orientation of the maximum compressive stress .
{Simplified from Plessmann, 1972.)

solubility, 8C, caused by an incrcase in mean stress or pressure, 8oy, I8
approximately

5C = Cn((,ﬁcr,..v."[{'l‘ . l) (4__7)

where Cq 1s the initial solubility, V is the molar volume, R is the gas constant, and
Tis the absolute temperature. The diffusion of material from points of high stress
to points of low stress lakes place because of the concentration gradient, dCidX;,
the diffusion rate, or flux, J, being

dC

J; = W‘DHE
g

Lj=1,2,3 (4-8)
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which is Fick's first law of diffusion. Dy 15 the diffusion coefficient. The
concentration gradient, which is produced by the stress difference, drives the
diffusion. For this reason, pressure solution is sometimes called grain-boundary
diffusion flowe.

The ratc of diffusion should decrease with grain size because the larger the
grain the greater the distance to diffuse, This prediction agrees with the observa-
tion that pressure solution is more important in finer-grained rocks. Pressure
solution also is developed more strongly in rocks having fine-grained clay between
the sand grains.

COMPACTION

Compaction, the final mechanism of distributed deformation that we will consid-
er, is important in the deformation of sediments, either due (o loading by overlying
sediment or to tectonic loading. Compaction is apparently also important to the
mechanics of extraction of magma from partially melted rock in the mantle or
lower crust. Most geologically important compaction involves the removal of a
fluid phase from a porous solid: however, the fluid is negligible or absent in some
cases, as in compaction of hot volcanic ash or lunar soil. We consider here the role
of fluid flow and fluid pressure in compaction.

When sediment is first deposited, it contains substantial interstitial water.
The volume percentage occupied by the fluid, or voids, is calied the poOrosity, ¢:

(4-9)

where Vyand V, are the volumes of the fluid and solid, respectively. Another
uscful measure is void ratio 0., defined as

Y
v

&

G, = (4-10)
As more and more sediment is piled on top, the sediment in question undergoes
compuction—reduction in porosity—in response to the overlying load. The
granular framework cannot support the additional load and therefore deforms to a
more-stable, less-porous configuration that can support the overburden.

Some muds at the sea floor have porosities as high as 80 percent, whereas
Paleozoic shales buried to a depth of a kilometer or two may have a porosity less
than 10 percent. Sandstones may have initial porosities as high as 45 percent, but
soon after burial are reduced 1o 30 percent or even much less if they have a wide
variely of grain sizes. Typical petroleum reservoir sands have porositics in the
range of 10 to 30 percent.

The more deeply a sediment is buried, the lower its porosity, as a general
tule. Figure 4-24(a) shows some observed porosity-depth relationships for shales
from the Palcozoic of Oklahoma and the Tertiary of the Texas Gulf Coast amd
Venczuela. Observations such as these lead to an empirical relationship between
poresity and depth z in well-compacted sediments, called Athy's law:

b= e {(4-11)

where &y and @ are constants that vary with the sediment type and geologic
province. Furthermore, there may be some relationship between age amnd state of
compaction. Older sediments are more fully compacted, suggesting that compac-
tion may be a time-dependent process. Compaction cannot occur instantanconsly
because it takes time for the pore fluid to leave the sediments and beenuse time-
dependent mechanisms like pressure solution are important in some compaction,
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FIGURE 4-24 (a) Compaction of shale as a function of depth in several areas. {Data from
Hedberg, 1938.) (b) Schematic relationship between degree of undercompaction and excess
fluid pressure.

A compiete theory of compaction would require consideration of the
geometric details of the granular framework and all the deformation mechanisms
operaling Lo deform it—for example, grain fracture, plastic deformation, pressure
solution, and slip of grains past one another. This understanding is fargely
unavailable, although different deformation mechanisms and granuiar geometries
will in general lead to different constants in the porosity-depth equation (4-11).
The best understood aspect of compaction is its relationship to pore-fluid
pressure.

The behavior of a fluid-filled sediment undergoing compaction can be
illustrated with Terzaghi's model, widely used in soil mechanics. The schematic
model (Fig. 4-25(a}) consists of a chamber containing perforated plates separated
by elastic springs. The assemblage of springs and plates is meant to model the
solid granular framework of a sediment and the perforations would model its
permeability. If we suddenly apply a force or weight W to the top, the structure
will immediately compact so that the load supported by the springs § is equal to
the applied weight,

We=§ (4-12)

The load § supported by the springs represents the stress supported by the solid
granular framework of a sediment, called the framework stress.

If, instead, we fill the apparatus with water, it behaves in a substantially
different way (Fig. 4-25(b)). Initially, the water is at an cquilibrium fuid pressure,
P., determined by its density and depth:

1)(, = szo oz (4‘13)
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FIGURE 4-25 Terzaghi's analog model of sadiment compaction, consisting of a movable
chamber containing springs. porous plales, and a Wube to measure the fluid pressure. (a) The dry
apparatus compacts almost inslantaneously in response 10 the load, W. (b} The waterfilled
apparatus responds 1o the load with a sudden increase in water pressure. As the water leaks out,
.the apparatus compacts untif the pressure returms to the hydrostatic value (pgz).

- Immediately after the load W is applied to the top, the fluid pressure, Py is

w

= D o -

P 1"+A (4-14)
where A is the area of the plate. In contrast with the dry case (Fig. 4-25(a)), the
springs support none of the applied load initially and do not compress. It is only as
the fluid is aflowed to leak out and the excess fluid pressure (Pr— P,) decays
away that the apparatus is able to compress and support some of the applied load.

At this stage the weight is supported partly by the springs and partly by the fluid
Cpressure;

W - (IDJ' . pllg()gZ)A -+ S (4“}5)
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The apparatus will finally stop compressing when the fluid pressure retarns to
equilibrivm (Eq. 4-13), at which point the load is supported entirely by the solid
framework.

Compacting weak sediments, such as mudstones, behave in a manner that is
very similar to Terzaghi's model, although most of the deformation is nonclastic,
Sediments that are less compacted than the equilibrium porosity for their depth,
described by Equation 4-11, have fliid pressures that are higher than the
equilibrium or hydrostatic fiuid pressure. The relationship between shale density
and fluid pressure in a well is shown schematically in Figure 4-24(b). The amount
of excess fluid pressure is direetly related to the degree of undercompaction of the
sediment. If an undercompacted sediment at depth z has the same porosity as
completely compacted sediment at a shatlower depth z,.. then the flutd pressure at
depth z is

Pr= puogZ. T pl(z — 2,) (4-16)

where p, is the density of the rock.

Excess {luid pressures are commonly encountered in petroleum exploration
of thick stratigraphic sequences of low permeability, in which disequilibrium
compaction can persist for tens to hundreds of miilions of years. These excess
fluid pressures exert an important control on fracturing and faulting, as discussed
in Chapters 5, 6, and 8,

STRESS-STRAIN RELATIONS

Having discussed the main physical mechanisms of distributed deformation in
rocks, we may now consider the net effect of these mechanisms on the overall
behavior of a rock. That is, what is the functional relationship between stress and
strain, or strain rate? Such refations, called stress-strain relations, rheologic
models, or constitutive relations, may be theoretical or empirical in origin. They
will be useful in considering the origing of specific structures-for example, folds
{Chapter 9).

Stress-strain relations in their simplest form may easily be visualized using
conceptual mechanical models. Elastic behavior, for which stress is proportional
to strain (o = Le), can be visualized with a spring model {Fig. 4-26(a)}. Viscous
behavior, for which stress is proportional to strain rate {o = mé) may be visualized
with a dash pot, which is a feaky piston and cylinder with fluid in both sides of the
piston (Fig. 4-26(b)). Elastico-viscous (Maxwell) behavior (¢ = ¢/E + o/m) may
be visualized as a dash pot and spring in series {Fig. 4-26(¢)). Firmo-viscous
{Kelvin or Voigt) behavior (¢ = mé + Ee) may be visualized as a dash pot and
spring in parailel (Fig. 4-26(d)}. For each of these mechanisms, a strain-time and a
stress-time curve are shown for a sudden application of a load F at time ¢, and a
removal of the load at time £,. The elastico-viscous material shows exponential
relaxation of the stress at constant strain. The firmo-viscous material shows
transient creep {strain at constant stress).

Some materials approximate each of the simple model behaviors discussed
above under certain conditions, but natural stress-strain relations of rocks are
commonly more complicated. The equations refating stress and strain in rocks
normally have more than one constant, For ¢xample, the elastic equation relating
stress and strain, Hooke’s law,

oy = Cyw €y Lk t=1 23 4-17

will formally have 9 x 9 = 81 constants, although not ali wili be independent.
Since both stress and strain have 6 independent components, the elastic stiffness




Chapter 4 Deformation Mechanising 141

) Stress-time Strain-time
(a} Elastic
(4] L [ y
F
LW - -
{ iy f, iy
{b} Viscous
L] } CJ
I——-—-—_» F
AN ” i -
t {2 4 9
{c} Elastico-viscous
o ¢
AN
N - | -
: 4 ty 6 1y
. {d} Firmo-viscous
v i “h
b £
k - /_!\ -
0 53 3] {2

{d} Firmoswviscous

FIGURE 4-26 Schematic anaiog models of material behavior, consisting of springs and dash
pots {fluid-filled piston and cylinder). The strain hislory produced in response to the sudden
application of a force at time ¢, and removal of the force at time 1 is shown.

{Cia) can have no more than 6 X 6 = 36 independent components. A thermody-
- namic argument involving conservation of energy reduces this number to 21. The
actual number of independent components may be obtained by applying Neu-
mann’s principle, which states that the symmetry of a physical property of a
~crystal or other material is no less symmetric than its point-group symmetry, that
s, the symmetry of its external crystallographic form. Table 4-] gives the number
- of independent clastic stifthess constants for each crystal-symmetry class, which
-ranges from 21 for the least symmetric to 2 for isolropic materials.
For isotropic materials, Young's moduius, E, and Poisson’s ratio, v, are
-commenly used instead of the two stiffness coeflicients (Cyyy, and €} y22), to which
hey are related as follows:
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TABLE 4-1 Effcet of Crystal Symmetry on Number of Independent Elastic Stiffness Constants Ciinr
and Thermal Expansion Cocflicients o

Number of Independent

Numiber of Independent Thermal Expansion
Crystal Class Flastic Constants Cocflicienty

Triclinic 21 6
Monoclinic 13 4
Crthorhombic Y 3
Tetragonal

Classes 4, 4, 4/m 7 2

Classes dnun, 42m, 422, &l 6 2
Trigonal )

Classes 3, 3 7 2

Classes 32, 3, 3m 6 2
Hexagonal 5 2
Cubic 3 |
Isotropic 2 I

. . . —L
Cyn = £ and € = - (4-18)

For a simple axial compression of a cylinder (Fig. 4-27), Young's modulus is the
ratio of stress to the longitudinal strain:

E=2 (4-19)

(4-20)

It should be noted that many rocks, perhaps the majority, are elasticaliy
anisotropic because they have a strong preferred orientation of anisotropic
minerals such as quartz, feldspar, and olivine. Thus any schistose or foliated rock
will have anisotropic elasticity, Large volumes of crust and upper mantle are
elastically anisotropic; for example, there is commonly a 5 1o 10 percent
anisolropy in compressional-wave seismic velocity™ in oceanic upper mantle,
measured paralicl and perpendicular to oceanic ridges. This difference is due to a
strong preferred orientation of olivine, which is produced by solid-state flow
during the formation of oceanic lithosphere. Olivine itself has a 20 to 25 percent
anisotropy.

Thermal expansion is described by a simpler constitutive relationship than
clasticity and has fewer independent coeflicients (Table 4-1) because temperature
is a scalar:

& = ogdT Li=1,2,3 4-21)

The principal strain directions must correspond to the principal crystallographic
axes except for the triclinic and monoclinic (in part) cases.

The stress-strain relations for permanent deformation of rocks are consider-
ably more complicated than the mechanical models of Figure 4-26. Stress-strain
relations corresponding to important mechanisms of plastic deformation have
been derived by a combination of empirical and theoretical considerations. These
equations arc somewhat tentative, subicel 1o modification, and apply strictly to

*Seismic velocity is a simple function of the adiabatic ¢lastic constants and density p. For the
isolropic case (he compressional-wave velocity is V, = [E(1 — ) {1 - 23)p]"? and the shear-wave
velocily is V, = |E/2p(l + )],
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_r : FIGURE 4-27 Definiion of Young's
modulus, £, and Poisson's ratio, v, for
the axial loading of a cylinder of initial
length fy and width w, and final length [

a and width w.

special geometric cases; nevertheless, they give considerable insight into the butk
behavior of rocks. The equations describing deformation by dislocation glide and
climb are the best documented theoretically, experimentally, and in applications
to naturally deformed rocks. In contrast, the equations describing diffusion flow
are less well-documented and more tentative; nevertheless, they also provide
insight into the behavior of rocks. For comparison, a list of important deformation
mechanisms at high pressure and temperature is given in Table 4.2,

The physical basis for the stress-strain rate relationship corresponding to
dislocation motion is illustrated as follows. Consider the crystal of height 1. and
width W that is sheared parallel to its base by dislocation glide and climb, as
shown in Figure 4-28. The shear-strain rate is

N
€shear ™ Lt (4'22)

where 1t is the time required to produce the deformation and AW is the
displacement of the top of the crystal relative to the base, which is equal to the

TABLE 4-2  Deformation Mechanisms at Elevated Pressure
and Temperature®

A. Steady-state deformation mechanisms
1. Biffusional creep by diffusive flow of simple ions
a. Herring-Nabarro creep: tattice diffusion dominant
b. Coble creep: grain boundary diffusion dominant
¢. Fluid phase transport: mass transport by diffusion through a
fluid phase
2. Dislocation ¢reep involving climb as well as glide of disloca-
tions
3. Viscous flow of a liquid or Hquid-solid mixture
B. Nonsteady deformation mechanisms
. Elastic and anelastic deformation
2. Transient component of dislocation glide and creep: work
hardening
3. Twinning and kinking
C. Phenomena that do not directly contribute 1o strain but do infiu-
ence the deformation
I, Recovery and polygonization
2. Grain boundary migration and recrystallization
3. Grain growth
4. Disselution: or precipitation of phases

*Modified from Stocker and Ashby (1973)
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FIGURE 4-28 Schematic deformation

of a crystal by sweeping out dislocations T,,L

of Burger's vector, b; used in the devel

opment of Qrowan’s equation (Eq. 4-25). R

number of dislocations swept out of the crystal, », times the magnitude of their
Burger’s vector, b

AW =nb (4-23)

The number of dislocations swept out in time ¢ will be considered to equal or be
proportional to the dislocation density, py. times the area of the crystak:

n = pdLW) (4-24)

Combining Equations 4-22, 4-23, and 4-24, we obtain Orowan's equation,
&= pg vb (4-25)

where v = W/t is the velocity of distocation motion. Orowan's cquation is the
underlying basis of the main constitutive equations describing dislocation motion.

Let us apply Orowan's equation to steady-state deformation; under these
condifions disiocation density is proportional o the square of the devialoric stress
A% (Eq. 4-4):

py = CA” (4-26)

as is shown experimentaily. The velocity of dislocation motion by glide and climb
is strongly temperature-dependent and proportional to deviatoric stress A (Eqs. 4-
S and 4-6):

RT

/

v o= KACXp(rQ) (4-27)

where K is some constant. The ¢xponential term containing temperature describes
the diffusion involved in climb, @ being the activation energy. Substituting these
expressions (4-26 and 4-27) for dislocation density and velocity into Orowan’s
cquation (4-25}, we obtain:

= {C‘]\’!))A}cxp(-—g) (4-28)
RT

which is in ciose agreement with cxperiments on olivine, quartz, and ice.

Experimental results on other minerats or rocks indicate a dependence on stress

to a different power n of the stress A", for exampie, 7 = 8 and 4 for various

deformation regimes of calcite, A more general form of Equation 4-28 1s

. —{

&= Cy A" expl == (4-29)
Rl

where Cy is a constant. Deformation obeying an equation of this form is called

power-law creep and is a common mode of rock deformation at elevated

temperatures under laboratory strain rates. Onee the activation energies, @,

preexponential constant, Cg, and power dependence, n, are determined in the
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taboratory (see Appendix B). the flow law may be quantitatively extrapolated to
geologic strain rates. The extrapolation of these experimental results obtained at
high strain rates, such as 107Ys, 1o geologic strain rates of 107/ is sirictly
Justified only in cases in which it can be shown that the rate-limiting deformation
mechanisms are identical geologically and experimentally. Otherwise the plastic
strengths oblained by extrapolation should normally be considered maximum
strengths for geologic applications because other deformation mechanisms may
exist that operate at lower stresses than the mechanisms studied experimentaily.

The plastic strengths of a number of common rocks and rock-forming
minerals under a typical geologic strain rate of 1075 are shown as a function of
temperature in Figure 4-29, which was produced by extrapolating experimental
results using equation 4-29 and similar equations. The first feature to note is that
plastic strengths are very strongly dependent on temperature and mineralogy. In
contrast, brittie strengths of rocks are to the first approximation independent of
lemperature and mineralogy. as we shall see in the next chapter. The resistance to
plastic flow of any particular mineral or rock type drops from an essentially
infinite value to a very low resistance over a very narrow temperature interval
because of the negative cxponential in Equation 4-29. For example, at 250°
quartzite has a very high plastic strength of over 1000 Mpa, but at 300° the strength
has dropped to & moderate value of 100 MPa. The critical temperature interval for
the onset of plastic deformation is little affected by strain-rate changes within the
normal tectonic range of 107 '%/s (o 107'Ys (Figure 3-18); an order-of-magnitude
change in struin rale shifts the plastic-strength curve by only about 25°. Therefore,
WE Can assign a narrow temperature interval to the onset of plastic deformation in
any mineral, particularty at stresses above 50 MPa. The onsct of plastic deforma-
tion in commen rock-forming mirerals is predicted experimentally {Figure 4-29) to
be in the sequence halite —» anhydrite — calcite — quartz - feldspar — pyrox-
ene —» olivine, which is in general agreement with field observations.

Rocks composed of mixtures of strong and weak minerals will have the
piastic strength of the weaker mineral it it makes up more than about 25 to 30
percent of the rock. For example, in Figure 4-29 the aplite, which is composed of
feldspar and quartz, has about the same strength as quartz. The diabase, which is
composed of pyroxene and feldspar, has a strength closer to feldspar than
diopside. Nevertheless, the plastic deformation of polyphase rocks is not well
stuctied.

For mechanisms of diffusion flow, three different paths of diffusion may be
considered: (1} crystal-lattice diffusion (Herring-Nabarro creep), (2) grain-bound-
ary diffusion (Coble creepy. and (3) diffusion in a grain-boundary fiuid phase.
Some combination of the last (wo may approximate pressure solution. The
equations describing each of these paths have similar forms. The strain rate is
proportional to the concentration of vacancies, €, which is a function of
temperature times the velocity at which they diffuse, v, divided by a geometric
description of the diffusien path, "

£ x %,—l, (4-30)
where o 15 the grain diamceter. The exponent i is 2 for crystal-lattice diffusion and
3 for grain-boundary diflusion. Experimentally, it is found that the diffusion

- velocity s proportional to the deviatoric stress, A, times an effective diffusion
cocllicient, D:

v A (4-31)

Combining proportionalities 4-30 and 4-31, we obtain a general form of the
diffusion-flow cquation:

145




oool

cog

‘ (2261 ‘prea .

BN 086t puB © H PUE ‘0861 1098 .
10g pue ‘uos ; : 1SIUCH puB soB.g ! .
UOHBUS LICH BIBR UO PaSEq UQ:MW d 'puyes 0gsL 'eBiosn pue ,oamm___ 1861 "19551A PUB PIULOS
LIRS OIIOID8 | d1es uiels uf 9B 00} (gi-€ ‘Bl 888) $/¢, .01 OV S/ ol cw U20¥ *188L "SR pue
{ 1 aBueyo spnypubew Jo s8I0 o 015 ov..nw, ,omr“mw UEZ 81} Ut 94 PINOUS S31E)
.Ob O .OF Wi $3AIND 3} 124} Buim

1MOYS

doj 8y 18 18G9
Ul UM 7, 0L J0 @
POSEq S[EBUI DUR SX30 € 10 812) WeAS © 10} pejndiod
! 201 aie syb .
201 JO AlBHeA B 10} 31MBI3dLIS) JO UOROUNY mgwmcwmwm sjuswadxa A101BIOQR] U0
: USNs ONSBld 62T
; IHADIA

{D.) Bsmessdway

009
v
002

Diopsidite
[Diabast
Anot thosite
Aibviie
Aplite
Guartzites (3}

Anhydnte

00¢

Cor

{EdiAl) (&0 - Loy abuang



Chapter 4

Deformation Mechanisms

where Cy(T) is a constant dependent on temperature. Note that strain rate is
proportional to deviatoric stress; therefore, diffusion creep is viscouslike as
opposed to the power-law dependence of dislocation creep (Eq. 4-29). A second
important point is that strain rate in diffusion flow is very sensitive to grain size—
inversely proportional to grain size squared or cubed. Therefore, diffusion flow
should be much faster in fine-grained rocks, which is in qualitative agreement with
observations in some naturally deformed rocks. Fine-grained slates that have
deformed by pressure solution are generally more strained than interbedded
coarse-grained slates.

The effect of grain size may be also seen experimentally in Figure 4-29. The
Carrara Marble (¢ = 200 wm) and the Solenhofen Limestone (¢ = 4 pwm) show
similar plastic strengths for dislocation motion below about 200°, but at about 230°
the much finer grained Solenhofen limestone suddenly exhibits a strength drop
that reflects a diffusion creep mechanism.

Each constitutive relationship describes the stress-strain or stress-strain rate
relation when a certain deformation mechanism or combination of mechanisms is
dominant. No single mechanism will dominate over the entire range of earth
conditions. Therefore it is useful to construct deformation maps showing the
conditions under which each flow law is rate limiting. A deformation map for
dunite (olivine rock) under upper mantle pressure conditions, at which brittle
behavior is inhibited, is shown as an example in Figure 4-30.

EXERCISES

4-1 At what depth would you expect that quartz-rich rocks would begin to deform
plastically at a deviatoric stress of 100 MPa or less, based on experimental data?
Estimate this depth for average geothermal gradients of 10°, 20°, 30°, and 50°C/km.

4-2 How does the maximum horizontal stress at the onset of plastic deformation in
Exercise 4-1 depend on the geothermal gradient? Assume as one case that oy is
vertical (compressional tectonics) and as another case that o is vertical (extensional
lectonics).

T T T T T T T T T T
Glide
1000 = —
100 |~ Glide and -
climb
£ 1o
E i 10 13 g 1
5y
I 1 =
1 Grain-boundary H-N
dif'llSiOl'I creep
01 (Coble creep) 10 ®s ! —
0.01 i 10 14 5 1 |
FIGURE 4-30 Deformation map for oliv-
ine, showing domains of dislocation glide
* ('} ‘ 4('}0 : BlI]O L 12[00 ‘ 16'00 and climb, and Coble and Herring-Na-
barro creep. (Modified after Stocker and
Temperature (°C) Ashby, 1973)
y DA
€ = Cyo(T) T n=2or3 (4-32)
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4..3 How much will a 100-m length of basalt shrink as it cools from 1000°C to room
temperature (25°C) given a thermal expansion coellicient of 2.5 % 10747

4-4  Suppose a cylinder of diabase 10 cm in diameter and 25 cm long is placed under an
axial compression of 10 MPa; how much will it shorten axially and how much will it
expand transversely, given a Young's moduius of 10" Pa and a Poisson’s ratio of
¢.25?

4-5 How much should the strength of a rock deforming by grain-boundary diffusion
theoretically change for a decrcase in grain size by a factor of ten?

4-6 Estimate the velocity of dislocation motion in quartz al 350°C and a steady-state
strain rate of 1075, The Burger’s vector is about 5 A,
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FRACTURE
AND BRITTLE BEHAVIOR

INTRODUCTION

Rocks at the surface of the earth—the only place we see them—exhibit brittie-
elastic behavior, Rocks shatter, crack, split, orin some way fracture if we subject
them te high-enough deviatoric stresses. They are elastic untit they fracture. In
contrast, the once deeply buried rocks we see in oulcrop show signs that they
once flowed, a behavior further from our direct experience, vet typical of the
earth’s interior. Fracture plays a muyjor role in many natural structures of the
upper crust, including joints, faults, and igneous intrusions. Much of our
understanding of fracture in structural geology comes from the engineering field
of rock mechanics, which developed because of the enormous engineering and
economic importance of brittle-elastic behavior in rocks. For example, about 5
percent of the energy generated in the United States is said to be consumed in the
fracture of rocks.

Fracture 3s the process of breaking to pieces either macroscopically or
microscopically. If the picces fit together without having changed shape, as with
porcelain, it is called brittle fracture in everyday language (for example, Fig. 5-1).
If the pieces will not fit, as with a wire broken after much bending, it is calied
ductile fracture. Considerable permanent deformation accompanies the slow
growth of ductile fractures, but brittie fracture 15 sudden and most of the
deformation is clastic, except for the crack,

This everyday distinction between brittle and ductile behavior is useful, but
can be misleading; therefore, for our purposes we must define them—as well as
the word plastic—more preciscly. Brittle and plastic are used here to refer to
groups of related deformation mechanisms; in contrast, ductile deformation is
used as a general term for macroscopic flow of rock, without regard to the




FIGURE 5-1 Brittle fracture in & dark grey dolomitic limestene. The spaces that opened up
during fracture are filled with white calcite. The fractures are confined lo a bed of brittie dolomitic
limastone; the overlying and underlying calcitic limeslone, aise dark grey, was plastic and flowed
during the same deformation, which slrelched the formation paraliel 1o the bedding. The
photograph shows one of the places where the dolomitic layer necked by britlle fraclure. Lower
QOrdovician, Rheems, Pennsylvania Appalachians.
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underlying deformation mechanisms. Ductile deformation may be brittle, plastic,
or & combination of the two. I the ductile deformation is dominated by
microscopic fracturing and frictional sliding, the deformation is called caraclastic
Jiow. If the ductile deformation is dominated by the mechanisms of crystalline
piasticity (Chapter 4), the deformation is called plastic flow.

Our grouping of mechanisms of permanent deformation into brittle and
plastic reflects their dependence on the two most important intensive variables in
the earth: pressure and temperature, Britile deformation is defined as strongly
pressure-dependent deformation involving an increase in volume, as a result of
cracking. It includes fracture and frictional sliding. Brittle strengths are relatively
insensitive 1o lemperature and time, but increase with pressure, as we shall see. In
contrast, plastic deformation is defined for our purposes as strongly temperature-
and time-dependent, constant-volume deformation. It includes the mechanisms of
dislocation climb and glide, twinning. and diffusion flow (Chapter 4). Plastic
strengths are insensitive (o pressure, but decrease exponentiaily with temperature
(Fig. 4-29). Therefore, as a general rule plastic deformation dominates the deeper
parts of the lithosphere, whereas brittie deformation domirates the upper litho-
sphere (Fig. 1-1).

Macroscopic brittle fracture depends Lo the first approximation only on the
applied stress. In contrast, macroscopic ductile fracture depends on the stress
history, temperature, and other factors. Therefore, brittle fracture is much
simpler than ductile {racture. Nevertheless, the eritical stress for brittle fracture,
the fracture strength, does not have a unique value. It depends, as we shall sce, on
the mean stress (pressure) and the sign of the stress (lension or compression).
Furthermore, at very high mean stress, high temperatures, and slow rates of
leading, recks are not brittle, but plastic. Ductile fracture is a transitional behavior
between briitie fracture and plastic flow,

THE MOHR ENVELOPE-AN EMPIRICAL VIEW
OF FRACTURE

The fracture strengths of many rocks have been measured to help design
structures involving rocks: this information also provides much insight for
structural geology. Strengths are commonly measured by subjecting cvlindrical
samples to an axial load, o, applicd by a piston or hydraulic ram, and a confining
pressure, o, applicd radially around the side by a fiuid that is isolated from the
rock by a deformable rubber or copper jacket (see Fig. 5-2). Two distinet states of
stress are possible: unfaxial compression, which is o, = ¢, > o> = o3 = o, and
uniaxial extension, which is o, = o) = o2 > o3 = . [In some tests there may be
fluid within the pores of the rock: the pressure £y of this fluid may be controlled
and is important, as we shall see. The size of the cylinder is measured, and
displacement and strain gauges are uscd so that stresses and strains can be
calculated from the forces, pressures, and extensions measured. Very accurate
results require more complex procedures and equipment, but the basic methods
are essentially as shown,

Let's follow an experiment performed on dry rock at a constant confining
pressure, graphing the course of the experiment on both a stress-strain diagram
and a Mohr diagram (FFig. 53-3). First, we increase the confining pressure and axial
foad essentially together until the value of our desired confining pressure—for
example, 50 MPa—is reached. The state of stress in the specimen plots as a single
point on the Mohr diagram because the axial load cquals the confining pressure.
The stress difference, plotied on the stress-strain diagram, fs zero, In the process
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FIGURE 5-2 Simplified schematic drawing of triaxial testing apparatus. The
cylindrical rock sample is subjected to an axial load, o., and a radially applied
confining pressure, a,.. The fluid that exerts the radial load, o, is separated from
the rock by a weak but impermeable jacket so that the pore-fluid pressure, Py,
within the rock might be controlled independently from confining pressure.

A
800 —
Yield
- point
£ 600 —
% 50 MPa = o, 800 MPa = 0’
5y - — 1 ! Ly
I Oq
5 400 |- Fracture
200 —
d | L,
0 € 5 10

Axial strain, ¢, X 10 3

FIGURE 5-3 Stress-strain diagram and corresponding Mohr diagram for a fracture experiment
at a confining pressure o, of 50 MPa.
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of reaching this 1sotropic state of stress (o, = o), both the length and volume of
the sample has deereased; the initial strain s eg.

We wiil now increase the axial foad, keeping the confining pressure constant
and measuring the change in length of the sample as we go. The state of stress
appears on the Mehr diagram as successively larger circles of diameter o, — v,
sharing only the ¢onfining pressure o, as a common peint; the maximum shear
stress, equal to the radius of the circle 1oyt = (o, ~ )2, becomes progressively
larger. On the stress-strain diagram, the experimenat graphs in a nearly lincar
fashion, reflecting the etastic hehavior of the sample; the area under the line is a
measure of the clastic energy stored in the sample due (o the differentiai stress
(A = o, — )% The sample finally fractures at an axial load o, of 800 MPa and
the stress drops. Some of the elastic energy is expended in making the fracture,
some in sound. and some in the frictional heating due to sliding. If the results are
reproducible, we know that the factwre strength, o, — o, of our sample is 750
MPa at a confining pressure of 50 MPa. When we remove the sample, we sce that
the fracture lics about 24° to the axis of the cylinder,

Several experiments will show that the fracture strength increases with
confining pressure. The circles in Figure 5-4 show the state of stress at fracture for
& homogencous set of samples of the same rock, a dinbase. These experiments
define the states of stress that the rock 1s capable and incapable of supporting. The

Mohr
snvelope

1000 MPa

FIGURE 5-4 Mchr diagram for Fredrick
Diabase {dry) at room temperature. £ach
circle represents the state of stress at
failure at a different mean stress, show-
ing that rock strength increases with
mean stress. The locus of stress states
that bounds the fields of stable and un-
stable stresses is called the Mohr enve-
iope. {Data from Brace, 1964.)

#There is also elastic-strain energy stored in the sumple due to the confining pressure, applied it
the start of the experiment. Furthernwre, the apparatus may conlain considerable elastic-strain
energy, which cannot be ignored in an sclual experiment.
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Yo, |

Transitional
tensile
behavior

{ey, O}

Tl

Tensile
fracture

FIGURE 58 Three fieids of the fracture,
or Mohr, envelope. The tensile fieid
shows a fixed strength, T,. The Coulomb
fracture field shows a linear increase in
shear strength, ., with normal stress,
on, and a slope tan &. The two points of
tangency of the Mohr cirgie represent the
states of stress on the two planes whose
normals are 0 from the «,-axis (Fig. 3-
23). Transitional-tensile behavior is tran-
silional between tensile and Coulomb
fracture.

boundary on the Mohr diagram between these two fields of stress space is called
the fracture, fuilire, or Mobr envelope. 1f the state of stress on any plane in the
rack plots on the fracture envelope, the rock will begin to fracture. The final
macroscopic fracture will generally be oriented close to the plane that is tangent 1o
the fracture envelope (29 in Fig. 5-5), barring any preexisting flaws or zones of
weakness,

Four fields of fracture behavior are exhibited along the Mohr envelope (sce
Fig. 5.5%

L Tensile fractures form perpendicular to the direction of the maxi-
mum fensile stress and the tensile strength s independent of the
other principal stresses (for exampie, experiments A and B in Fig. 5-
4). The Mohr circle is tangent o the fracture envelope at oniy one
point, and only one direction of potential fracture exists. Typical
values of the tensile strength Tyare =510 —20 MPa {sce Table 31,

2. Transitional tensile behavior is exhibited above a critical value of
the Jeast tensile stress, o). Beyond this valuc, which is approximate-
ly o = 1374, the Mohr circle is tangent to the envelope al two
points, rather than one, at the time of fracturc. Two directions of
potential fracture exist. The transitional teasile Aeld is character-
ized by a rapid nonlinear increase in strength (o = o5} with
increasing confining pressure, as well as a change in both the
abserved and predicted (6 = (90° + $:)/27 fracture orientation from
puraltel te roughly 30° (o the maximum compression. Mosl joints are
probably for:aed in the tensile or transitional tensile field.
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TABLE 5-1  Compressive, €y, Shear, 3, and Tensile, Ty Fracture Strengths and Coulomb
Coefticients pand K of Some Dry Rocks®

Fracture Strengths in
MPa (or 1077 kb)

Cy o 1y 1T o= rand K
Cheshive Quartzite 461 103 —28 16.5 0.9 5.0
Westerly Granite 229 37 -2 10.9 1.4 9.7
Frederick Diabase 487 114 —40 121 0.8 4.6
Gosford Sandstone 30 16 =3.6 3.5 0.5 2.6
Carrara Marble 90 23 ~7.0 13.0 0.7 3.7
Blair Dolomite 307 112 =33 14,3 0.9 5.1
Webatuck Dolomite 148 44 -8 18.3 0.5 28
Bowral Trachyte 150 3 —1i4 1.9 1.0 58
Witwatersrand Quartzite 194 40 -2 9.3 1.0 5.8

*Modified from Jaeger and Cook, 1979,

and Brace, 1964

3. Coulomb behavior is cxhibited at intermediate confining pressure

oy = ~ 13T for many rocks. The strength increases lincarly with

mcreasing confining pressure. The fracture envelope in this range of

behavior is described by the cquation
o d = Sg + oglan o = Sy o+ op (5-1)

which is commonly called the Cowlomb fracrure criterion. Here, Sq
1s the cohesive shear strength of a plane with no normal stress o,
acting across it and tan ¢ = p is the rate of increase of shear
strength with increasing normal stress, sometimes called the Cou-
lomb coefficient, or the internaf friction. The angle ¢ (Fig. 5-5) is
called the angle of internal jriction. Typical values of Sy and p are
given in Tuble 3-1 and Figure 5-6. The Coulomb fracture criterion
may also be written in terms of principal stresses:

Shear stress, o,

ay = Cy 4+ Koy {5-2)
300 MPa
@
%o
Fracture strengths
of sandstones - %o @
and shates ™ ° ®
200 - \ -]
K L)
\ T
L]
°

100 ¢

g Y0 MP 20850

n

FIGURE 5-6 Summary of laboralory

0 100

measurements of fracture strength of

200 3008Pa  gandstone and shale. {Data from Ho-

Normal stress, o, shino and cthers, 1972.)
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where Cy is the compressive strength—Cy = 28,0007 + l) A

and K is the ecarth-pressie coefficient—K = [(W° + 137 + wl®,

Typical values of Cy are 300 1o 5 MPa, with the tensile strengths 7Y

of the same rock about an order of magnitude less (Table 5-1). }t
should be noted that, in addition to rock. the Coulomb fracture
criterion deseribes the behavior of many soils, unconsolidated sand.
concrete. and highly fractured, unsound rock, but with different
parameters than the unfractured equivalent, under a wide range of
conditions,

4. AU very high confining pressure and increasing temperature, rock
becomes distinctly nonbrittle on a macroscopic scale, and its
strength increases more slowly witly increasing confining pressure,
This is the realm of ductile fractire discussed briefly near the end of
this chapter.

ROLE OF CRACKS IN THE FRACTURE OF ROCKS

What arc the underlying physical mechanisms that delermine the shape and
magnitude of the fracture envelope (IFig, 5-4) for a given rack? Why are rocks far
weaker in tension than compression (Table 5-D7 The answers in farge part lie in
the existence of cracks or holes that produce Lrge stress concentrations near their
edges. Il the cracks were not there, a homogencous state of stress would cxist, but
with the cracks, adjacent regions have o assume the additional load. We can sce
this increase in stress near the tip of a crack in Figure 5-7 by virtuc ol the
photoclastic effect; the crack is in a sheet of photociastic plastic under applicd
tension,

In 1920, A A. Griffith developed a theory of fracture strength based on the
assumption that cracks exist throughout a material, For mathematical simpiicity
he approximated cracks as very flat clliptical holes. He reasoned that a small
overall stress field, oy, would be locally enormously magnificd at the tip of cach
crack. This intensification depends upon the orientation. fength (20, and width o

FIGURE 5-~7 Isochromatic fringes {lines
of constan! deviatoric stress) ilustrating
the concentration of stress around the tip
of a crack in a sheel of pholoelastic
plastic under tension appied normat lo
the crack. When this photegraph was
taken, the crack was propagaling at

about 400 m/s: a similar but slightly lower
stress concentration would be present
with & stalic crack. The dimengion of the
grid is 2.5 cm. (Photagraph by Schooi of
Ergingsering, University of Washington,
courlesy of A. S, Kobayashi.)
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of cach crack: thus some cracks grow in preference (o others. For example, the
tensile stress, o, al the tip of an clliptical crack in an elastic plate under a regional
“fension, g, normal to the crack is approximately:
2
R -y (5-3)
3 d
. The theoretical cohesive strength of a material—that is, the stress required to
break bonds to form a free surface—can be exceeded at the tip of the crack at a
fairly low applied tensile stress, oq. because of the factor (20%d. For example.
with a ratio ! @ of 30 @ I, the stress intensification s about 2400 times.
Next Grifiith considered that elastic-strain energy is released as a crack
~forms or grows because most bonds in the vicinity of the crack are able 1o return
“to their equilibrium positions. In the case of a ¢rack forming in a thin ¢lastic plate,
the energy release per unit thickness is
al el
— gl oy
I, = o (5-4)
L
“where £ s the elastic constant, Young's modulus, On the other hand, encrgy is
“required to produce the crack surface; this energy expended per umt thickness is

Uy = ~dly (5-3)

where v is the eneray expended in making the fracture swrface per unil ares
“{roughly 0.1 to 10 J/m?), which includes the specific surface energy of the material,
- heat, acoustic energy, and encrgy consumed in plastic deformation.

The important point 1o note in Equations 3-4 and 5-5 is that the clastic energy
Creleased. U, is proportional to %, whereas the energy expended, U, is only
s proportional to /. Thus the system will become unstable and catastrophic brittle
fracture will occur if the surface energy expended per increment of erack growth
is less than the elastic encrgy relcased. The critical apphed stress, o, for
catastrophic fracture in a thin plate under tension may be obtained from Equations
{5-4) and (5-5) and is

= (3-6)

where 2/ is the crack length. If we measure the surlace energy, elastic constants,
“and length of the longest cracks of various orienlations. we can predictl the
fracture strength of a material, Griffith did this for glass and compared the actual
fracture strength with the predicted one to verify his theory. Simifar work has
been done with rock. The lengths of cracks in scund rocks are of the order of the
-grain size; therefore, strength increases with decreasing grain size in otherwise
equivalent rocks.

The Griffith theory of fraciure leads 10 a prediction of the size and shape of
the fracture enveiope:

07 = A0, - 415 = 0 67

where 1y is the tenstle strength. The theory is successful in predicting the shape of
the fracture envelope in the tenstie and transitional-lensiie region, as well as the
appreximate orientation of fractures. Cracks oriented perpendicular to the prinet-
pal tensile stress are the most likely to grow in the tensile region according 1o the
- Grifith theory, which is in agreement with the experimental observation that
tensile fractures form perpendicular o o

_ In contrast with the success of the Griflith theory in the tensile and
transitional-tensile field, there is a wide discrepancy between theory and observa-
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tion in the Coulomb ficld, This fuct led (o a modified-Griffith theory, which
assumed that cracks are closed under compression; thus their growth is affected
by friction. The predicied lracture cavelope of the modified Griflith theory in the
compressive field is similu o the Coutomb eriterion. Nevertheless, it is now
known that the fracture process in the compressive ficld is much more complex
than the growth of a single unstable crack, as was assuimed by the Griffith theory.
This added insight has come from precise experimental

studies of compressive
fracture of rocks.

MICROSCOPIC VIEW OF THE FRACTURE
EXPERIMENT

Some expertmentalists have taken a close look at the behavior of 1
preceding calastrophic fracture and found that these rocks, particularly at low
confining pressures, show important deviations from ideal clastic behavior. In
addition to observing the details of the stress-stran curves, they placed sensitive
microphones near the deforming samples in order (o hear the opening, closing,
and growth of cracks, as well as (o locate precisely the clastic shocks within the
sample, just as one might focate carthquakes with a set of seismomelors.

The prefracture behavior of a rock may be divided into four main ficlds (sce
Fig. 5-8(a)}. Stage I exhibits both axial and volumetric stress-strain curves that are
concave loward the stress axis because loose grain boundaries are compacting
and cracks are closing, This behavior js cxhibited only in compressive tests and is
very pronounced in altered, unsound, and unconsolidated rock. Stage 1] exhibits
nearly linear stress-strain curves, that is, ncarly lincar elastic behavior, Stage 111
is marked by an increase in the nonelastic part of the volumetric strain and, in
contrast with stages [ and 11, the volume of (he sample begins 1o decrease less
rapidly and then to increase. The increase in volume, or dilazion, is due to the
growth of cracks, as shown by a much-higher incidence of clastic shocks and by
changes in seismic-wave velocities and ciectrical resistivity.

wittle rocks

The microscopic

}

// f r'a-(:.tmure

Westarly Granfte

Volumetric ;is H
strain, / = 800 |- — !
AViV / = /
A / & ! e farent
P @ ! Circumierential
5 ; o
. e @ //Y ! Axiat seain, strain,
£ Cwic M At acic
g Volumetric i
5 strain,
o S 4001 awviv -
o

e
Axial strain,
ALIL

3
Strain 0 Strain

(a) (b}
FIGURE 5-8 Stress-strain diagrams for axial, circumferential,
prefracture deformation. (@) Schematic, showing four fields of prefracture behavior discussed in
lext. (b) Dala for Westerly Granite. {(From Brace, Paulding and Scholtz, J. Geophys. FResearch, v.
71, p. 3939-3953, 1966, copyrighted by the American Geophysicat Unicn.)

and volumetric strain during
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fractures (microfractures) are located randomly in space but are oriented perpen-
dicular to 3. Stage 1V just precedes {racture and exhibits a great increase in
nonelastic strain. Microfractures occur in rapid succession. They begin to develop
in limited regions and then coalesce to form the macroscopic fracture surface. at
which moment the sample becomes mechanically unstabie—that is, it breaks.

These experiments illustrate the importance of cracks in fracturing. The
macroscopic fracture is due to many coalescing cracks, however, rather than
growth of a single crack, as was the simplifving assumption of the Griffith and
medified Griffith theories,

ROLE OF FLUID IN THE FRACTURE OF ROCKS

Virtually all rocks contain pores and cracks filled with water, hydrocarbons, and
other fluids. These fluids support part of the load that would otherwise by
supported across grain contacts: thus the state of stress in the solid graing is
modified. The mechanical behavior of dry and wet rocks, while closely related, is
different.

Rocks exhibit a wide range of porositics (percent voids), from as high as 40
10 80 percent for unconselidated sediments to as low as 0.01 to 0.001 percent in
many coarse-grained igneous rocks. A rock with high porosity can be cnvisaged as
foose grains in poinl contact, whereas rock with low porosity might be considered
a solid containing a partially interconnected capillary network, The geometry of
this netwerk aflects the case with which the fluid may flow through the rock, that
is, its permeability, &y The rate of flow, V,, a vector, is equal 1o the permeability
divided by the viscosity of the fluid ). times the excess pore-pressure gradient that
drives the fiow:

. J

vo= R e 0 (5-8)

M dy;

which is called Darey's law,

The brittle behavier of Auid-filled rocks is well described by the concept of
effective stress, which was introduced (o the field of soil mechanics by K,
Terzaghi in {923, Although it bas some theoretical basis, its status has been
largely empirical. According to this concept, if we use effective stress, oy, rather
than stress, vy, wet rocks behave the same as dry. In effect. the material acts as
though the normal stresses are reduced by the amount of the pore pressure, P,
while the shear stresses are unaffected:

((T| [ Pﬂ) I~ 03
U‘,i,' = 0y ((Tg?_ - P.,.,) (Fay (ﬂ_g)
Tz T3 (()’33 - j)f,)
The fluid pressure supports part of the normal stress that would otherwise act
across grain boundarics. The shear stross acress grain contacts remains un-
changed because the pore pressure is isotropic and fluids cannot support shear
stress. Both fracture and frictional sliding obey the effective-stress law.

Equations 5-1 and 5-2 for dry Coulomb fracture become, in terms of effective

stress, o,

.l = Sy + o, tan &b = 8y + {0, = Potand (5-10)
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and
oy = Co + Kaos
or (5-11)
oy = P = Cy + Koy — Pp)

The tensile strength becomes, in terms of effcctive stress. o

oy = (0r = P o= T,y (5-12)

The effcctive stress law has been shown to hold for rocks, many soils, and
concrete. 1L holds for different fluids, including water. acctone, silicone oil. and
kerosene. IUis also valid for the very low porosities (0.01 10 0.001 pereent) present
1 crystaliine rocks such as granite and dunite.

Effective stress may be illustrated with the Mohr diagram (Ifig. 3-9). The
Mohr circle is in effect transtated (o the left by the amount of the fluid pressure;
the fracture envelope and the size of the circle (deviatoric stress) are unadtected,
This effective-stress behavior is illustrated with experimental data on fracture
strength of a sandstone in Figure 5-100 the Mohr circles for elffective stress al i
variely of fiuid pressures He very close to the Mohr envelope lor dry rock. Fiaure
3-9 also ilustrates the basis of hyvdranlic fractering of rocks, Given an initial sisle
of stress within the rock, the pore-Muid pressure may be pumped up until the Mohr

FIGURE 5-9 Mohr diagram showing the relationship betwaen state of stress and
stale of eftective stress. The Mol cirgle for effeclive siress is the same size as lor
the stress, but it is shifted to the lelt by the amount of the pore-fluid pressure, £,
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FIGURE 5-10 Mohr diagram (upper halfy showing the state of eflective stress al failure (uitimate
strength) for varicus experiments with Berea Sandstone al 24°C. The Mohr envelope for dry rock
is identical, within experimental uncertainties, to the Mobhr envelope for effective siress al the
various fluid pressures shown. (Data from Handin, Hager, Friedman, and Feather, 1963,

circle for eflfective stress is translated far cnough (o the left to touch the [racture
envelope. Hydrofracturing is done in oil wells to increase the permeability of the
FESCIvoir rocks,

Anincrease in pore-fiuid pressure reduces the elfective mean stress o), ;

ooy oy bas b oy - 3P)
3 3

F, = (3-13)
Since strength and ductility increase with mean stress. the pressure of pore fluids
makes rocks weaker and more britte. Britde {racture therefore takes place to
greater depths in the carth than would otherwise be expected.

We reeall that rocks underge dilation before fracture because cracks open
(Fig. 3-8}, For slow rates of deformation, relative to the permeability, the fluid
pressure will remain constant because of the inflow of additional fluid. in contrast,
rapid rates of deformation will produce a drop in fluid pressure and an increase in
effective normal stress; that is, the foad supported across grain contacts increases
because the Muid supports less of the foad. This produces an apparent increase in
strength, sometimes calied dilation hardening. The interaction between dilation
and pore-fuid pressure is apparently important in a number of geologic situations.
Whether or not it is important in a specific case depends on the rate of loading
versus the permesbility and the size of the deforming region. The larger the
deforming region, the farther the fuid must fow. Large dilatant regions on the
order of kilometers across have been observed in the vicinity of active faults
through the study of water wells and scismic-wave velocities. This phenomenon
has playved a magor role in attempts o predict carthquakes.
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EFFECT OF PREEXISTING FRACTURES

Laboratory experiments are normally carried out on intact specimens. in con-
trast, rocks in the field contain important preexisting [ractures in the form of joints
and faults. Once we have a fracture. what is the requirement for ship along it as
opposed Lo Torming a new fracture? To answer this question we must consider the
static friction acting across the preexisting fracture and determine the state of
stress required to overcome the friction and altow sliding,

We shall consider the physical nature of friction in some deteil in Chapter 8,
but for the moment it is suflicient to note that the critical shear stress, o, required
to avercome the friction across an interface is equal to the efiective normal stress
times the coefficient of friction:

%(TTE o ((T” ..... ]),'))}'L_f‘ (:\'14)
or, more generatly,
o= T b oy P {5-1%)

where 74 is the cohesive shear strength of the interface. which is very small--
about I MPa. The coeflicient of fviction pp ranges between abowt 0.6 and 0.85 {or
many rock interfaces. For the Weber sandstone from Rangely. Colorado,
pe = 0,81, The friction equation may be graphed as two lines on the Mohr diagram
(see Fig. 5-11); i the stress acling across any intertoee within the rock lies on this
line, slip wiit occur.

On the other hand, the same rock has a {racture strength deseribed by the
Coulomb-fracture cguation

lo,d = Sq + (o, = £ (5-16)

where in the case of the Weber sandstene. Sy = 70 MPa and o= (.6, This
cquation is also graphed in Figure 5-1i. U is important to note that the friciion
equation applies onty o preexisting interluces, whereas the {racture cquation
applics to potential fracture plancs of all orientations. OF course, both equations
are of the same form and pertain to effective stress.

Suppose the Weber sandstone is subjected 1o the state of stress indicated by
the Mohr circle shown in Figure 3-11. This cirele is tangent 1o the fracture fine at
point £, so that the sample 1s about to fracture along o phine of orientalion Oy,
where § is the angle between the normal to the plane and the ovientation of the oy
axis. On the other hand, any preexisting fracture of orientation between #; and 8,
should already have shipped, since the state of stress along them exceeds that of
the friction law. If any {ractures lic outside the range 0 (o 8-, they will remain
frictionally locked and a new fracture will form of orientation 4.

Potential sliding along preexisting fractures 1s an important consideration in
many engineering applications of rock mechanics. If the rock is vusound and
contains a large number of preexisting fractures of many orientations, however, it
will once again obey the fracture equation, but with constants different from thosc
that apply to its unfractured cquivalent,

Before leaving Figure 5-11, we observe that at deals with only o two-
dimensional state of stress, for purposes of Hlustration. In many actual problems,
the complete three-dimensional state of stress should be considered-—for exam-
ple, using the methods given by Jacger and Cook (1979)—hecause preexisting
fractures could have any three-dimensional orientation refidive (0 the stress axes.
Furthermore, the vatue of the intermediale principai stress, s, has a significant
cficet on the slip of preexisting fractures, particulariy on the oreniation of the
slip. For example, FPiguare 5-12 is a spherical projection showing o dipping racture
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FIGURE 5-11 Mohr diagram showing the Coulomb fracture and frictional sliding criteria for the
Weber sandstone from Rangely, Colorado. The state of stress shown is just sufficient for Lhe
rock 1o fracture with orientations * 0, The Mohr envelope for fracture is tangent 1o the Mohr circle
al points fand /', The stress required for frictional sliding on preexisting fractures is significantly
iess than the fracture strength at low effective normal stress; therelore frictional sliding should
occur on preexisting fractures with orientations between 4, and 8, and —0; and —i,. {Data from
Byerlee, 1975.)

plotted-as a great circle and as its pole #. The maximum principal stress, oy, s
vertical in Figure 5-12(a) and o» and o3 arc horizontal. As the magnitude of the
intermediale stress, oy, varies between o4 and o, the orientation of the maximum
shear stress on the preexisting fracture, which is the slip direction, varies between
o, and o, Simularly, in Figure 5-12(b), the slip directions vary between o, and
with oy vertical. Thus we sec that the relative magnitude of the intermediate
principal stress exer(s an important control on the direction of slip. This relative
magnitude is sometimes represented by

(]) - ._:__“_:_.....',. {5_ 1 7)

¢ = (0, and in uniaxial extension oy = o2 = g, O = 1.

Slip on preexisting fractures, as well as on newly formed ones, is an
important process in nutural brittle deformation in the carth, By measuring the
orientations of a family of fractures and their directions and sense of slip, 1t is
possible to compute the orientations of the principal stresses and &, which is
important structural and tectonic information (Angelier, 1979a, b).
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FIGURE 5-12 Spherical projections showing the effect of the magnitude of the intermediate
glfective siress . on the orientalion of the maximum shear stress (sfip direction) on a
preexisting fracture. In (@), o, is verlicall if o, = oy, then the stip direction is otiented ., whergas
if 55 = 134, the slip direction is oriented o' . A similar diagram is given in {b) for a, verlical. {Alter
Angelier 18784, 1.}
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FIGURE 5-13 Cifect of ihe orientation of the plane of slaty cleavage on a fracture
orientation in compressive fracture experiments on Martingburg Slate, a strongly
anisotropic rock {Figs. 10-1 and 10-8). {Data from Donath, 1961}

FRACTURE OF ANISOTROPIC ROCKS

As we might expect, fracture strength is nol isotropic in rocks exhibiling
stratification, strong schistosily, slaty cleavage, or other metamorphic or igneous
foliation. As an example, Figure 3-13 iflustrates the experimental {racture
behavior of the Martinsburg Slate, a strongly anisotropic rock (Figs, 10-1 and 10-
3). For all orientations of the cleavage relative o the principal compression, oy,
the fractures dipped in the same direction as the slaty cleavage. Furthermore, for
inclinations of the cleavage to the ay-direction of as much as 459, the fracture
always lay parallel to the slaty cleavage. Only in cases for which the plane of




Chapter 6 Fracture and Brittle Behavior

anisotropy was nearly perpendicular to the o,-direction was it unimportant in
localizing fractures. The fracture strength of the Muartinsburg Slate is a minimum
when the cleavage plane is roughly paralle! to the preferred orientation of fracture
in 1sotropic rocks {(30°),

Fracture anisotropy is one of the oldest subjects in structural geclogy and
rock mechanics. Quarrymen have leng known that many rocks—including many
without obvious schistosity or foliation, such as some granites—cexhibit three
perpendicular directions of preferred fracture. The casiest and smoothest direc-
tion 1s commonly called the rifi {or the cleavage m slate); the grain is somewhat
more difficult; and the hard way is still more difficult. An arbitrary direction is
hardest of all. Several studies have shown a strong preferred orientation of
microscopic cracks, particularly in quartz, parallel to the three fracture directions.
Rocks free of quartz, such as gabbro, diabase, and anorthosite, generally do not
exhibit this phenomenon,

BRITTLE-PLASTIC TRANSITION

We have seen that brittle-fracture strength under compressive conditions is
strongly dependent on solid pressure and fluid pressure (Fgs. 5-4 and 5-10).
Experiments also show that brittle fraclure has a relatively small seasitivity 1o
temperature and strain rate (Paterson, [978: Brace and Jones, 1971} (o the first
approximation, brittle-fracture strength is independent of temperature and strain
rate. In contrast, strength in the ductile-fracture regime shows more substantial
temperature and strain-rale dependence, but less dependence on pressure, This
change in dependence on environmental parameters is expected because the
mechanisms of plastic deformation that begin to operate in the ductile regime are
strongly temperature- and strain-rate sensitive (Figure 4-29), but are independent
of pressure.

The regime of ductile [racture is not as well explored in the laboratory or the
field as are the purely brittte or plastic regimes. For this reason it is convenicent to
view ductile fracture first in terms of a simple model of the brittle-plastic
transition. In this model there is no ductife fracture. but instead a sudden change
from brittle (o plastic behavior is encountered with increasing temperature and
pressure. This model is ilustrated for diabase on the Mohr dingram shown in
Figure 5-14, The brittde strength is taken directly from the Mohr diagram for
diabase al room temperature shown in Figure 5-4, with the assumption that it will
be valid for brittle fracture at all temperatures and strain rates. The plastic
strengths of diabase al various temperatures are taken directly from Figure 4-29
and plotted as horizontal tines, showing their independence of effcctive normal
stress, o, According to this simple model. the brittle-plastic transition takes piace
as & sudden change in deformation mechanism when the brittle and plastic
strengths are cqual. Thus the model Mohr envelope at a fixed temperature would
follow the brittle Mohr envelope in Figure 5-14 until it crosses the plastic strength
for that temperatare: then it would follow the plastic strength,

We should realize that the actual brittie-plastic transition will be more
compiex than our simpte model. The actual strength in the transition may be
greater or less, as is shown schematically in Figure 5-14. For example, the
strength in the brittie-plastic transition for the Solenhofen Limestone is a littie less
than would be predicted by the abrupt theory, as is shown by experimentally
determined Mol envelopes in Figure 5-15. Two phenomena that may contribute
to the complexity of deformation near the britUe-plastic transition are as follows:
(B Each mineral of a polyphase rock will undergo its brittle-plastic transition in a
different temperature range, causing the rock to deform by a combination of
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FIGURE 5-14 Schematic Mohr diagram showing a simple mode! of the brittle-plastic transition
in diabase. The diagram is simply a combination of the Jow ternperature brittle strengths taken
from Figure 5-4 and the plaslic strengths at varicus lemperatures taken from Figure 4-2g jor g
slrain rale of 10 '%s, This simple model of rock strength assumes that brittle strength is
completely independent of iemperature and plastic strength is compielely independent of
pressure. Actual brittie-plastic transition might lie above or below the strength predicted, as
shown schemalically by the shaded region,
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FIGURE 515 Experimenta”y determined Mohr envelopes for Soienhofen Limestone at a strain
rate of 10" s and various temperalures. The observed slrengths in the brittie-plastic transition

are less than would be predicted by the simple model of Figure 5-14. (Based on dala of Heard,
1960.)

fracture and flow, partcularly if the britle phase is abundant, For example, in the
deformed granite of Figure 3-1664), the feldspar has deformed by brittle fracture,
whereas the quartz has flowed. In contrast, if the bulk of the rock iy plastic, the

minor brittle phases will behave as rgid particles. (2) Heuwding of cracks Is an
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FIGURE 516 (a} Photomicrograph of deformed granite from near Grenville Front, Sudbury,
Canada. The potassium feldspar in the upper lefl had deformed by britlle fracture, whereas the
quarlz in the Jower center has deformed plastically. {b) Fartiaity healed crack in quartz viewed
normal to the plane of the crack. In the top upper right, the crack is segmented into planar
polygonal fluid inclusions. Below we see progressive segmentation into tubutar fluid inclusions
and then point fluid inclusions. Al the fluid inclusions lie on the plane of the crack. (Pholomicro-
graph courtesy of David Smith.)

important process in rocks that causes them 1o be stronger under geologic strain
rates than we might predict from laboratory experiments of brittie hracture at
moderate temperatures. Mealed cracks are commonly observed under the micro-
scope as planar arrays of fluid inclusions, particularly in quartz grains (IFig. 5-
#6(b)). Crack healing invelves diffusive mass transfer that first segments the crack
into planar fluid inclusions, which then segment into tubular inclusions and finally
into point inclusions, all of which lic in the planc of the original crack.

EXERCISES

5-1 Construct a Mohr diagram showing the Coulomb fraciure criterion and tensile
fracture strength for the Westerly Granite (Table 3-1). Plot the state of effective stress
at a depth of 5 km, assuming an isotrepic rock stress equal to the presswre of the
overburden (pgz, where p = 2620 kg/m® and g = 9.8 m/sY), for three different {luid
pressures: (a) hydrostatic = p 00z, where pyg = 1030 ke/m®; (b)) fuid pres-
sure = (.8 pgz; and (¢) fuid pressure = pes. '

5-2 Comtinuing from 3-1. consider that the region begins to undergoe horizontal tectonic
compression, Plot the successive stazes of stress as Mohr circles, finaliy plotting the
Mohr circles for fracture. What is the rock strength and horizontal stress at fructure
for each of the three Muid pressures?
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5.3 Centinuing from 3-1. consider that the region begins 10 ungergo worizontal tectonic
extension. Plot the cuccessive states ol stress as Mohr circles. finally plotting the
Mohr circles for fracture. What is the rock strenath and horizonial siress al fracture
for each of the three fluid pressures? Which are Coulomb and which are tensite
fractures?

5.4 What are the dips of the fractures for cach of the fluid pressures in 5-2 and 5-37 What
is the predicted sense of displacement on each fracture”?

5.5 What is the ratio of compressive Lo cxtensiic fracture strengihs for cach of the fluid
pressurcs in 5.2 and 5-37 Why 15 the rock stronger in horizontal compression?

5.6 TFstimale the temperature conditions during the deformation of the granite shown in
Figure 5-16a), assuming a stress of less than 100 MPa and & sgain e of 107 s,

5.7 Making use of the geometry of the Mohr construction for Equation 3-1, dgerive
Equation 5-2 for the Coutomb fracture criterion in erms of principal stresses. Also
show that K = {1 + sin (L = sin ).
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INTRODUCTION

Rock at the surface of the earth iy cut by a variety of fractures and cracks. into
which roots force their way and water sceps. Deeper within the carth these
fractures become less and less common, as is sometimes neted in deep mines and
quarries. Nevertheless, some cracks still exist at intermediate crustal depths.,
particularly in plutonic igneous rocks that have cooled substantially since
crystallization. Cracks of deep origin are normally healed with vein minerals.
Cracks and fractures are a widespread structural feature of the brittle upper part
of the crust,

Any thin natural planar crack that is not a fault, bedding. or cleavage and is
farger than the grain size of the rock is a joine in the broadest sense of the word.
The word s said (o have originated with British coil miners who thought the rocks
were Vloined™ along these fractures, just as bricks or building stones are joined
together in building up a wall,

Joints are of considerablie practical importance. They are a widespread plane
of potential slip and thercfore musi be considered for safety and economics in
quarrying, mining, and civil engineering. The orientation and spacing of joints can
significantly affect the case of mining and subsequent handling of coal and some
ore. Joints arc important to groundwater hydrology and the design of dams
because they affect porosity and permeability. Joints are paths for circulation of
hydrothermal ore-forming solutions.

Most joints show no visible displacement paraliel to their walls and are
therefore not nascent faults, as can be scen by correiating detaits of the rock
across the fracture. In addition, many joints are composed of closely spaced
fractures arranged en échelon, contain ramp-shaped sieps or, in unwcathered
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exposures, may exhibit a variety of delicate surface undulations, all of which are
incompatible with frictional sliding along the joint face (for example, Fig. 6-1).
Surface structures characteristic of faulting, such as scratches, grooves, gouge, or
breceiation, are not seen along joint faces, except if they have been subjected to
tater stresses sufficient for frictional shiding. Many joints may have formed as
narrow open fissures because they contain vein mincrals. These observations
suggest that most joints arc probably tensite or transitional tensile fractures (see
Fig. 5-5} and did not form with significant compressive normal stress acting across
the fracture surface.

DESCRIPTION AND CLASSIFICATION OF JOINTS

Joint faces, or even the traces of joints, are rarely seen in their entirety because
the outer surfaces of most rock exposures are composed of a number of
intersecting and abulting joint faces, as well as bedding planes, schistosities,
fauits, eroded surfaces, and man-made fractures, For this reason relatively titde is
known of the complete three-dimensional shapes of joints. Instead, most studics
of joints have focused on the more readily observed features, particularly
orientation and spacing.

What most readily attracts one’s altention of what is visible of jomts is Lheir
remarkable smoothness and their existence in nearly parallel sets that cut across
other sets with no apparent interaction or offset {sce Fig. 6-2). Joints may be
symmetrically oriented with respect to other structures in the ocuterop; for
example, they may be perpendicular to bedding, fold axes, or planar and lincar
fabrics such as siaty cleavage. Some joints are closely parallel or perpendicular to
the surface of the carth. In other cases they are scemingly unrclated 1o any other
structures or surfaces.

The joints that have been most studied and are best understood are those
that arc i some way systematic or regular in their arrangement; these are called
systematic joints. The term joinr set is applied o all systematic joints within a
region that are parallel to one another and may be distinguished from other sets of
different orientation. Joint scts are said not to affect one another. bul rather
crosscut without deflection. Two prominent joint sets in flat-lving sandstone may
be seen in the vertical acrial photograph shown in Figure 6-2.

In practice, the recognition of individual joint sets may be aided by plotting a
representative sample of measured joint orientations as poles on a spherical
projection (Chapter 2) or by plotting strikes of vertical joints on a rose diagram,
which is a circular histogram of orientations. Figure 6-2 has a rosc diagram of the
Joints seen in the aerial photograph. Spherical projections and rose diagrams of
Joint orientations are useful in recognizing potential planes of slip in mining and
civil engineering. .

The term joint system, in contrast with joint set, is applied to two or more
Jointsets that are thought 1o be genetically related—for cxampie, conjugate scts of
shear joints, which systematically maintain acute dihedral angles of about 5% 1o 60°
between cach other. Another exampte of systematic joint systems is columnar
jointing, well known in lava flows, dikes, and sills, which is an cfiect of
inhomogencous thermal contraction during cooling of the lava {Fig. 6-27).
Systematic joints of the same set or system are sometimes characterized by a
distinctive wall-rock alteration, one of the few propertics of joints that allow their
relative ages 1o he determined.

Not all joints are developed in systematic sets and systems: there are also
many less regular fractures, which are called nonsystemaric joinis. Nonsystematic
Joints usvally mecet, but do not cross, other joints; many examples may be seen in
Figure 6-2. As a group, they are less smooth and planar than the systemalic joinis.,




HGURE 6-1 Joint face in graywacke sandstone showing upward radialing plumose structure
!

perpendicuiar 10 conchoidal undulalions; Mesozoic Franciscan complex, northern California
Coast Range.
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FIGURE 6-2 Vertical gerial view showing ioinls in the flatdying Cedar Mesa Sandstone
(Permian} in Canyoniands Nalional Park, Utah. The lwo sets of systemalic joints intersect with
an angle of 70" and crosscut each other without defiection. A rose diagram of (he orientalions of
the syslemalic joints is shown. The nonsystemalic joints do not crosscut the systematic joints,
but abut them at a high angle, approaching 90°. The area of the photograph is about 500 m by
700 m. (Pholograph by George E. McGill.)

JOINT-SURFACE MORPHOLOGY

Subtle textures and structures may be scen on joint surfaces, particularly with
proper lighting (for example, Fig. 6-1). Joint-surface morpholoay provides some
insight into the fracture mechanisms responsible for the joints. Joint-surlace
structures are generally best seen in artificial exposures such as road cuts and
guarrics because the structures are delicate and casily destroved by weathering. It
Is important, however, to distinguish between the many fractures created during
the quarrying or road construction and those existing within the rock beforehand.
Artificial fractures are fresher and free of staining, wall-rock alteration, and vein
deposits. Many natural fractures are composed of a scries ol subparatiel, en
échelon fractures (Fig. 6-3). In order o expose an entire joint surface. cross
fractures must be formed between the en dedielon fractures and are ofien created
during excavalion, so are fresher. Many joint surfaces are extremely smooth, with
most of their roughness due o the later cross {ractures connecting individual en
échelon fractures (Figs. 6-1 and 6-3).

The best-known joint-surface structures are plumose structures, conchoidal
structures, and the joint fringes (Mg, 6-4}. These three structures are not
developed in every exposed joint surface: nevertheless, they are widesnread.

-

They are scen to be closely related geometrically where they are presant together.
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FIGURE 6~3 Joint surface composed of a sel of closely spaced en échelon {ractures in the
Triassic Lockatong Formation, New Jersey.

The fringe is a discrete band of e¢n échelon (ractures along the edge or termination
of the main joint surface (sce Figs. 6-5 and 6-6). Plumose strictire is camposed of
very gentle inear undulations and en éehelon fractures on the surfuce of the joint
that fan outward from a single point or ne and terminate at the fringe (sec Figs. 6-
Fand 6-7). Individual fringe joints may have their own plumose structure (Fig, 6-
6). Some artificial fractures in rock and britde metal exhibit plumose structure and
show that the [racture starts in the center of the plume and propagates along the
plume trajectories o the (ringe. Conchoidal stricture consists of diserete changes
or steps i the orientation of the joint surface {Fig. 6-1). The steps are oriented
perpendicular to the plumose structure. Conchoidal structure represents a dis-
erete discontinuity in the propagation ol the fracture. Occasionally vou observe g
single joint face in newrly its entirety that has developed without interference from
other structures: such joints aie seen to be elliptical in plan, with the axis of the
plumose structure parailel o the fong axis of the ellipse. We return to joint-surface
structures when we consider the origin of joints.

4

JOINTS IN RELATION TO OTHER STRUCTURES
Regional Patterns of Jointing

Many systematic joints exhibit regionally consistent patterns of orientation.
Furthermore, these consistent patterns we observed (o persist throughout the
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FIGURE 8~4 Schematic drawing showing some of the common morphologic
features of joint surfaces. The black cross fraclures connecting between the en
gchelon fractures of the fringe commonly are man made, formed during excavation
of the rock mass and exposure of the joint face.

stratigraphic section, even though the spacing and degree of development of ¢
fractures varies with rock type and bed thickness. Thus many joints have form
in response 1o stresses that are regionally consistent in orieniation.

Several significant regional studies have been made of jointing in flat-lyi
sedimentary rocks of the cratonic forelund just beyond the edge of foid-and-thn
mountain bells. For example, Nickelsen and Hough (1967) and others measur
the orientations of joints in the central Appalachian Plateau just northwest of t
strongly folded Valley-and-Ridge Province (see Fig. 6-8). This region exhib
smooth vertical joints in nearly flat-lving sedimentary rocks (Fig. 6-9). The stre
are, nevertheless, not undeformed; a train of broad, gentle folds exists with lir
dips of less than a degree and axes parailel to the edge of the Appalachian Fe
Belt. Furthermore, about 10 percent regional horizontal shogening perpendicul
to the fold axes is recorded in deformed {ossils (Fig. 3-11). 1t is notable, then, 15
the major systematic joint sets in sandstone and shale are approximately perpe
dicular to the gentle folds and paralic) to the direction of principal shortening
the fossils. The gentle folds and the systematic joints in sandstone and shale ho
disappear toward the craton in northweslernmost Pennsylvania and Qhio. 1t th
appears, from these regional patterns, that the systematic joints are an integ:
part of Appalachian foreland structure. Similar patterns of systematic joints «
reported for the eratonic foreland of the Quachita (old-ond-thrust belt in Oklah
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FIGURE 8-5 Joini surface confined io a single carbonale-rich bed; the edge of the joint surface
is marked by a fringe of en échelon fractures; Triassic Lockalong Formation, New Jersey.

ma (Melten, 1929} and of the Cordilleran fold-and-thrust belt in Alberta (Babeock,
1973)

The regional pattern of jointing in the Appalachian Foreland is, neverthe-

less, complex. Whereas the broad sweep ol the reglonal jointing suggests a unified

regional stress field for their origin, this stress field does not bear a fixed
orietation 1o the fokd belt. The joints are broadly perpendicular to the Appala-
chian fold belt in central Peansvivania, bul are paraliel to the fold belt in eastern
New York, The strikes of the major joint sets change about 90°. This change is
associated with a major swing and sharp bead in the Appalachian fold-and-thrust
belt (Fig. 6-8).

The pattern of jointing shown in Figure 6-8(a) is that measured in siltstone
and shale. Interbedded coal exhibits o regional pattern of joints (IFig. 6-8(b)) that is
different from the shale joints, cven though joints in different coal scams arc

“parallel, The coal joints and shale joints Tormed in different stress fields,

apparently at o different time.

The coherence of the orientations of joints over large reglons indicates that
the scale of the processes that control joint orientations is regional. Some of the
possible processes are discussed in a later section,

Noet all regional studics of joints have uncovered a systematic velationship
between joint orientation and other structures in the same rocks. as may be
flustrated with a study of joints in the Grampian Ranges of western Victoria,
Australia {Spencer-Jones. 1963 (Fig. 6-10), Sandstones and conglomerates of the

“Upper Paleozoic Grampians Group are broadly folded and intruded by slightly
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FIGURE 6-6 Fringe of en dchalon fractures al the sdge of the upward-extending joint surface.
The rough fracture exlending below and lo the right of the fringe is man made. Siluro-Devenian

metamorphosed sandstone, New Hampshire,

younger granite and granodiorite. The joints within the Grampians Group are
steeply dipping, and their orientations are mdependent of rock type. The joints are
not genetically related to (he folding because the patterns of jointing bear no
systematic or symmetrical refationship to the fold axes. What is seen is wide-
spread parailelism of joint sets over distances of at least 50 km (Fig. 6-10),
suggesting that the joints were produced by a reasonably homogencous regional
stress field. The Victoria Valley Granodiorite. which has intruded the Grampians
Group, has a significantly different pattern of jointing dominated by two orthogo-
nal joint sets parallel (o the tong and short horizontal dimensions of thesntrusion
(Fig, 6-103.

Regional studies of jointing in the flat-lying sedimentary rocks of the
Colorado Plateau of Arizona, New Mexico. and Utah {(Hodgson, 1961; Kelly and
Clinton, 1960) also uncovered no systematic angular relationship between regional
Joint systems and the changing trends of major folds. The regionad joint patiern of
the Colorado Plateau, which passes through the entire stratigraphic scction, is
composed ol overlapping regions dominated by independent joint sets and
systems such as those shown in Figure 6-2. Studies a1 the Grand Canyon in
Arizona, where the Precambrian basement of the Colorado Platcau is exposed in
the canyon botiom, have given the insight that major joint trends are paralicl o
schistosity and other ofd structares in the basement. Thus the anisolropy of the
basement can in some way influcnce the fracture ol the overlying cover, perhaps
through dilferential compaction or epeirogenic warping,
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FIGURE 8~7 Plumose struclure on a set of subsarallel joint surfaces in Eccens melamor-
phosed sandstone, southern Taiwan.

Regionat patterns of jointing in basement rocks are commonly composed of
overlapping regions dominated by independent joint sets and systems similar (o
those of the sedimentary cover of the Colorado Plateaw. Systematic joints in the
Precambrian gneisses and granites of the Beartooth uplift in Montana in the
western United States are nearly vertical and are dominated by four major
regional joint sets, each of which is best developed in its own overlapping
subregion (Spencer, 1959). Two of the sets form an orthogonal systen. Igneous
dikes of several Precambrian and Tertiary ages arc exposed within the uplift and
mtruded parallel o the main joint systems. Thus parts of the fracture patiemns
have persisted since the Precambrian.

Fracture anisotropy, such as rift and grain {Chapter %), may exhibit
distinctive regional patterns similar (o those exhibited by svstematic joint sets,
Furthermore, some-—bul nol all—systematic joint sets may be parallel to the
fracture anisolropy. In some cases [acture anisolropy is known (o be an
mmediate effect of preferred orientation of microcracks or microjoints, which
have a spacing of a few mitlimeters (Chapter 53, The microjoints at each locality in
the Beartooth Mountains form a pattern of two nearly orthogonal, vertical,
perpendicular sets (Wise, 1964). The microjoint sets and parallel rift and grain




178

PART 1 CLASSES OF STRUCTURES

s} 100 kmy

Swikes of major joint sots

I |

Lake Evie

]

i

Li\‘!nw Yark

] Tracesof  —
|
1

lovw-amplitude
{oids

Pennsylvania

{a] Shale joints

FIGURE 6-8 Strikes of major joint sets in the central Appalachian foreland, west ang roo o
the strongly deformed Appalachian fold belt, (a) Joints in shale and silistone. (b} Joints in co

(LR e .
(Compiied from Nickelsen and Hough, 1967 Engelder and Geiser, 1980: and Rodgers, 1970,
g g

simulate the orientations of some sets of
simpier, more well-defined regional pattern,
the rift, grain, and microjoint directions, |
as well. The paraliclism of fracture ar
sedimentary rocks.

In spite of the insights outjined i the preceding paragraphs, geologists have
not been notably successful in determining the tectonic significance and ultimate
origin of regional Jeint patterns. This incompicie success in palt reflec:, e
difficulty of dating Joints, Only if two Joints form at the same moment do the,
record the same stress field. Therefore, it is uncertain to what exteni systematic
regional patterns of jointing, such as those shown in Figures 6-8 and 6-10, can be
equated with stress fields. Even if the joint patterns reflect o stress field, its ape
generally unknown. Furthermore, as discussed n a later

section, a varic.
subtle distortions of the rock are capable of producing joints.

ordinary joints and present a much
Some ordinary joints are parallel 1w
ut other wnrelated joint directions o

HSOropy with SOME JOInts is also observed i

OIS

Joints in Relation to Local Structures
and Topography

On an outcrop scale, many joints bewr litte systematic refationship to an-
else. Nevertheless, some do and wie therefore
explanation. Some of the commont
Joints aad focal structure and tope

the joints most susceptbie 1w
¥ oobserved systematic relationships between
graphy aie listed below,
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FIGUPN™ 8-8 o
i) : Joints i bedded or otherwise favered rocks are very commonly perpendicu-
©lar to layering and display a spacing that is & function of rock type and bed
b thickness. Joint spacing increascs with increasing bed thickness. Many joints are
raughlv paraliel or perpendicular to the local surface of the ecarth, whether or not
surface s horzontal. Many eariy-formed joints in igneous rocks are perpen-
2 1o the cuier surface of igneous intrusions. A set of joints commonly forms
perpendicular to fold axes or lincar fabrics. Joints that are perpendicular to a
¢ lingar fabric in the rock are sometimes called cross Joinrs. Joint sels may be
¢ paratle! to the fracture anisotropy.
Tese wnd other systemalic relationships between joints and local structure
: ST iphy provide some basis for developing theories of joinling, as we do
c later. However it is appropriate to consider fivst the various mechanisms by which
¢ 0 rocks are stressed and consider the state of stress in the earth’s crust because
1 : joints are a response 1o these stresses.
1 OF STRESS IN THE EARTH'S CRUST
We now consider, as an interlude i our discussion of joints, the various
mechanisms by which recks are stressed and how this stress may be released by
sermanent deformation of the rock, These considerations will give some under-
sanopoof v rocks may deform by Jointing in some situations, but deform in
N s by faulung and stll others only clastically. We shall also consider the

©oresulis of actual measurements of stress made in deep mines and boreholes,
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FIGURE 6~10 Map illustraling regional patterns of steeply dipping syslematic
joints in the sandstones and conglomerates of the Upper Devonian and Lower
Carboniferous Grampians Group, western Victoria, Australia. (Data from Spencer-
Jones, 1963.)

~ Loading History

Let us make a distinction belween stress and loading, For this discussion, we
define loading to be the history of apphed forces, displacements, and temperature
changes that produces the history of siress fields experienced by a body. In
vontrast, recall that stress is a property of a single point in a body and a single time
{Chapter 3}, The net deformation of a body of rock 1s determined by the history of
stress flelds that it experiences and is therefore the result of the loading history.

There are three especially important mechanisms of loading: (1) gravitation-
al, (2) thermal, and (3) displacement loading.

1. Gravitational Loading. By far (he most important control on the state of
stress in the carth is the weight of the overlying rocks. The vertical compressive
stress is caused primarily by the gravitational load. This fact is iflustrated in
figure 6-11{a), which is a graph of the measured vertical compressive stress, o,
as a function of depth in Norwegian mines. The observed vertical normal siress,
u,, is very close to that predicted from the weight of the overburden;

o, = pgT (6-1)

where p is the density of the overburden (about 2700 kg/m® in this case), g is
pravity {9.8 m/s?), and z is the depth {Fig. 6-11(a)). Vertical stresses that exceed
the overburden are occasionally encountered, often because of material heteroge-
acities; nevertheless, Equation 6-1 remains a very good working approximation
for the vertical stress in most situations, *

*The complete expression for the normat stress in the vertical direction o at a depth b is

[ I
Uir . e

Do = opgs - | o dz - J
h oy [l

- dz
ay

where v and y are orthogonal horizontal dircctions, The fast two terms deseribe the net contribution of
the vertical shear-stress companents to the vertical normal stress, which may be significant in some
situations.,
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FIGURE 6-11 (a) Vertical normal stress measured in Norwegian mines in comparison with the
predicted lithostatic overburden pgz. (Data from Bjorn, 1970} (b) Maximum and minimum
horizontal stresses measured in the United States in comparison with the lithostatic overburden.
(Data from Haimson, 1977, McGarr and Gay, 1978.)

Gravitational Joading not only dominates the vertical stress, but also affects
the horizontal stress because rocks tend to expand horizontally in response to the
gravitational load. Elastic materials, including rocks, fend to expand in the
directions perpendicular or transverse 1o the applied compressive stress (Fig. 4-
27

The transverse expansion can be described by Poisson's ratie, v, which is
the ratio of the transverse strain g, to the longitudinal $train, €, when the material
is free to expand transversely (Eq. 4-20):

£
v ==

(6-2)
€

If the rock is not free to expand transversely (e, = 0), a transverse stress, o, is
created, which we may calculate from the elastic stress-strain refation

!
€ = €, = % o, — v (o, + 2] {6-3)
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where z is the vertical (longitudinal) direction, x and vy are the horizontal
directions, F 18 Young's modulus, and o, i$ the applied (longitudinal) stress—that
is, the gravitational Joad. If the transverse strain is zero {g, = €, = ¢, = 0), then
the induced transverse stress (o, = o, = g,) follows from Equation 6-3:

o, (6-4)

This horizontal stress, induced by the gravitational load, is about one-third the
vertical axial stress, o, because Poisson’s ratio is commonty about one-fourth.
Thus the gravitational load makes a significant, if modest, contribution to the
horizontal stress if the rock is not free (o expand horizontally (see Fig. 6-11(a)).

2. Thermal Loading. 1 a homogencous rock is slowly heated or cooled, it
will homegeneously expand or contract. The relationship between strain, €, and
temperature change, AT, is (Eq. 4-21)

€ = AT (6-5)

where « is the linear coefficient of thermal expansion.
If, however, the rock is not free 10 expand or conlract, stress will be
generated. This mechanism of stress generation is called thermal loading. An
everyday example of thermal loading comes from dropping a very cold ice cube
into a glass of water. The ice cracks audibly because the warmed ice on the
outside of the cube expands relative Lo the still-very-cold inside. Stress is thereby
generated, placing the inside in tension and the oulside in compression.
Thermally generated stresses may be described using the elastic stress-strain
relationship (Eq. 6-3) wilh thermal effects (Eqg. 6-5) included:
! .
€, = T [o, = v (g, + a)] + «AT (6-6)
If a confined rock (e, = 0) s cooled through a temperature interval AT, the
induced thermat stress, ignoring the applied longitudinal stress oy, 15 then
aEAT
o, =
1 —v

(6-7)

For example, consider a confined rock (e, = () that cools 100°C but is not aliowed
to shrink (o = 107%°C, £ = 10° MPa, v = 0.25). The induced tensile stress, by
Eguation 6-7, is —13 MPa, which is approximatefy the tensile strength of rock
(Table 5-1). Therefore, cooling of confined bodies of rock can cause joints to form.

The confinement of rock that 15 essentiad for thermal loading is provided by
two mechanisms. .

(a) Spatial variation of 8T, Inhomogencous heating or cooling has already
been illustrated with the cracking ice cube. A geologic example is the rapid, and
therefore inhomogencous, cooling of a lava Now, which places its upper surface n
tension because the top has initially cooled more than the inside. It is the
difference in lemperature change between two parts of the rock that are joined
together that gives rise to the stresses. If the lava were cooled slowly and
therefore homogencously, no stress would be generated and no joints would form.
Another example of inhomogeneous cooling is provided by a dike intruded into a
cool country rock; the dike eventually cools to the regienal temperature, whereas
the country rock undergoes no net change in femperature. Thermal stresses are
generated because the dike is welded 1o the couatry rock and the net temperature
change is helerogencous.
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(b) Inhomogeneous niaterial properties, Even with a homogencous (erm-
perature change, thermal stresses will develon if (he body is composed of
materials joined together that have different thermal Cxpansion or clastic coeff-
cients g, v, and £, For example, therma! stresses develop on the scale of
individual crystals in rocks composed of in{crfocking mincrals of conlrasting
thermal-elastic properties. This last process is discussed in more detail under the
heading ““Residual Stresses., ™

3. Displacement Loading. A third major mechanism by which rocks are
loaded in the earth is the forced displacement of their adjacent surroundings,
which is of major importance in tectonic deformation. For example, rocks at a
convergent plate boundary are placed under herizontal compression because the
adjacent fithospheric plates are moving together continuously. Other cxamples of
displacement loading include epeirogenic warping of the crust in response 1o
inhomogeneous heating or cooling of the bottom of the lithosphere (Chapter 1) or
warping of strata due (o differential compaction of adjacent rocks i a heteroge-
heous sedimentary section. What is common (g all these examples is the
externally forced displacement of one boundary of a body of rock relative 1o
another. The stresses in the body can be thought of as arising in response to the
applied displacements.

State of Stress in the Upper Crust

The actual state of stress in a rock will vary with time through the interplay of the
loading mechanisms that stress the rocks and the deformation processes thal may
dissipale the deviatoric stress. The loading mechanisms include gravitational,
thermal, and displacement foading, discussed carlier, and the dissipative process-
es include fracture, frictional sliding, buckling, and flow.

It is important to realize that deformation dissipates the deviatoric stress
largely through changes in the horizontal components of the siress because the
vertical stress is generally fixed by the mass of the overburden (Eq. 6-1). The
vertical stress cannot be dissipated by mechanisms of permanen deformation
unless these mechanisms affect the mass of the overburden. The gravitational load
varies with time, largely through erosion, deposition, and tectonic thinning and
thickening—for example, by thrust faulting.

Processes of creep, such as plastic deformation, diffusion flow, and compac-
tion, are all capable of reducing the deviatoric siress in time, largely through
changes in the horizontal components of the stress, In the limit of very weak
rocks, the deviatoric stress would be reduced through deformation to zero; the
state of stress would then be isotropic and cqual to the vertical stress, which is
controlled by the weight of the overburden. This ffuidlike, isotropic state of stress
is called a lithostatic state aof stress, by analogy with the hydrostatic state of siress
in a fluid at reg(.

A lithostatic state of stress may be approximated in weak unconsolidated
sediments, deep-seated metamorphic terrains a high temperature, and within the
aesthenosphere (Fig. 4-29). Petrologists normally assume the s(afe of stress in
rocks to be lithostatic. The prediction, or rule of thumb, that the state of siress
within the carth should be approximately lithostatic is often called Heim's ryle.
Most direct measurements of stress within the earth do not agree with Heim’s
rule. The horizonta) stresses are generally significantly greater or less than the
vertical stress: for example, measurements from North America are shown in
Figure 6-1 1(b). Heim's ruje is violated because Mmeasurements have been made
only at depths of less than 3 km, where most rocks have a long-term finjte
strength,
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The maximum and minimum possible value of the horizontal stress at any
depth is limited by the strength of the rock. Processes that may fix the long-term
strength of a body of rock at any temperature and pressure include plastic
deformation, diffusion flow, faulting, buckling, compaction, and brittle fracture.
Of these, by far the best known and most important in the upper 5 km of the crust
15 brittle fracture; the fracture strengths of many rocks have been measured (for
example, Table 5-1). If the deviatoric stress exceeds the fracture strength, the
rock must fracture and dissipate some of the stress. Therefore, we may use
measurements of fracture strength as maximum limits on the deviatoric stress
within the earth, We shall now delermine what these limits are using Coulomb
fracture theory (Chapter 3),

1t is important to recall that the fracture strength of rock is not controlled by
stress, but by effective stress. Therefore, we must consider the pore-fluid
pressure, Py, in addition to the stress. It is convenient to define a dimensionless
quantity x, the Hubbert-Rubey fluid-pressure ratio, which is the ratio of the fluid
pressure to the vertical stress due to the rock overburden:

)
\ = 2L (6-8)

pgz
where § is the mean rock density, z is the depth, and g is gravity. The fluid-
pressure ratio, A, is useful because it is relatively constant over large rock
volumes; it may range from 0 for dry rocks to 1 for fluid pressure equal to
overburden stress. A hydrostatic fluid pressure, also called normal fliid pressure,
is the static fluid pressure fixed by the depth below the waler table or sea level, z,

and the mean density of the fluid, py(about 1000 kg/m? for water):

Pr= gz (6-9)

Hydrostatic values of A range from about .37 to 0.47, depending on the mean
density of the overlying rock and the salinity of the water; A = 0.465 is often used
for young sediments. Nonhydrostatic fluid pressures are called abrormal fluid
pressures, even though fluid pressures well in excess of hydrostatic (A = 0.5 {o
more than 0.9) are widely encountered in deep drilling for petreleum (Chapter 7).
Fluid pressures that are equal to the total pressure (v = 1) are commonly assumed
for convenience in metamorphic petrology, but are probably unusual, Fluid
pressures less than hydrostatic are relatively uncommon.

The Coulomb fracture criterion (Eq. 5-2) in terms of effective stress (Eq. S-
1) is

((]'1 - Pf) = C(] + K(U’; - Pj) (6'10)

. where Cy is the cohesive strength and K is the carth-pressure coefficient. If the

vertical normal stress is a principal stress and is gravitational, then the maximum
horizontal stress at any depth z, limited by the fracture strength of the rock, is

o — Apgz = Cy + Kpgz{l — A\)
or
o = Cy+ pez (A + K( = W) {6-11)
and the minimum horizontal stress is given by
pgz (1 — X)) = Cy + K(o3 — Mpgz)

or

‘ 1
oy = = S04 Gealn + = (1 =] (6-12)

K
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Using the appropriate values of the compressive cohesive strength, C,, and the
earth-pressure coefficient, K, we may calculate the limits on the horizontal stress
for a given rock as a function of the fluid pressure ratio, A. For example, Figure 5-
6 shows laboratory measurements on many Tertiary sandstones, siltstones, and
shales from Japan that give a mean value of Cy = 15 MPa and K = 5. Using
Equations 6-11 and 6-12, we compute the maximum and minimum horizontal
stresses that are possible in the Japanese Tertiary basins at various fluid-pressure
ratios, as shown in Figure 6-12. It should be noted that as the fluid-pressure ratio,

Stress (MPa)
100 200 300 400

—

Maximum o, in

Sy’ herizontal compression
Minimum ¢gin E

horizontal extension

FIGURE 6-12 Maximum and minimum possible horizontal stresses at various fluid-pressure
ratios x (Eg. 8-8) based on Coulomb fracture strengths (Eqgs. 6-11 and 6-12). Computed for
typical sandstones, siltstones, and shales (Co = 15 MPa, K = 5),

A, approaches 1, the rocks progressively weaken, the maximum stress approaches
Co + pgz, and the minimum stress approaches pgz — (Cp/K),

At present it is difficult to directly compare predicted limits on the stress
based on rock strength with actual measurements of stress because fluid pressures
are commonly not known. Nevertheless, a comparison of the in sizu stress
measurements in the United States (Fig. 6-11(b)) with the brittle-fracture strengths
of Figure 6-12 suggests that the stress may be controlled by rock strength with
fluid-pressure ratios, A in the range of 0.4 10 0.7, > vertical, and oy~ oz = Cy. In
the future, actual stress measurements in deforming regions will probably play an
important role in structural geology. At present it is known that the deviatoric
stress is a finear function of depth in several regions (for example, Fig. 6-11(b))
and regionally consistent patterns of oricntation of horizontal stress components
have been observed in North America and Europe (Fig. 6-13).
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FIGURE 6-13 Regional palterns of present-day stress showing the orientation of the horizontal
maxirmum o minimum stress component in (a) the United States and (b) western Europe. (Data
compiled from Zoback and Zoback, 1980, and other SOUrces.}
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State of Stress in the Lower Crust
and Upper Mantle

o Trom a
ass i brittle

With increasing depth in the earth, we expect vocks to nind
brittle to a plastic deformation mechanism Decisisi o
strength with pressure and the decrease in plastic slegi
(Chapter 5}. We can combine these two cllects Wi pre
minimum horizontal stresses in the lithosphere, ss bl
example, if we combine the stresses just predicted Tor Tibils se
Figure 6-12 with the plastic strength of quartz from Viguie gy obitain an
estimate of the maximum and minimum possible hogizosii &l i guantzerich
lithosphere, as shown in Figure 6-14(a). It should be noted ihat ihe maximum
deviatoric stress is predicted to be at the brittle-plastic transitioi, Furthermore, an
increase in fluid-pressure ratio produces an increise i e depth of the brittle-
plastic transition, whereas it reduces the maximum devidians slres in the
lithosphere.

The predicted stress-depth curves are substaially differant Tor different
rock types because of the large differences in plastic strength with jinneralogy
(Fig. 4-29). For example, we would predict oceunic lithosphiens, which is rich in
olivine to shallow depths, to be substantially stronpc than qunrtz-rch itho-
sphere. Furthermore, if the Moho at the base of @ quarlz-rich crust B at depth
intermediate between the brittle-plastic transitions For quartz and olivine, we
would predict a lithosphere composed of a strong upper crast ank upper mantle
with an intervening weak lower crust—in essence it i ke i jelty sandwich {Iig. 6~
14(b)). It is apparently for this reason that the upper crust compmiy deforms
independently from the rest of the lithosphere in contienial delurmation,

pinry rocks in

Residual Stresses

Before returning to the subject of joints, one further aspact ol stress generation
and dissipation in the earth should be addressed, that of resiidnal, or locked-in,
stresses. Residual stresses are stresses locked into o body even when no forces act
on the outside of the body. For example, a sample of granite sitfing ona tuble will
have deviatoric stresses locked into its individual mineral prains. These residual
stresses are caused by changes in temperaturc and pressure i e helerogencous
material. Most rocks are helerogencous intergrowths ol minerals of different
thermal expansion coefficients and elastic contents; for example, o quartz grain
may be surrounded by a garnet crystal, On a farger scale, entire hadies of rack of
contrasting thermoclastic properties are interfayered and interlocking within the
crust; for example, a granitic intrusion may be imbedded in a schist terrain. As a
consequence of this thermoelastic hetcrogeneily, siresses are penerated because
ecach material expands or contracts differently in response to temperature and
pressure changes. The residual stresses produced by pressure release and cooling
during uplift and erosion play an important role in the formation of some joints.

1f we scribe two arbitrary lines of equal length on difterent minerals or rocks,
they will generally have different and unequal lengths at some other temperature
and pressure. If the two materials are intergrown, elastic distortion and stresses
will result. Most rocks are observed in outcrop al a4 pressurc and temperature
quite different from their crystallization or consolidation; therefore, they will in
general contain residual stresses unless the distortions in the heterogencous
material are relaxed by fracture or flow.

Consider a garne( crystal that grows around a [-cm spherical quartz grain at
450°C and 500 MPa. The quartz sphere fits precisely into the spherical hole in the
garnet with no mismatch. After some change in lemperature or pressure, the
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quartz inclusion in general will no tonger fit because yuarts and painct have
different properties of thermal expansion and compressitihity, Wl T quartz
sphere were free to expand and if it were brought to i carthesurfive temperature
(25°C), it would change to a uniaxial ellipsoid with lengths of the prigcipal axes of
0.9927 and 0.9953 ¢cm, because quartz has anisotropic thermal @xpansion (K. 4-
21). In contrast, if the l-cm gpherical hole in the garnel wore free 1o shrink without
the quartz inclusion, it would become a 0.9905-cm spherical hole when brought Lo
earth-surface temperature. The hole would be spherival bevinst garnel has
isotropic thermal expansion. Thus cooling makes the quarty inchision in ellipsoi-
dal peg in & smaller spherical garnet hole; the result is chmtic deformabion and
stress in and around the quartz inclusion.

Elastic distortion produces photoclastic effeets in erystals, For example,
Figure 6-15 is a photograph of a quartz inclusion of one crystallopraphic
orientation in a host quartz crystal of a different orientation: photaclistiv effects of
the distortion can be seen around the inclusion. Furthermore, two fractures that
radiate from the inclusion have dissipated parl of the residuad shyess,

ORIGIN OF JOINTS

Jointing in Light of Mohr Diagram

In the introduction to this chapter we reviewed the evidence that many, perbaps
most, joints are tensile or transitional tensile fractures. Joints show little or no
displacement parallel to their walls and show no scratches, slickensides, or pouge
indicative of frictional shiding. Some fresh, unweathered joints display delicatle
surface markings that are incompatible with frictional shiding tfor example, Figs.
6-1 and 6-4). Many joints apparentiy formed as narrow open fissires beeause they
contain vein minerals that grew outward from the walls of (he fissure, although the
opening of some joints is later than the fracture. Forthese Feasons joints appear (o
form without significant compressive stress acting across the fracture surface; the
effective normal stress, a,, appears to be gencrally tensile (e, = O).

Erom the perspective of the Mohr diagram, the principal domain of joint
formation (o, = 0) appears to be the domain of tensile and transitional-tensile
fracture {Figs. 6-16 and 5-5). Some shear joints have orientations sugpesting they
might be Coulomb fractures (¢ = 60°, Fig. 6-16,); alternatively, they could be
transitional-tensile fractures (o, = 0) because fracture orientation, 20, is relative-
ly insensitive to cffective normal stress over the transition between Coulomb
fracture and transitional-tensile {racture. Joint-surface morphology is the main
observational criterion for distinguishing shear joints as Coulomb fracturcs or
transitional-tensiie fractures.

The shape and size of the Mohr diagram places an upper limit on the
deviatoric stress for joint formation, which in turn fixes 4 maximum depth for joint
formation. The maximum deviatoric stress for a tensile cffective normal stress
tangent to the Mohr envelope (o, = 0} is limited by the shape of the Mohr
envelope 1o about six times the tensile strength, Tq (Fig. 6-16):

(@) — ay) =~ 4V27, (6-13)

based on Griffith theory of fracture (Eq. 5-7). Yor joints that are ruc tensile
fractures, the maximum deviatoric siress is further limited to four times the tensile
strength (Fig. 6-16):

(o) — oy = 470 (6-14)
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FIGURE 6-15 Photomicrograph showing a quartz inclusion in quartz of a different crystallo-
graphic orientation. Residual stresses have produced opposing light photoelastic fringes
surrounding the inclusion and several small cracks radiating from it.
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FIGURE 6-16 Mohr diagram showing
the maximum effective stress for non-
compressive narmal stress on the frac-

ture surface. Based on Equation 5-7.
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The vertical stress due to the gravitational load is compressive {13q. 6-1),
whereas joints require tensile effective normal stress (o, = 0), Therefore, the
requirement for deep formation of joints is both small deviatoric stress andd high
fluid-pressure ratio, A (Eq. 6-8). Equations 6-13 and 6-14 may P psed 1o estimate
the maximum depth of jointing as a function of fluid-pressure ridio A and tensile
strength 7. It follows from Equation 6-13 and Figure 6-16 that the A ximILm

effective stress, oy, for jointing is limited to about five times the tensile strength:

ol = 1@+ 2V | (6-15)
If o, is vertical, then (Egs. 6-1, 6-8)
ot = pga(i — N) (6-16)
Equating 6-15 and 6-16,
el — N = 1 (2 +2VD)Ty|

and finally,

&4

(6-17)

(2 + 2\/2)7;}1
pg(l — \)

which gives the maximum depth, z, of jointing with o, vertical as a function of
fluid-pressure ratio, h. For example, the maximum depth of jointing in the
Gossford Sandstone (T, = —3.2 MPa, Table 3-1) is about 1 kv al hydrostatic fluid
pressure (A = 0.4), whereas the maximum depth is about 7 km ot A = 0.9, Very
strong rocks, such as the Cheshire Quartzite (T = ~28 MPa), arc capable of
tensile fracture throughout much of the crust. If o2 01 7y is vertical, the maximum
depth of jointing is less than for o vertical. This analysis ipnores any contribution
of residual stresses to the vertical stress.

For joints that are true tensile fractures, the maximuim effective stress (o) 1s
limited to three times the tensile strength (sce g, 6-14 and Fig. 6-16):

o = 3T} (6-18)
The maximum depth of true tensile joints is therefore (cquating 6-16 and 6-18):
3Ty
7 = | —— 6-19
pg(l = ?\)1 (19

which is about 60 percent of the maximum depth of transitional tensile joints (Eq.
6-17). A graph of this equalion is given in Figure 6-17, which illustrates the
principal domain of joint formation.

The Mohr diagram provides one further insight into the origin of joints. We
recall from Chapter 3 that planes perpendicular ta the principal stresses (o4, 02,
a4) are planes with no shear siress acting across them. The surface of the carth
and open fluid-filled joint fractures are examples of such plancs of no shear stress
because they are fluid-solid interfaces, and fluids cannot support shear stress.
Therefore, the principal stresses have three possible orientations at the surface of
the carth or near open joints; ¢, o, 0 0’3 must be perpendicular to the interface.
We know from the Mohr diagram and fracture experiments (Chapter 3) that tensile
fractures form perpendicular to the least principal stress (0 = 90°, Fig. 6-16).
Therefore, we may expect that joints forming in a near-surface environment will
be either perpendicular (o or &, vertical) or parallel (o vertical) to the surface of
the earth. Analogous theories of dike, sill, and fault oricntations arc given in
Chapters 7 and 8. Similarly, tensile joints propagating ncar a preexisting open joint
fracture will bend into perpendicular or parallel orientation with respect to
preexisting open joints (for example, sce the nonsystematic joints of Fig. 6-2).
Crosscutting jeints that arc not orthogonal (for example, the systemaltic joints of
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FIGURE 6-17 Maximum depth of tensile fracturing as a function of tensile strength T and fluid-
pressure ratio A = F/pgz (Eq. 6-19, v, vertical, and p = 2700 kg/m®),

Fig. 6-2) apparently must be preexisting joint sets that were frictionally focked or
cemented by vein material when the second joint set formed.

Uplift and Denudation in Jointing

It is generally thought that many joints are formed by the release of tensile
stresses generated during uplift and denudation. Uplift and denudation modify the
preexisting state of stress in three ways: (1) horizontal stretching through the
geometry of uplift, (2) expansion through the release of the gravitational load, and
{3} contraction through cooling. The net effect of these processes is horizontal
tension in many situations,

1. Initial State of Stress and Strain.  We must first consider the initial state
of stress and elastic strain before uplift. We then determine how it is modified in
any episode of uplift and denudation to & new state of stress that may cause
jointing or other deformation. Widely different initial states of stress and elastic
strain are theoretically possible, limited only by the strength of the rock. In order
to emphasize how uplift and denudation modify the initial state, we shall first
consider an isotropic or Hthostatic initial state of stress, For exampie, suppose a
body of homogeneous rock has crystallized or lithified at some depth / in the earth
and Is subjected to an isoiropic stress P:

P=o,=0,7 0, = pegh {6-20)
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where p is the mean density of the overburden and g is gravity. After some uplift
and erosion Az (nepative), the state of stress is modified to a new value;

pelh + Az)
o = o, = peh + Ao, + Ao, + A,

i

S

{6-21)

where Ao, is the change in stress caused by horizontal stretching during uplift,
Ag, is the change in stress caused by expansion upon relcase of the gravitational
load, and Ac, is the change in stress caused by thermal contraction upon cooling.
The new horizontal stress is determined by the sum of these three effects, which
are counsidered as follows.

2. Horizontal Stretching.  As segments of the crust undergo uplift, they
may be stretched horizontally. For example, the beds at the crest of the large
anticline in Figure 2-1 have stretched because of the bending associated with the
uplift during folding. In a similar way the epcirogenic uplift of the Guyana
Highlands (Fig. 1-4) produced stretching of the top of the lithosphere. The amount
of stretching and associated change in stress, o, caused by bending is inversely
proportional to the radius of curvature of the flexure. For this rcason the more
strongly curved parts of folds formed under brittie upper crustal conditions
commonly display a higher concentration of joints and small faults. We shall not
consider further the stress produced by stretching because it depends so specifi-
cally on the tectonic sctiing,

3. Release of the Gravitational Load. The release of the gravitational load
by erosion causes expansion of the compressed rock. However, the rock is not
free to expand in the horizontal directions; therefore, much of the horizontal
compressive stress remains after crosion. The change in horizontal stress, Avy, is
related to the change in gravitational load, pgAz, through Poisson’s ratio, v (Eq. 6-
4y

v
Ao, = P pglz {6-22)
— v
Considering that v is about one-fourth, the decrease in horizontal stress is only
about one-third the decrease in gravitational Joad.

4. Thermal Contraction. A change in horizontal stress, Ao, is produced
during erosion as a result of cooling. Thermal stresses are generated because the
rock is not fre¢ to contract horizontally, as described by Equation 6-7:

aF

Ag, = AT (6-23)
[~

Thus if we can specify the cooling history during uplift and erosion, we can
compute the thermal stress, In the case of slow uplift, the change in temperature,
AT, is simply determined by the equilibrium thermal gradient dT/dz:

dr

AT = — Az (6-24)

dz
However, during very rapid uplift temperatures may be substantially greater (for
example, Alberede, 1970), therefore Equations 6-23 and 6-24 may be used to
estimate the maximum thermal stress:

off dT
Z

(6-25)

l—v_(_f;
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5. Net Effect of Uplift.  The stresses generated during uplift and erosion are
the net effect of release of the gravitational load (Eq. 6-23) and thermal contraction
(Eq. 6-25}, ignoring possible horizontal stretching. Combining with Equation 6-21,
we obtain the horizontal stress, o, at depth z = (h + Az)) after some erosion Az:

_ 1 —2v af T
o= pg |z ———— Az | + — Az (6-26)
I —v [ ~v dz

The resulting stress is a function of several material properties (3, v, E, ) and the
thermal gradient, ¢7/dz. The siress is in fact quite sensitive 10 the exact values of
these quantities, especially because the effects of the gravitational load (Eq. 6-22)
and cooling (Eq. 6-25) are normally of similar magnitude, but of opposite sign.
Therefore, horizontal extension is produced in some cases, bui horizontal
compression occurs in others,

Anexample of the change in state of stress upon uplift and erosion is given in
Figure 6-18(a). Consider a sandstone lithified at a depth of 5 km under an isotropic
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FIGURE 6~18 Continued. {b) An initiai horizontal compressive state of stress {on — oy = 40
MPa) at 5 km depth is modified to an isotropic state of stress at about 1.7 km of erosion and is
brought to tensile fracture al about 3.2 km of erosion.

state of stress (o, = o) with a 20°/km geothermal gradient and a hydrostatic fluid
pressure (A = 0.4). With typical elastic properties and thermal expansion coeffi-
cient, the cooling will dominate over the release of the gravitational load;
therefore, successive states of stress upon erosion will show increasing horizontal
extension (o, > o). Finally, after about 2.2 km of erosion, the rock will be at a
state of failure—in this case, by Coulomb fracture with a very small normal stress.

The initial state of stress in general will not be isetropic, which has a
significant effect. Consider the same sandstone being uplifted from a depth of 5
km., but this time with an initial horizontal compressive stress (o), > o), as shown
in Figure 6-18(b). In this case the deviatoric stress decrcases with erosion because
of the deminance of thermal contraction over gravitational load until the stress is
isotropic at about 1.8 km of erosion. The state of stress then shows increasing
horizontal extension (o = o) until the rock fails by tensile fracture at about 3.2
km of erosion.

We have seen the importance of uplift and crosion on stale of stress in these
two examples (Fig. 6-18). A considerable varicty of stresses is possible, depending
on the rock types and the tectonic conditions of uplift. In many cascs, uplift and
erosion lead to formation of joints by tensile fracture, as shown in Figure 6-18(b).
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FIGURE 6-19 Joints in an Ordovician shale and sandstone sequence passing through many
beds, Topman's Biuff, Jefferson Co., New York. (G. D. Walcotl.)

Joints in Bedded Sedimentary Rocks

Joints perpendicular to bedding are the most obvious structural feature of flat-
lying sedimentary rocks (for example, Fig. 6-9). It is observed that joint spacing in
interbedded sediments is a function of rock type; for example, joints are much
more closely spaced in coal than in sandstone or shale. Furthermore, joint spacing
is a function of bed thickness; joints are much more numerous in thin beds than in
interlayered, thick beds of the same rock type. A related observation is that some
joints are confined to a single bed (for example, Fig. 6-5), whereas other joints
pass through many beds (Fig. 6-19).

To undersiand these observations, let us consider a set of interbedded layers
1,2...., nof thickness dy, dz, . . ., d, (Fig. 6-20). Each layer of different rock
will in general have different clastic constants £y, E», . . ., E, and tensile strengths
Ty, Tay o oo Ty To start with, assume that the beds have undergone compaction
and lithification, that they arc ali at approximately the same lithostatic state of
stress, and that the vertical dimension between the top and bottom bed is small.
The horizontal stress, o, and strain, €, in each layer is then ¢ = Ej¢; = ey
=...= FE.,.

If the beds are now uniformly stretched (Fig. 6-20) by some strain ¢,—for
example, as a result of epeirogenic warping (Chapter 1)—the new horizontal stress
o, generated in each of the n fayers will be now quite different:

oy = e €)

G = Eales — €
(6-27)

= En(eu - E.\')
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FIGURE 6-20 Mechanics of jointing in bedded sediments. Each layer, 1,2, ..., n, has different
elastic properties, £, and tensite strength, T; therefore, they respond differently to a homoge-
neous stretching e,.

Thus a uniform applied strain will generate quite different layer-paraliel normal
stress in layers of contrasting elastic properties. The new stress may reach the
tensile strength in some layers, but not in other layers, cach layer having its own
strength. 1t is the layers of high stiffness, £, and low tensile strength, 7, that will
fracture first. The fractures in general will be confined to the layer in which they
initiate unless the adizcent fayer is also near its own fracture strength.

Thus we have an cxplanation of joint spacing as a function of rock type in
terms of contrasts in clastic stiffness and {ensile streagth, although we have not
spoken specifically of spacing. To do this we must consider the problem of joint
spacing as a function of layer thickness. ,

As the applied stretching ¢, increases—f{or example, as epeirogenic warping
continues—a joint will eventually form at the weakest point in the system. The
propagation of a joint in a weak, highly stressed bed does not necessarily
precipitate rupture i neighboring beds, although the stress will, of course,
increase to some extent to the neighboring beds near the joint. We recall from
Griffith theory (Eq. 5-4) that a crack releases significant stress only within a radius
of about one crack length. Therefore, the joint has little effect on the state of stress
in its own bed more than one bed thickness away; the rest of the bed is still very
close to the stress for tensile failure. With a small increase in sirain, other joints
will form, each only relaxing the siress within about one bed thickness; soon the
entire bed will be jointed with a spacing roughly equal to the bed thickness. Closer
spacing requires a significant increase in strain (Hobbs, 1967) or healing of joints
by vein precipitation. If all the layers have very similar strengths and elastic
properties, then joints may propagate through many fayers {for example, Fig. 6-
19).

Sheet Structure

Sheet structure, or sheeting, also called exfoliation, 1s the development of joints
that divide rock into broad, gently curved shells, approximately parallel to the
topographic surface (for example, Fig. 6-21). Sheeting is best displayed on convex
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FIGURE 6-21 Sheeting of granitic rock cenformable to the topographic surface, Haif Dome,
Yosemite National Park, California. (F. C. Calkins.)

topographic forms, but also develops below concave forms. Sheeting is well
developed in many bodies of granitic rock, especially quartz monzonite and
granite, and less-commonly developed in granodiorite, massive sandstone, and
other rock that is relatively free of other joinis. Sheeling joints are largely
independent of carlier formed structures because they cut across igneous inclu-
sions, septa of metamorphic country rock, pegmatitic and aplitic dikes, mineralo-
gic foliation and layering, cross bedding, and some earlier joints. Sheet structure
is evidently a near-surface phenomenon because the number of sheeting joints
increases regularly toward the surface of the carth and because the joints are
closely parallel to the topography (Fig. 6-22).

The nature of the relationship between sheeting and topography has been
controversial. Some workers have felt that sheeting coatrols the development of
topography and fixes the tocation of domes and valleys. By this theory the sheets
were present before the topography. In contrast, most workers have felt that
sheets form roughly paralle! to the topography. This latter view is probably
correct in light of the observed decrease and eventual disappearance of sheeting
with depth (Fig. 6-22).

Sheeting has been most extensively studied in the granite quarries of New
England (Jahns, 1943; Johnson, 1970); the sheets range in thickness from less than
a meter near the originat ground surface to between 5 and 10 m at a depth of 30 to
40 m. At the Fletcher Quarry in Massachusetts, the sheeting is independent of the
mineralogic Jayering and the foliation; they intersect at a variety of angles from 0
to 90°. Individual sheeting fractures are roughly elliptic in plan; some are as long
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FIGURE 6-22 Sheet structure in granitic rock axtending to a depth of 30 m with decreasing
number of fractures, Norfolk County, Massachuselts. (T. N. Dale.)

as 70 m. A well-developed rift, grain, and hardway fracture anisotropy (sce
Chapter 5) exists within the granite and is controlled by preferred orientation of
microcracks. The sheeting and most of the microcracks are parallel to the rift,
which is the easiest plane of splitting.

It is widely observed that many sheets arc in compression parallel to their
tength. This compression is documented by the lateral expansion of sheets after
they are cut out of a quarry. Furthermore, sheets are observed to have buckled
outwards at the ground surface (Fig. 6-23). This buckling of sheets may occur
suddenly in quarries.

Most modern theories have proposed that sheeting joints are caused by
compression paralle! to the topographic surface, based on the evidence that the
sheets are in compression parallel to the topographic surface.

There has been considerable speculation and controversy on the origin of
the compression parallel to the topographic surface. It has been thought that
denudation by the Poisson’s ratio effect (Eq. 6-4) would produce horizontal
compression; however, as shown in a previous section, the net effect of uplift and
denudation is commenly horizontal tension rather than compression, if thermal
expansion is also considered (Eqg. 6-26). A very low geothermal gradient is
commonly required for Poisson’s ratio to dominate over thermal expansion. An
alternative origin has been tectonic compression, but this is unsatisfactory
because the best development of sheeting is predicted for valleys. as valleys have
the greatest stress concentration in horizontal compression. In contrast, moun-
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FIGURE 6-23 Buckled exfoliation sheet in granitic rock, Cloud's Rest, Yosemile National Park,
California. {F. E. Matthes.)

taintops and mountainsides display the best development of sheeting, whereas
horizontal tectonic compression has little effect on the state of stress in a
mountain projecting above the general landscape.

Another proposed origin of the compression is that some near-surface
process or processes closely concordant to the topographic form cause expansion
of the near-surface rock relative 1o the interior of the topographic form. Through
thermal, weathering, or residual stress effects, the near-surface rock may undergo
expansion and thereby be placed in compression parallel to the topographic
surface and in tension perpendicular to the surface.

Columnar Joints

Columnar joints are prominent in basic lava flows and shallow intrusions, as well
as in some intermediate and acidic flows and welded tuffs (Figs. 6-24, 6-25). Such
shallow and quickly cooled igneous bodies are typically fractured into long
polygonal columns oriented approximately perpendicular to the outer surface of
the lava. The fractures are a result of differential contraction during the cooling of
the lava.

A typical linear coefficient of thermal expansion for basalt is 2.5 x 107%°C,
which means that a 100-m fength of lava contracts about 25 cm during cooling
from 1000°C to earth-surface temperatures. The top of a lava flow is initially
cooler and therefore more contracted than the inside, which causes tensile
stresses oriented paratlel to the margins. Once the lava is too cool to flow, below
about 900°C for basalt, the stress is relieved by tensile fractures perpendicular to
the outer surface of the lava. The cracks propagate into the interior of the flow as
cooling proceeds.

Tensile stress may also develop in cooling magma because the contacts of an
intrusion or the bottom lava flows are welded to the cooler country rock. Recall
that the lava shrinks as it cools, whereas the initially cool country rock maintains
something close to its original size and shape. Thus we have two important
mechanisms by which tension is generated in cooling lava: (1) inhomogeneous
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FIGURE §-24 Columnar joints, Devil's Tower, Wyoming.
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FIGURE 6-25 Strongily curved columnar joints in basaft adjacent 1o former lava tubes, lceland.

cooling of the lava and (2) fixed boundaries of the country rock with shrinking
lava.

The typical cooling history of a lava flow is illustrated in Figure 6-26. At an
carly state in the cooling, shown as curve [, the center of the flow has cooled little,
whereas the top has cooled over 900°C relative to the interior and the base has
cooled about 400°C relative to its initial temperature. As a result, both the top and
the base of the flow are placed in horizontal tension; the thermal stress, oar, may
be estimated with Equation 6-7:
aFEAT (6-28)

Tar =
1 —~v

For basalt, Young's modulus is E = 4 X 10* MPa, coefficient of thermal expan-
sionisa = 2.5 X 1075°C, and Poisson’s ratiois v = 0.21. The tensile strength of
basall is about — 10 MPa: therefore, Equation 6-28 predicts tensile fracture for a
temperature change AT of about —-80°C.

The country rock below the lava flow has increased in temperature, but it is
generally unable to expand freely in a horizontai direction because of the lateral
constraint of the earth: therefore, the country rock just below the Java is placed in
horizontal compression. Tensile fractures will propagate from the top of the flow
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FIGURE 6-26 Theoretical cooling of a lava flow. (Based on data from Jaeger, 1961.)

downward and from the base of the flow upward, but it will not propagate any
significant distance into the country rock because it is in compression.

The columnar structure in a single lava flow develops as two colonnades, as
is predicted from the cooling curves (Fig. 6-26): One grows up from the bottom
and the other down from the top. In some cases these two colonnades join
together in a disturbed zone of strongly curved columns, called the entablature.
This disturbed zone is apparently the result of an irregular stress field formed by
the interaction of the two sets of cracks approaching from above and below.
Distorted columns are also produced by curved isothermal surfaces caused by
lava tubes, irregular tops to flows, and strongly curved intrusive contacts (for
example, Figs. 6-24 and 6-25). In such irregular cases the columns in general are
not perpendicular to the isothermal surfaces, whereas in the case of a simple
tabular body, they are.

The spacing of columnar joints is generally significantly wider in the lower
colonnade than in the upper of a lava flow. This fact apparently reflects the higher
thermal gradients in the top of the flow during much of the cooling (Fig. 6-26).
Furthermore, the upper colonnade commonly occupies more of the thickness of
the flow than the lower colonnade; this fact reflects the displacement of the
thermal maximum downward from the center of the flow during cooling (Fig. 6-
26).

One of the most striking features of columnar jointing is its geometric
regularity, especially the polygonal, paving-stone pattern displayed in cross
section (for example, Fig. 6-27). These regular patterns of joint intersections are
reasonably well understood from a theoretical point of view; furthermore, similar
patterns have been produced in glass and ceramics since ancient times. Available
theory (Lachenbruch, 1961, 1962) provides explanations for the two most
commonly observed types of joint intersections in columnar jointing: (1) two
joints intersecting, one abutting the other in a right-angle, T-intersection and (2)
three joints joining in a Y-(120°) intersection. Figure 6-27 displays Y-intersections,
for the most part.
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FIGURE 6-27 Columnar joints viewed in cross section showing many Y-intersections, Iceland.

The T-intersections of joints (Fig. 6-28) are most easily understood. If one
joint is growing toward another preexisting joint, it must come in at a perpendicu-
lar because the preexisting joint, being open, is a free surface; therefore, the
principal stresses are parallel and perpendicular to the surface. Thermal contrac-
tion joinis form perpendicular to the maximum tensile stress; therefore, they
propagate perpendicularly into any nearby preexisting joint surface.

The 120° intersections are more complicated and involve dynamic aspects of
crack propagation, which have been studied both theoretically and in experiments
with rapidly cooling plate glass. As a crack starts to grow out from a flaw in the
material, it accelerates, When the velocity of propagation reaches about 0.6 times
the shear-wave velocity, the stresses near the tip of the crack are sufficiently
reoriented through dynamic effects that the crack bifurcates into two more stowly
propagating cracks running off at 120°. These cracks in turn accelerate until they
reach the critical velocity and branch themselves or else intersect a preexisting
crack. The shear-wave velocity of basalt is about 3 km/s; therefore, the initial
cracks of u 120%xystem of joints apparently form at the outer surface of a lava flow
in a fraction ol a sccond,

Once formed, a system of columnar joints propagates more slowly into the
interior of the igneous body, perhaps modifying their cross-sectional shape during
propagation. Some columnar joints exhibit distinctive joint-face structures that
record aspects ol the Iracture propagation. Most common are horizontal bands,
transverse to the columns, that are characterized by an abrupt but slight change in
the orientation of the joint Face. 1t has long been suspected that these horizontal
bands represent successive sudden episodes in the propagation of the columnar
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FIGURE 6-28 T-intersection of joints on surface of Kitauea ki lava lake, Hawaii.

fractures. Some horizontal bands exhibit considerable curvature and are more in
the realm of undulations; these are commonly better developed near the margins
of igneous body. Within individual horizontal bands, en échelon fractures may
exist that give risc to curved cross-fractures or steps in the exposed joint faces.

The fracture chronology of the upper colonnade has been studied in some
ancient lava flows using T- and Y-intersections and from a study of the cooling of
the 1959 Kilauea Iki Lava Lake in Hawaii involving both repeated surface
mapping and microseismic recording. First formed are long master joints, against
which all later joints terminate, followed by megacolumns up to 5 m or more in
diameter. Joints were observed to be continually forming for several years after
eruption, at which time magma was still present at depth. From the observations
at Kilauea 1ki, it was learned that most cracks start to form at about 900°C and are
capable of propagating into regions as hot as about 1000°C. Hotter regions are
unable to fracture; they undergo plastic deformation until they cool sufficiently for
fracture.

Thermal contraction joints are also important in deeper igneous bodies.
However, it is important to distinguish the primary thermal contraction joints
from joints that developed during regional uplift and denudation. Many thermal
contraction joints form while the rock is stilf quite hot and thus show petrologic
evidence for their higher temperature origin. They typically show pegmatites,
veins, and hydrothermal alteration. Joints of decper origin may have mineral
veneers of sericite, epidote, chlorite, fluorspar, or calcite, whereas barren joints
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are probably younger, Early thermal contraction joints can play an important role
in some mineral deposits—for example, the skarn iron ore of Iron Springs, Utah
(Mackin, 1947).

EXERCISES

6-1 Determine which joints are systematic and which are nonsystematic in Figure 6-2,
using tracing paper. Which criteria were useful?

6-2 Given an interlayered sequence of sandstone (E = 30 GPa, T, = —3 MPa), shale
(E = 30 GPa, Ty, = —4 MPa), and dolomite (£ = 70 GPa, T, = —8 MPa), which will
first begin to form joints upon stretching of the stratigraphic sequence paraliel to
bedding? Why?

6-3 Derive Equations 6-13 and 6-17 for the maximum depth of jointing given Equation 5-7
for the Mohr envelope in the tensile regime, which is based on the Griffith theory of
fracture (Fig. 6-16).
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INTRUSIVE
AND EXTRUSIVE
STRUCTURES

INTRODUCTION

Magma, mud, and salt are united in their ability to pierce into, displace, and form
conduits through their overburden and to flow upward toward the surface of the
carth. This behavior involves fluid or fluidlike flow of the intruding material,
which by virtue of its low strength and higher pressure is able to displace and
deform the stiffer country rock. It is this fluid or fluidlike pressure-driven flow and
deformation that unites the diverse phenomena treated in this chapter, ranging
from the slow rise of cylindrical intrusions of salt (salt domes) through the
overlying strata at rates measurable by the timespan of deposition of overlying
sedimentary formations, to the high-velocity, even supersonic, rocket-enginelike
flow of magma-gas mixtures in volcanic necks and diamond pipes. We begin by
considering small shallow-level igneous intrusions such as dikes and sills and
generally proceed toward deeper-level and larger intrusions, making a short
detour to consider the deformational aspects of extrusive structures and eruptive
mechanics, The end of the chapter is devoted to sedimentary intrusive and
extrusive structures,

SHEET INTRUSIONS

Many intrusions are tabular or sheetlike (for example, Fig. 7-1); as a group they
are called sheet intrusions, or sheets, which are general terms that subsume dikes,
sills, and cone sheets, all discussed in the following sections.

A dike (Br. dyke) is a discordant sheet intrusion that cuts across bedding or
foliation in the country rock at a high angle. The word is also used to mean any
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FIGURE 7—1 Resistant dike standing in relief above more erodable shale and sandstone
country rock, Ship Rock, New Mexico. This dike is one of a set that radiates from the volcanic
neck outcropping as the distant peak (compare Fig. 7-11).
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approximately vertical intrusive sheet. The name dike is derived from the word for
wall or fence in the north of England and in Scotland because igneous dikes are
sometimes seen projecting like a wall above the softer strata on both sides, which
have been eroded away (Fig. 7-1). In contrast, a sill is a concordant sheet intrusion
injected parallel to the layering of the host rock (Fig. 7-2). The word is also used to
mean any approximately horizontal intrusive sheet. The term sill apparently is
derived from the common architectural word for a horizontal member, as in a
window silf or the sill (threshold) of & house. Miners in the north of England
commonly called horizontal bands of rocks “silis,”” not distinguishing between
sedimentary strata and igneous intrusions or extrusions. Sheet intrusions range in
thickness from millimeters to kilometers, with most being in the decimeter to
decameter range,

Shapes of Sheet Intrusions

Dikes and sills are not perfectly planar intrusions. Sills commeoenly intrude close to
a single stratigraphic horizon and then crosscut sharply to a higher horizon; for
example, the sill in Figure 7-2 abruptly changes stratigraphic horizon. In this
example the two segments of the sill have different thicknesses; the difference is
taken up in the country rock by a fault, which emanates upward from the top of
the crosscutting segment of the intrusion. Faults that are produced through
differential intrusion are called intrusive faults. Ridge-ridge transform faults are
intrusive faults on a grand scale.

Some major sills are observed to be regionally bowl-shaped; as they intrude
they propagate outward and upward through the stratigraphic section from their

FIGURE 7-2 Precambrian gabbroic sifl stepping abruptly from one horizen to another in
Proterozoic strata. Nole that the two segments of the sill differ in thickness with the difference
taken up along an intrusive fault, which emanates from the top of the crosscutting segment ol the
intrusion. Banks Istand, Northwest Territory, Canada. (Geologicat Survey of Canada, Ottawa.)
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feeder conduit. This common property of major sills is illustrated in Figure 7-3
with a map of intrusions in the Connecticut Valley Mesozoic sedimentary basin. If
the map is viewed down structure (Chapter 2), the sills are seen in cross section to
step generally upward and outward to the north and south from near the base of
the stratigraphic section. Other bowl-shaped sill complexes that have not been
tilted may display ring-shaped map patterns.

Individual dikes display a variety of departures from ideally planar morphoi-
ogy that reflect nonplanar aspects of the fractures into which the magma is
emplaced. Some fractures may be preexisting, but many dikes apparently lie along
hydraulic tensile fractures that were propagated by the magma itself, as discussed
in the next section. Therefore, it should come as no surprise that dike merphology
has some features in common with joint morphology because many joints also
appear to be hydraulic tensile fractures (Chapter 6). Some dikes display lineated
surface textures parallel to their direction of propagation similar to plumose
structure of joints. Many dikes apparently intruded en éehelon fractures and may
display sharp jogs in their walls (Fig. 7-4) that are analogous to cross fractures
connecling en échelon fractures in joints (Fig. 6-4). The progressive joining of en
échelon segments of dikes (Fig. 7-3) leaves a ragged torn fragment of wall rock at
the jog (Fig. 7-6). Some dikes and sills near their termination arc composed of en
échelon sheets that do not connect in map or outcrop view (for example, Fig. 7-7);
they are apparently the equivalent of en dchelon fringe joints (compare Fig. 6-4).

It has been commonly assumed that dikes and sills have knife-edged,
tapered terminations. Nevertiheless, observation shows that blunt, bulbous termi-
nations are apparently the rule. This shape reflects a plasticlike behavior of the
country rock at the tip of the propagating sheet intrusion (Pollard, 1973).

Dikes need not be injected vertically from a major conduit, but can be
injected obliquely or even horizontally, as shown by plumose surface markings
and other evidence. For example, detailed mapping of dikes near Spanish Peaks,
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FIGURE 7-3 Map of saucer-shaped silt complex intruding the east-dipping sedimentary rocks
of the Connecticut Valley Mesozoic graben. (Simplified from Davis, 1898.)
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FIGURE 7-4 Jog in fight-colored Miocene dike intruding silistone, Point Magu, California.




214

PART 111 CLASSES OF STRUCTURES

(a}
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FIGURE 7-5 Diagram showing progressive joining of en echelon segments of expanding dike
(shown in black). The dike propagates perpendicular 1o the page.

Colorado, shows that many of the vertical dikes have blunt, rounded terminations
with shallow rather than steep plunges and exist as a series of offset exn échelon
segments; therefore, the present ground surface is close to the tops of the dikes.
The direction of the flow of the magma in the dike and, to some extent, the
direction of dike propagation, may be estimated from elongated and aligned
vesicles, which were developed by shear of magma near the walls of the dike
during intrusion. These cstimated flow directions show that predominately
horizontal flow occurred at Spanish Peaks, especially in the longer dikes. Detailed
patterns of flow for several dikes suggest thal magma was emplaced upward and
outward from the central Spanish Peaks intrusion (Fig. 7-12) and that the dike
initiation zone was at or above the Palcozoic-Precambrian unconformity, approxi-
mately 9 km deep.

Sheet intrusions, both dikes and sills, may exist in great swarms of
subparallel sheets (for example, Fig. 7-8). In fact, the sheets may be so numerous
that little, if any, intervening country rock is present. The most extreme case is
sheeted-dike complexes, which are composed of dikes that have intruded the
centers of preexisting dikes. Thus a dike will have its own chilled contacts, but
will contain within it a chilied dike, which may itself contain other dikes. Sheeted-
dike complexes are apparently a major constituent of oceanic lithosphere,
Sheeted sill and cone-sheet complexes are also known. The interiors of dikes are a
preferred site for new dikes to be injected; the reason for this may be that the
interiors of dikes are coarser-grained and therefore have a lower fracture strength
than finer-grained rocks of the same material (Chapter 5).

Sheet intrusions as Fluid-Filled Cracks

Anderson (1942) proposed that sheet intrusions in homogenecous rock are injected
most easily along preexisting fractures that are perpendicular to the least principal
stress, a3, because this orientation requires the least work (force times displace-
ment). If a preexisting fracture is not present, a propagating sheet intrusion can be




Chapter 7 Intrusive and Extrusive Structures 215

FIGURE 7-6 Disrupted wall of black Proterozoic diabasic dike, remaining after the joining of en
échelon dike segments (compare Fig. 7-5). East coast of Hudson Bay, Canada. (Geological
Survey of Canada, Ottawa.)

treated as a very flat fluid-pressurized elliptical hole, that is, a Griffith crack (see
Chapter 5). The tensile stress at the tip of & pressurized Griffith crack is at a
maximum if the crack is oriented perpendicular to o; furthermore, the dilation of
the crack will be accomplished with the lowest magma pressure in this perpendic-
ular orientation. Therefore, we predict that sheet intrusions in homogeneous rock
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FIGURE 7-7 Map of en échelon dike set Ship Rock, New Mexico (see also Fig. 7-1). Inset
diagram shows how the en échelon dikes join at depth and how the segmentation of the dikeis a

resuit of a slight change in orientation of the principal stresses. (After Dslaney and Pollard,
1981.}

FIGURE 7-8 Swarm of dark Miocene
andesitic dikes, Pt. Magu, California.
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should propagate perpendicular to o3 in the manner of tensile fractures. This
conclusion is supported by the fact that many individual dikes have surface
structures similar to joints. Both sheet intrusions and most joints are considered to
be natural hydraulic tensile fractures, one involving magma and the other water.

Therefore, we can expect the orientation in which sheets intrude to be
controlled solely by the prevailing stress orientation, except for when the
intrusion is affected by planar discontinuities such as bedding, faults, and joints.
Sheet intrusions, especially dikes unaffected by previous structures, should
approximate surfaces perpendicular to o3; that is, they should approximate the o,-
o, plane. For this reason we may use the near-surface orientations of stresses to
predict the possible orientations of near surface sheet intrusions, by analogy with
Anderson’s theory of joint and fault orientation (Chapters 6 and 8). The surface of
the earth is a fluid-solid interface, which can support no shear stress; therefore,
the principal stresses must be oriented parallel and perpendicular to the earth’s
surface. Three distinct situations are possible, o, vertical, o, vertical, and oy
vertical. In homogeneous rock, vertical dikes are predicted if o or o is vertical;
sills are predicted if o5 is vertical. (Table 7-1).

TABLE 7-1  Anderson’s Theory of Dikes and Sills

Orientation of Stresy Orientation af Sheet [ntrusions
oy vertical Vertical dike striking parallel to oy
@, vertical Vertiead dike striking parallel to o,
oy vertical Horizonta! sills

Relationship Between Dike Swarms and Regional
Stress Patterns

If we follow the Anderson theory in considering vertical dikes to be magma-filled
hydraulic tensile fractures that are oriented perpendicular to the least compressive
stress, o3, then we may consider the map patterns of coeval dike swarms to be
maps of the stress fields at the time of intrusion. In many cases the orientations of
the deduced stress fields are quite homogeneous over great distances, a fact that is
in agreement with present-day stress patterns in plate interiors (Fig. 6-13).
Swarms of Precambrian diabase dikes are approximately parallel for hundreds of
kilometers across substantial parts of the Canadian shield (Fig. 7-9). A Mesozoic
diabase dike swarm stretches in a great arc over much of the length of
Appalachian mountain belt, from Alabama to New England, part of which is
shown in Figure 12-23. A northwest-trending early Tertiary dike swarm covers
western Scotland, northwest Ireland and adjacent areas (Fig. 7-10).

In contrast with the simple parallelism of regional dike swarms, we find that
dike swarms near central intrusive complexes and volcanic feeder pipes are more
complex. This complex pattern of sheet intrusions arises because the pressure of
the magma chamber affects the state of stress in the surrounding region. This
phenomenon may be understood if we consider the country rock to be an elastic
medium and the central intrusion to be a vertical cylindrical hole in the elastic
medium. The edge of the hole is a fluid-solid interface, so the principal stresses are
oriented radially and tangentially (Fig. 7-11(a)). If the magma in the hole is at a
higher pressure than the medium, the radial siress is the maximum horizontal
compression, oy, as would be expected from the magma pressure. The least
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FIGURE 7-8 Map of Proterozoic dia-
base dike swarms, Canadian shield.
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compressive siress, as, is oriented concentrically about the hole. Therefore, if the
pressure is high enough for dikes to be emplaced into the country rock, they are
predicted to be radial to the central intrusion becausc the dikes propagate
perpendicular to ;. Radial dikes are, in fact, commonly observed around central
intrusive complexes and volcanic necks; for example, the dike in Figure 7-1 is one
of a set of dikes radiating from the Shiprock volcanic neck, which is seen in the
background. A radial dike pattern similar to the predicted one is shown in Figure
7-11(b). '

The radial dikes do not propagate indefinitely out into the country rock
because the stress field caused by the magma pressure decays away from the
central intrusion. If the intrusion has radius g, then the radial and tangential
principal stresses at a distance r from the center are (Figure 7-11(a))

o :
o, = l)m -
!
2
o
Oy = —Pm(T)

where P, is the pressure of the magma in excess of the pressure of the country
rock. Therefore, the radial and tangential stresses induced by the magma pressure
decay away as the inverse square of the distance from the intrusion.

The map pattern of dikes about an intrusive center is more complicated if a
regionally anisotropic stiess field of tectonic origin is present in addition to the
radial ficld gencrated by the magma pressure. The resulting pattern of dikes
reflects a summation of the regional and the local magmatic stress fields; the
classic example of this phenomenon is the Spanish Peaks igneous center of
southeastern Colorado (Odé, 1957; Johnson, 1968, Muller and Pollard, 1977;
Smith, 1978).

(7-1)
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FIGURE 7-10 Distribution of early Tertiary northwesi-trending basaltic-dike
swarms and centrai intrusive compiexes of the British Isles. (After Richey and
Thomas, 1930.)

The Tertiary (22 to 27 m.y.) Spanish Peaks igneous center consists of two
major central intrusions, each about 4 km across, and numerous dikes (Fig. 7-
12(2)), which may be classified into several sets based on igneous petrology and
orientation. The older, east-irending dikes are mostly lamprophyres and basalts,
whereas the younger, approximately radial dikes are mostly andesitic porphyries.
This correlation of dike pattern with petrology reflects a change in the stress ficld
with time.

The approximately radial pattern of the andesitic-porphyry dikes has a
distinct east-west axis of symmetry, which led Odé (1957) to suggest that the
pattern reflects the superposition of a radial magmatic stress field on a rectilinear
regional stress field. Odé modeled the sedimentary rocks as an elastic plate under
a regional rectilinear stress with the intrusive center represenied as a vertical
pressurized circular hole. He modeled the stiffer Precambrian and Paleozoic rocks
of the Sangre de Cristo Mountains to the west as a rigid undeforming boundary to

219




220

a4 =@, trajectories

{a

FPART Wi CLASSES OF STRUCTURES

a3 = o, trajectories

Dike Mountain
central intrusion

()

FIGURE 7-11 (a) Crientation of principal stresses around a prassurized hole; o, and o, are the
radiat and tangential principal stresses. (b) Radial dike pattern arcund Dike Mountain intrusion
near La Veta Pass, Colorado. (After Johnson, 1868.)

the elastic plate. Odé and Muller and Pollard (1977) showed that the resulting
theoretical stress field (Fig. 7-12(b)) has a pattern quite similar to the dike pattern,
assuming that the dikes are perpendicular to the least compressive stress, os.
Thus the theory that map patterns of vertical dikes represent a; — oy stress
trajectories scems well established.

The dike pattern at Spanish Peaks exhibits a greater abundance of dikes in
directions closely parallel to the regional direction of maximum compressive
stress, oy, which is approximately east-west, Therefore, we might use preferred
orientation of radial dikes as a qualitative indicator of the regional orientation of
maximum compression, oy (compare Figs. 7-12(a) and 7-12(b)). This idea has been
extended to estimate regional stress fields near active volcanic complexes based
on the arrangement of parasitic cones and craters around major central volcanoes
because the parasitic cones are fed by radial dikes in many cases, Regional stress
fields estimated from volcanic asymmetry are generally in good agreement with
seismologically determined stress orientations.

SHEET INTRUSIONS OF SUBVOLCANIC INTRUSIVE
COMPLEXES

Three principal classes of regular sheet intrusions are known to develop in the
vicinity of central, subvolcanic intrusive complexes that are approximately
circular in plan (Fig. 7-13). Radial dikes, already discussed, are suites of vertical
dikes radiating from a common center (for example, Fig. 7-11(b)). Cone sheets are
relatively thin sheets that occupy a suite of inverted conical fissures with a
common vertical axis (Fig. 7-13), Cone sheets normaily dip inwards. Ring dikes
are approximately circular in plan and are vertical or are dipping steeply outward;
they commonly consist of a circular segment rather than a complete ring. Ring
dikes generally occupy a circular fauit along which the central block, which is part
of the roof of the central intrusion, has subsided into the magina chamber. If the
subsiding block extends to the surface, the effects of the subsidence are pit
craters, caldera coltapse, and cauldron subsidence, to be discussed later, If the
subsiding block does not reach the surface, the complete ring dike forms a beli-
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shaped intrusion closed at the top. A principal distinction between cone sheets
and ring dikes comes from the displacement of the central block; there is uplift
with cone sheets but subsidence with most ring dikes.

British Tertiary Igneous Centers

A classic area of sheet intrusion around central subvolcanic complexes is the
Tertiary igneous province of the northern British Isles (Fig. 7-10). The igneous
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activity included the vast outpouring of basaltic lava flows, analogous 1o the flood
basalts of the Deccan Plateau of India and the Columbia River Plateau of the
United States (Figs. 13-2, 13-40). Approximately 6000 km? of plateau lavas are still
preserved on land, with considerably more offshore. The magmatism was possibly
associated with an early stage of the Iceland hot spot (Chapter 1). The lava flows
are associated with northwest-striking swarms  of feeder dikes, which
are most concentrated along the west coast of Scotland (Fig. 7-10). The foci of
igneous activity are the central voleanic vents and subvolcanic intrusions of Skye,
Rum, Ardnamurchan, and Mull. It is there that cone sheets were first discovered
and theories of their origin first developed.

Cone sheets were discovered by the petrologist Alfred Harker at Skye,
where they have an average inclination of about 35° to 45° toward the intrusive
center. Sheets outcropping near the center are more steeply inclined. Individual
conc sheets are generally well separated from one another by country rock, but
occasionally are so numerous as to be sheet upon sheet without intervening
country rock, in the manner of sheeted-dike complexes. Individual sheets at Mull
are 5 to 10 m thick.

The large number of cone sheets at some igneous centers account for
considerable aggregate uplift of the material inside the cone. The aggregate
thickness of cone sheets at Ardnamurchan is about a kilometer, with 300 m of
sheets concentrated in an 800-m section. A similar aggregate thickness is present
at Mull. The average inclination may be as low as 35°, yielding an estimated uplift
of about a kilometer, It is the excess magma pressure that elevates the central
block during inirusion.

Ring dikes are also particularly well displayed at Mull, where they group
themselves about two centers aligned in a northwest-southeast direction (Fig. 7-
14) parallel to the regional dike swarms. The dikes are generally steeply dipping—
about 70° to 80° outward for the Loch Ba ring dike. Loch Ba is the most perfect
ring dike at Mull with a diameter of 6 to 8 km and a width of about 100 m, The dike
has the map pattern of a flat-sided ring, with a symmetry related to the northwest
trend of the British Tertiary igneous complex (Fig. 7-10), The ring dike follows a
line of fauiting and outlines an area of central subsidence.

The age relationships between ring dikes and cone sheets at Mull are
complex, but are generally consistent with a gradual northwestward migration of
igneous activity, with the ring dikes generally being later than the cone sheets,
The Loch Ba ring dike (Fig. 7-14) seems to be cut by no cone sheets at all. The
transition in time from cone sheets to ring dikes apparently reflects changes in the
stale of stress associated with fluctuating magma pressure. Initially, the magma
pressure apparently was high, forcing up the roof of the intrusion during cone-
sheet emplacement. Later, the magma pressure apparently was lower, with a
collapse of the roof of the chamber during ring-dike emplacement.

Origin of Cone Sheets and Ring Dikes

A theory of the formation of cone sheets, ring dikes, and radial dikes was first
developed by E. M. Anderson, to explain the structures at Mull and the other
Scottish intrusive centers. Similar structures have been found in many parts of the
world. Anderson considered the possible patterns of stress orientation that might
exist in the vicinity of a near-surface magma chamber lying at a depth roughly
equivalent to its width. Once we know the patterns of stress orientation, we also
know the patterns of sheet orientation because sheet intrusions lie perpendicular
to oy, as already discussed.

Three considerations are important {o undersianding the orientation of sheet
intrusions around a near-surface magma chamber: (1) the orientation of stresses at
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FIGURE 7-14 Map of Loch Ba fing dike and related caldera structure at Mull, Scotland. (After
Baitey and others, 1924.)

the earth’s surface, (2) the orientation of the regional stress field away from the
igneous center, and (3) the orientation of stresses at the surface of the magma
chamber. Whatever the orientation of the principal stresses at depth, they must
bend to be horizontal and vertical at the surface of the earth because it is a fluid-
solid interface that can support no shear stresses (Chapter 6). Furthermore,
whatever the local stress orientations near the magma chamber, they must bend to
become parallel to the regional stress field away from the magma chamber; the
regional near-surface stress field may have o, o,, or o5 vertical (Table 7-1).
Finally, principal stresses must lie perpendicular to the surface of the magma
chamber because this surface is also a fluid-solid interface. Based on the above
considerations, we can deduce the patterns of sheet intrusions that may exist
around subvolcanic igneous centers.

If the pressure in the magma chamber is increased above that of {he
overburden, then a system of tensile stresses will be imposed on the country rock,




Chapter 7 Intrusive and Extrusive Structures 225

with oy paralel to the wall of the magma chamber (Figure 7-11(a)}. If the magma
pressure is sufficiently high for hydraulic tensile fracturing, then the magma will
be injected into the wall rock as a set of sheet intrusions. Two different intrusive
situations are possible: (1) If the regional deviatoric stress is small relative to the
excess magma pressure P, (Eq. 7-1) during sheet intrusion, then the orientations
of the sheets near the intrusive center are nearly independent of the regional
stress. In this case vertical radial dikes are injected at depth and cone sheets are
injected into the roof (Figs. 7-13, 7-15). At greater distance from the intrusive
center, the sheet intrusions witl change orientation to that of the regional stress
field. (2} If the driving pressure of the magma during sheet intrusion is small
relative to the regional deviatoric stress, the orientations of sheet intrusions will
be more strongly affected by the regional stress. For example, if the regional
stress is appropriate for sills (o3 vertical), cone-sheets will be emplaced above the
magma chamber and sills will be emplaced 1o the sides of the chamber at greater
depth,

If the conditions within the magma chamber are reversed and the pressure of
the magma falls significantly below that of the surrounding country rock, then the
roof of the magma chamber may collapse along outwardly dipping Coulomb shear
fractures, along which dikes may intrude as the roof founders (Fig. 7-16). This is
the classic explanation for ring dikes.

The pressure in the magma chamber changes greatly during an eruptive
cycle. In general, the pressure builds up to higher and higher levels until the roof
fails and magma erupts to the surtace. Extrusion will lead to a drop in magma
pressure, Therefore, we might expect radial dikes, cone sheets, or possibly sills to
form first, depending upon the regional stress field. Late in an eruptive cycle we
might expect ring dikes to form during collapse of the roof of the magma chamber
during major extrusion. These deductions are in agreement with the observation
at Mull and elsewhere that cone sheets of any eruptive episode are generally older
than the ring dikes.

Voicanic Collapse Structures

Ring dikes were interpreted in the previous section as the result of collapse of the
roof of the magma chamber. The primary evidence for this interpretation is
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FIGURE 7-15 Theoretical stress trajeclories around pressurized magma chamber leading to
cone sheet emplacement, based on a regionai stress field with o5 vertical and magma pressure
Pr > (01 — Talregionar {Based on Bailey and others, 1924; Roberts, 1970.)
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FIGURE 7-16 Schemalic shear fracture trajectories around a low-pressure
magma chamber leading to collapse of roof of chamber and formation of caldera

and ring dike.

stratigraphic evidence that the block inside the ring dike has moved downward
relative to the outside, sometimes even dropping volcanic rocks into the magma
chamber. Nevertheless, the best evidence for collapse of the roofs of magma
chambers is the widespread circular depressions in volcanic teyrains. For exam-
ple, the inner and outer craters of Kilauca Volcano, Hawaii (shown in Fig. 7-17),
are both of collapse origin. The inner crater is a historic structure, The larger,
outer crater displays numerous fault scarps subparalici to its wall that displace the
topographic surface downward toward the center. Some of the cruptions have
reached the surface along the walf of the crater; therefore, they are apparcntly the
surface effect of ring-dike formation at depth.

FIGURE 7-17 Kilauvea crater, Hawaii.
{U. 5. Geological Survey.)
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Not all volcani¢ craters have a subsidence origin; some are a result of the
extrusive process. Therefore, the term canddron is used as an inclusive term for all
volcanic subsidence structures, regardless of their size, shape, depth of erosion,
or connection to the surface. The craters at Kilauea are therefore cauldrons. Very
large roughly circular or oval velcanic depressions are ealdera, which can be 10
km or more in diameter and contain enormous thicknesses of volcanic rock,
including numerous individual volcanoes. The small Mihara caldera in Japan, 3 to
4 ¥m in diameter, is shown in Figure 7-18. The caldera contains an inner
composite cone.

Calderas appear to be surface expressions of shallow level stocks or
batholiths. For example, geophysical studies show that the active Yellowsione
caldera in the western United States, which is 50 km in diameter, overlies a still-
molten batholith., The presence of magma at depth is shown by the lack of
transmission of shear waves, as well as by gravity and magnetic data. Batholiths
also apparently underlie the many ancient calderas that exist in western New
Mexico, based on gravity data.

The subsidence of calderas appears to be directly linked with the tremen-
dous outpourings of magma and occurs during the eruption. For this reason a
single eruptive unit may be hundreds of meters thick in the caldera, but no more
than tens of meters thick outside, even though the caldera may never have a large
topographic expression. The Valles caldera in northern New Mexico formed
during a Pleistocene eruption that scattered 200 km® of rhyolitic ash over a wide
area of the western United States. As a resuit of this great cruptive volume, the
roof of the magma chamber collapsed to form the caldera. The edges of the
caldera floor tend to subside more than the center, apparently because of eruption

FIGURE 7-18 Mihara caldera, Japan,
{U. 8. Geological Survey.)
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along ring dikes and curvature of Coulomb fracture trajectories (Fig. 7-16). The
result is arching of the caldera floor with updoming and the formation of a moat
that fills with volcanic materials coming up the ring dikes, including extrusion of
viscous rhyolitic domes. The highly faulted arched caldera floor is called a
resurgent dome (see Fig. 8-21).

Ancient deformed or eroded calderas may be recognized by their ring dikes
or highly faulted resurgent domes. In addition, they are commonly recognized by
the great thickness of individual ashflows.

LACCOLITHS

The simplest and most regular intrusions are the sheet intrusions, just considered.
The next most complex intrusive types are perhaps laccoliths, which are sill-like
bodies concordant to the stratigraphic layering, but in contrast with sills have
bulged upward, folding the overlying strata into a dome. The floors of Jaccoliths
are considered to be generally flat or planar, but the roofs are arched and broadly
convex. Cross sections of two laccoliths in Montana are shown in Figure 7-19.
They illustrate the general sill-like concordance of laccoliths with the presumed
flat floor and the upward bending of the roof. Note, also, that the roof is faulted
along the flank of some laccoliths in such a way that the roof is pushed upward as
a plug or a flap. This faulting takes place after the bending.

The ideal laccolith is circular and domal in plan, such as the laccoliths of the
Bearpaw and Judith Mountains, Montana; however, others are tonguclike projec-
tions from a central discordant intrusion, as in the Henry Mountains, Utah, A
variety of actual shapes cxist, but the essential character of a faccolith is a
concordant, sill-like body displaying an upward bending of the overlying strata.

Taylor Butte

Hansen Creek
dome

FIGURE 7-19 Cross sections of Taylor Buite and Hansen Creek laccoliths
Bearpaw Mountains, Montana. (After Hearn, Pecora, and Swadley, 1963.}
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Laccoliths are considered to begin as tabular sills that spread laterally, As
they grow in diameter, the magma pressure gains enough leverage to bend the
overlying strata to form a laccolith. The mechanics of bending will not be treated
until Chapter 9 on folding; here it is sufficient to note that the amount of bending is
proportional to the fourth power of the radius of a sill or laccolith in map view. For
example, the vertical deflection, w, at the center of a circular intrusion is (Pollard
and Johnson, 1973):

. Pm 4
YE R (7-2)
where P, Is the driving pressure of the magma, R is the bending resistance
(flexural rigidity) of the overlying strata, and r is the radius of the sill or laccolith.
Therefore, we see that a sill can grow in radius until it reaches a critical radius ..,
at which bending of the overlying strata suddenly begins. Once the critical radius
is reached, the intrusion grows very little in radius; the influx of magma is
accommodated by the vertical deflection. Furthermore, large siresses are generat-
ed at the edges of the laccolith in the overlying strata as a result of the bending and
the stretching of the sirata; these stresses often lead to faulting around the edge of
the intrusion as seen in the Taylor Butte and Hansen Creek domes (Fig. 7-19).

The diameters of laccoliths are observed 1o increase with the thickness of
the overlying strata at the time of intrusion. For example, the uppermost
laccoliths in the Henry Mountains, Utah, have diameters of about 2 km, whereas
those about a kilometer deeper have diameters of about 4 km (Johnseon, 1970).
Similar relationships are observed elsewhere.

This observed relationship between laccolith diameter and overburden
thickness is predicted by a consideration of the bending resistance R of the
overlying strata, which entered into Equation 7-2 for the deflection as a function
of radius. The resistance to bending of a layer increases with its thickness; for
example, it is much easier to bend a sheet of aluminum foil than to bend a
centimeter-thick plate of aluminum. The bending resistance, or flexural rigidity,
R, of a single layer increases in proportion to the third power of the layer
thickness ¢#:

_ B

R="— -
= (7-3)

where B is the elastic modulus of the material. If we adopt a certain ratio of
vertical deflection, w, to radius, r, as the definition of beginning of laccolith
formation, then from Equations 7-2 and 7-3, the critical radius, r., is proportional
to thickness, ¢, of the overlying layer

B 13
Y ( 5 ) (7-4)

Therefore, laccoliths should increase in diameter with depth.

Actual stratigraphic sections are composed of numerous layers, and a stack
of many thin layers has a smaller resistance to bending than a single layer of the
same total thickness. For example, a centimeter-thick stack of sheets of aluminum
foil has much less bending resistance than a centimeter-thick plate of the same
aluminum. The bending resistance of a stack of freely sliding layers is the sum of
the resistances of the layers. If there are n layers, the flexural rigidity, R, is

R=Y Bl (7-5)
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Therefore, the effective thickness of a stratigraphic section for bending resistance
is something less than its fotal thickness. For example, Pollard and Johnson (1973)
estimate the effective thickness of the stratigraphic section to be one-half to one-
third the true thickness during faccolith formation at Henry Mountains, Utah.

PLUTONIC INTRUSIONS

We use the word pluton as a general term for any large igncous intrusion of
granitic texturc that is not clearly a sheet intrusion; the name derives from Pluto,.
the Roman god of the underworld. These large intrusions generally display
medium- to coarse-grained granitic textures because they have cooled slowly as a
result of their large ratio of volume to surface area or because of crystallization
deep in the crust. In contrast, dikes and sills generally display finer-grained
textures unless they were emplaced into a high-temperature couatry rock.

Smaller plutons, less than 100 km? in outcrop arca, are commonly called
stocks. Larger plutons, greater than 100 km? in outcrop arca, are called batholiths;
the word has Greek roots meaning deep rock. The word batholith is not restricted
{o discrete plutons, but is also applied to vast terrains of thousands of square
kilometers of granitic rock, composed of dozens of discrete plutons—for example,
the Sierra Nevada batholith in California (Figs. 13-12, [3-13). Batholiths com-
posed of multiple plutons are called composite batholiths.

Levels of Intrusion in the Crust

Plutons can be classified according to their depths of emplacement and are called
epizonal, mesozonal, and catazonal plutons, from shallowest to deepest. The
terms generally arc used to refer to the depth of emplacement of the level
presently exposed as a result of crosion. It is conceivable that a single intrusion
might span several levels of the crustin its final solidificd form. In any case, as the
magma works its way toward the surface, the pluton in turn will be catazonal,
mesozonal, and then epizonal; thus the study of the propertics of plutons exposed
by various depths of erosion helps us envisage the complete shapes of intrusions
and the variety of forms they may have taken as they work their way to the
surface.

Epizonal plutons are those emplaced into the uppermost levels of the crust,
perhaps in the upper 5 to 7 km, with relatively little metamorphic flow in the
surrounding country rocks. The deformation of the country rock during epizonal
intrusion is dominated by brittle fracture and faulting; any folding or flow of the
country rock commonly involves nonmetamorphic deformation mechanisms,
Epizonal plutons are generally not strongly foliated.

Many epizonal plutons appear to be the magma chambers of large volcanic
complexes because they intrude their volcanic cover. A principal distinction
between cpizonal subvolcanic plutons and volcanic necks or pipes is the large
ratio of volume to surface area for subvolcanic plutons, which accounts for the
relatively slow cooling and coarser-grained textures. The country rock of epizonal
plutons generally displays only contact metamorphism. If the country rock is
relatively porous and permeable, the high thermal gradient will drive extensive
convection of the ground water with associated hydrothermal alteration, leaching,
and—in some cases—important ore deposition.

Plutons emplaced into intermediate levels of the crust, with regional
temperatures of the country rock in the range 300°-600°C, are called mesozonal
plutons. Deformation of the country rock during intrusion may involve important
metamorphic flow and recrystallization: however, brittic fracture and faulting are
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also important during intrusion. Brittle structures such as dikes, faults, and
fractured blocks of country rock that have fallen into the magma all may show
signs of subsequent plastic deformation,

Catazonal plutons are intrusions emplaced into country rock that was at or
above the temperature of initiation of melting, There may be little distinction in
mechanical properties between the partially melted country rock and the partially
solidified intrusion. In many cases therc are imperceptible gradations between
plutonic bodies and their partiaily melted country rock; the boundaries between
the two are arbitrarily defined in many practical cases of regional geologic
mapping. In contrast, mesozonal plutons generally have clearly defined contacts
with the country rock.

Stocks and Small Batholiths

The modes of emplacement of isolated stocks and small batholiths are commonly
much better known than those of large batholiths because the deformation of the
surrounding country rock is generally more easily observed, especially in moun-
tainous areas of high relief, Plutons range from foliated concordant intrusions that
have contacts roughly parallel to the deformed country rock to discordani
intrusions that are commonly little foliated and sharply crosscut previous struc-
ture. We illustrate this variety of intrusive types by describing several well-
studied small plutons.

Concordant Plutons.  The 10-km? Birch Creek pluton of late Cretaceous age
in the White Mountains of eastern California (Nelson and Sylvester, 1971) is
located within the nearly vertical east limb of a major south-plunging anticline
involving Upper Precambrian and Lower Cambrian sedimentary rocks (Fig. 7-20).
It should be noted that a few kilometers to the east is the edge of the very large
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FIGURE 7-20 Map of Birch Creek piu-
3km| fton, inyo Mountains, California (After
A EA R Nelson and Sylvester, Geol. Soc. Amer.
Bull. 1971, v. 82, p, 2891-2904.)
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Jurassic Beer Creek pluton, which—together with its contact metamorphosed
wall rock—apparently acted as a nearly rigid buttress during the intrusion of the
Birch Creek pluton in the late Cretaceous. The strata on the east side of the Birch
Creck pluton do not appear to have been deflected from their preplutonic
orientations. The pluton has expanded westward into the core of the anticline as a
great tumor, overturning the east flank of the anticline and displacing it as much as
3 km to the west. The pluton is relatively concordant and strongly foliated along
its margins. _

The history of intrusion of the Birch Creek pluton is shown schematically in
map view and cross section int Figure 7-21(a) through (d). Prior to intrusion, fault F
may have already existed on the east flank of the anticline (Fig. 7-21{a}). The
pluton may have initially injected as a sheet intrusion along the fault (Fig. 7-21(b))
and then, as it gained leverage, expanded greatly toward the west but little toward
the east (Figs. 7-21(c) and (d}). It appears that the Birch Creek pluton is somewhat
like a laccolith in that the magma pressure caused the wall rock to bend outward,
producing a bulbous, relatively concordant intrusion.

Concordant plutons that are strongly foliated near their contacts and bend
the country rock outward are widespread., Some are somewhat laccolith-like,
analogous to the Birch Creek pluton. Others have a shape and wall rock
deformation similar to the salt domes discussed later in this chapter. An example
is the Bidwell Bar batholith in the northern Sierra Nevada of California (Compton,
1955), which has shouldered aside its mefamorphic country rock, dragging it E
upward and producing strongly foliated and vertically lincated gneissose walls,

Discordant Plutons. Other stocks and small batholiths are dominantly
crosscutting, displaying little folding or flow of the country rock in response to the
magma pressure, Crosscuiting plutons have deformed their country rock by
fracture and faulting. The country rock can be displaced upward in a way
somewhat analogous to the upward diplacement of cone sheets. Alternatively, the
roof can be displaced downward as in caldera collapse and ring dike formation.

Another process by which magma moves up through the higher, more-brittle
levels of the crust is magmatic stoping. Given a large magma chamber, above
which roof and wall rocks are dislodged from time to time by some combination of
thermal stresses, hydraulic fracture, and gravity, the magma body will gradually
move upward by stoping if the blocks are able to be dislodged and sink at a rate

Map view
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FIGURE 7-21 Schematic intrusive history of Birch Creek Plutor. {After Nelson and Sylvester,
Geol. Soc. Amer. Bull. 1971, v, 82, p. 2891-2904.)
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that is rapid relative to the rate at which the magma cools and crystallizes. The
process is doctmented directly by the presence of fragments of the country rock,
called xenoliths (foreign rocks), within many plutonic bodies (Fig. 7-22) and
indirectly by irregular discordant contacts of some plutons. In some cases the
fragments appear to be actively dislodged through the injection of ramifying
systems of dikes and sills as a result of high magma pressure and roof collapse.
Stoping becomes progressively more important higher in the crust for three
reasons: (1) the increased temperature contrast, A7, between the magma and the
wall rock increases the thermal stress (Eq. 6-7), (2) rocks become more brittle
with decreasing temperature, and (3) fracture strengths decrease with decreasing
pressure (Figs. 6-12 and 6-17).

An example of a discordant pluton is the Miocene Little Chief stock in the
Panamint Range on the west side of Death Valley, California, which has an
outcrop area of about 30 km?, The intrusion is well-exposed with a relief of about 2
km and was emplaced into a stratigraphically well defined Upper Precambrian and
Cambrian sedimentary sequence, which enables the deformation of the country
rock to be studied with some precision. This is essentially the same sequence as
the wall rock of the nearby concordant Cretaceous Birch Creek, discussed earlier
(Fig. 7-20).

The Little Chief stock lies within a simple east-dipping homoclinal structure,
as shown by a structure conlour map giving the elevation of a well-defined
stratigraphic horizon (Fig. 7-23). Mapping of the contacts of the stock shows that
it has the form of a steep-sided dome, with the contacts dipping from vertical to
60° outward, although in a few areas the contacts dip inward as gently as 35 to 40°,
The roof of the intrusion is partly exposed on the east side of the intrusion and is a
nearly rectangular trapdoor of sedimentary rock bounded by vertical faults. A
trapdoor has opened up to the west with vertical slip of almost { km on the
western side and very minor slip on the cast side, as shown by the structural
contour map. A comparison of the volume created by the deformation of
sedimentary rocks with the volume occupied by the stock indicates that the near-
surface volume of the stock was accommodated by doming, flowage of the
carbonate-rich wall rocks, and uplift of the trapdoor roof. Apparently little of the

FIGURE 7-22 Xenoliths in granitic rock, northern Taiwan.
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magma was emplaced by assimilation of country rock or by settling of blocks of
country rock through the magma, that is, by stoping.

Large Batholiths and Deeper Igneous Bodies

As we turn to Jarger plutonic bodies, generally the great composite batholiths, or
to plutonic bodies of any size in decp-scated metamorphic terrains, our specific
understanding of the primary structural form and physical mechanisms of
emplacement becomes rather meager in comparison with our understanding of
small, shallow-level intrusive bodics. This fact is largely a result of our common
inability in these terrains to specify the deformation of the country rock that took
place during the emplacement of the igneous body. In the casc of large composite
batholiths, the country rock may simply be other plutonic rocks that contain
insufficient primary structure to record the deformation. In the case of decp-
seated metamorphic terrains, both the igneous and country rocks in many cases
have undergone substantial plastic deformation after the formation of the igncous
body. For these reasons only a somewhat tentative general understanding of
igneous structure is presently available for large batholiths and deeper igneous
bodies. Nevertheless, a substantial body of ficld experience exists around the
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world that leads to certain generalizations (for example, Pitcher, 1979; Hutchin-
son, 1970).

In those arcas where lurge composite batholiths or deep-seated plutonic
metamorphic terrains have been mapped in detail, the shapes of some igneous
bodies are found to be similar to shallow-level and smaller intrusions, including
large dike or sill-like sheet intrusions (Fig. 7-24), cone sheets, ring dikes, and
laccolith, or balloonlike, plutons (for example, Larsen, 1948; Gastil and others,
1975; Hutchinson, 1970). Many other bodies simply have irregular shapes, whose
origins are not presently understood. Nevertheless, we can conclude that many of
the mechanisms of formation of igneous structures that are common for small,
shallow-level bodies are probably also important at deeper levels.,

Nevertheless, deeper igneous bodies also exhibit some important differences
in appearance from shallow intrusions; these are the differences that were already
emphasized in the depth classification of plutons as epizonal, mesozonal, and
catazonal. Two important changes in mechanical behavior appear with increasing
ambient temperature. The first change is the brittle-plastic transition representing
the change from epizonal to mesozonal plutons, At mesozonal levels both the
country rock and the crystallized magma are generally plastic, Before the magma
has crystallized, however, brittle hydraulic fracture behavior can be a widespread
response to rapid fluctuations in magma pressure, forming dikes and sills. These
sheet intrusions commonly undergo later plastic deformation, including boudinage
and folding (for example, Fig. 7-25).

The second important change in mechanical behavior with increasing
ambient temperature comes with the initiation of melting of the country rock. This

235

FIGURE 7-24 Edge of complex sheet intrusion laterally injected into folded low-grade metamor-
phic fower Eleonore Bay Group (Proterozoic) norh side of Nathorst Giacier, east Greenland.
(Photograph courtesy of John Haller.)
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is represented by the change from mesozonal to catazonal plutons, Hydraulic
fracture is still possible under these conditions (Shaw, 1980) and is represented by
widespread dikes and sills, often plastically deformed. Nevertheless, catazonal
plutons and their country rock commonly display important regions of migmatite,
that is, “‘mixed rock’ representing a mixture of magma and unmelted fragments
or residue, These plutons display a broad irregular gradation between heteroge-
neous nebulitic or gneissic plutonic rock and surrounding migmatitic country rock
that makes mapping of the interrelationships between plutons and country rock
cartographically difficult, The structure of migmatitic zones is commonly concor-
dant with metamorphic structure.

MAGMA PRESSURE AND THE ERUPTIVE MECHANISM

Our discussion so far has presumed that a body of fluid magma is mainiained at
some pressure, to which the brittle-elastic country rock responds. For example, if
the magma pressure is relatively high, it may hydraulically fracture the country
rock, producing dikes, sills, and cone sheets; or it may bend the country rock to
produce laccoliths. If the magma pressure is sufficiently low, the roof of a magma
chamber may collapse, producing ring dikes and cauldrons. It is the excess
pressure that drives magma toward the surface to produce volcanic eruptions.
Even the relatively passive Hawaiian eruptions display awesome fountainlike
behavior. In this section we consider the origin of this magma pressure and its role
in the eruptive mechanism.

Crigin of Magma Pressure

Several mechanisms apparently can play significant roles in the development of
the elevated magma pressures that dominate the mechanics of intrusion and
eruption. The principal mechanisms are (1) volume increase on melting, (2)
density difference between magma and overlying and surrounding rock (buoyancy
effect), and (3) boiling of magma during crystallization and eruption,

Volume Increase on Melting. Rocks undergo a significant increase in
volume upon melting, with the anomalous exception of ice. For example, many
important rock-forming minerals undergo a 6 to 18 percent increase in volume
upon melting at | atm (Table 8-2). If the rock that is melting is not completely free
to expand, there will be an increase in pressure. This increased pressure may play
an important role in the separation of the melt from the partially melted rock,
which is an initial step in eruption (Shaw, 1980).

TABLE 7-2  Volume Change on Melting af 1 atm*

Volume Change

Mineral Pratalkrim®) Parasslkeine) (%)
Forsterite 3223 3035 6.2
Fayalite 4068 3764 8.1
Clinoenstatite 3183 2735 16.4
Diopside 3275 2846 15.1
Pyrope 3582 3031 18.2
Anorthile 2765 2700 2.7
Albite 2605 2382 94
Sanidine 2597 2400 8.2

*After Yoder (1976)
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Density Difference Between Magma and Hock. Excess magma pressure
can be produced by the density difference between magma and its rock. This
mechanism can be illustrated by a thought experiment. Suppose an isolated sill of
magma exists at a depth A (Fig. 7-26); then the pressure on the magma is the same
as the solid overburden, which is p.gh, where p, is the mean density of the
overlying rock. Now suppose we place a pipe from the surface of the carth 1o the
envelope of magma at depth i, How high could the magma rise in the pipe? The
straightforward answer, of course, is that it will rise to a height, £,,, such that the
pressure of the column of magma equals the pressure of the solid overburden:

nghm = [_J,-j.,’h (7"6)

where p,, is the density of the magma. The clevation, Ah, of the top of the column
of magma relative to the surface of the carth is then

Ah = by, — = (WEL_ = )h (7-7)
p“?

which is normally positive because the density of magma is less than the density of

the same solid rock. Therefore, a static column of magma extending from the

surface of the earth to a depth & below would have an excess pressure at the
surface of

Peoxeess = pngdh = ghp, = pu,) (7-8)

This excess magma pressure would be available to drive eruption.

Our thought experiment is actually somewhat artificial because columns of
magma of great vertical extent are unstable because the country rock is not rigid.
The base of the column would be pinched off’ and the magma squirted to the
surface (Pollard, 1976, Pollard and Holzhausen, 1979).

Boiling of Magma. The third important mechanism by which excess magma
pressure is produced is the expansion during boiling of the magma as a result of
crystallization or drop in solid-overburden pressure. Comprehension of this
mechanism reguires some understanding of the physical chemical behavior of
magmas undergoing crystallization. A complete discussion is beyond our scope;
however, it is important to mention a few salient properties of igneous crystalliza-
tion because of their importance to the development of magmatic structures. The
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FIGURE 7-26 Orsigin of excess magma
pressure by difference in density be:
tween magma and country rock. See text
for discussion.
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crystallization of magma depends on the pressure, temperature, and amount of
dissolved water and other fluids, such as carbon dioxide.

If the melted rock—for example, basalt or granite—contains all the water, it
can possibly dissolve; then its chemical behavior contains three fields of stability
that can be shown on a temperature-pressure diagram (Fig. 7-27). At the highest
temperatures and pressures, the material will be composed of two phases, a
silicate-rich melt and a water-rich fluid. At lower temperature and pressure, there
is a field in which the magma is partially crystallized; the material is composed of
melt, water-rich fiuid, and crystals. This fieid of partially crystallized magma is
very broad in the case of water-saturated basalt, whereas it is quite narrow for a
water-saturated granite (Fig. 7-27). Finally, at the lowest temperatures only
crystals plus water-rich fluid are stable; the magma has completely crystallized,
The boundary between crystals and melt plus crystals is called the solidus, shown
as a line in Figure 7-27. The boundary between all melt and melt plus crystals is
called the liguidus.

If the total amount of water present is less than the maximum amount that
can be dissolved in the melt, then the liquidus line is displaced to higher
temperatures. For example, at a pressure of 1000 MPa the liquidus for granite is

1000 . : ! ;
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2 melt + vapor 3 'é:
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0 | | | |
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FIGURE 7-27 Solidus and liquidus
curves for basalt and granite, See texi for
discussion of role of crystailization in
{b) generation of excess magma pressure.
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displaced about 250°C to about 1010°C if two percént waler by weight is present.
Thus we see that undersaturated melts begin to crystallize at higher temperatures
than saturated melts. Let us now consider the effects of these phase relations on
the mechanical behavior of the magma and, in particular, its pressure.

As an example, suppose a granite magma that is at a pressure of 800 MPa
(depth of 25 km) and a temperature of 775°C (4 in Fig. 7-27) is brought to higher
levels of the crust. In the process it will lose some heat to the wall rock by
conduction, Suppose the rising magma encounters the liquidus at a pressure of 200
MPa (depth of 6 km) and starts to crystallize. The rate at which it crystallizes
depends upon the rate at which the magma can lose heat to the wall rock because
of the heat of crystallization. As the magma crystallizes, little of the water goes
into crystallizing minerals, such as hornblende, biotite, or muscovite; therefore,
the proportion of water to melt increases. The melt is water-saturated, so water in
excess of the saturated amount is released on crystallization to form bubbles in the
magma. Both the bubbles and the crystals greatly affect the mechanical properties
of the magma. Viscosity is increased by the crystals and may be either increased
or decreased by the water-vapor bubbles, depending on their concentrations. The
bubbles may rise to the roof of the intrusion and attempt to expand, creating very
high pressures in the intrusion. This increase in pressure may serve to inhibit
crystallization, but as sufficient heat is refeased to the wall rock, the magma will
continue to crystallize. Thus if the magma chamber has some strength, the
pressure will gradually increase as the magma crystallizes and releases its
dissolved gases. When the pressure exceeds the strength of the magma chamber,
it will fail, causing injection of magma to higher levels of the crust, If the magma
breaks through to the surface, it will erupt catastrophically because the boiling
magma is able to expand without constraint, suddenly releasing its dissolved gas.
The most violent volcanic eruptions are a result of release of pressure on vapor-
saturated magmas.

Eruptive Mechanism

The three important pressure-producing mechanisms just discussed and the
various mechanisms by which the wall rock deforms in response to the excess
magma pressure combine to produce the specific eruptive mechanisms, As one
example we outline a model of a kimberlite eruption developed by McGetchin and
Ullrich {1973).

Kimberlites are volatile-rich ultramafic magmas derived from deep in the
upper mantle. They commonly exist in dikes or pipes no more than a few hundred
meters across, which are commonly filled with abundant fragments of crustal and
upper mantle rocks. These fragments are the source of much of what we know
about the upper mantle, especially under the continents, Diamonds are found in
kimberlites. The dikes or pipes are often called diatremes, which is a word for
volcanic conduits filled with fragmental materials and thought to be produced by
gas-rich volcanic activity. A map and cross sections of the breccia-filled Moses
Rock kimberlitic dike in southeastern Utah are shown in Figure 7-28. Most of the
fragments are from nearby Upper Palcozoic sedimentary formations. Only a small
percentage of the breccia is composed of crystalline fragments carried up in the
dike from below the sedimentary cover, and of these, less than | percent are
peridotites, eclogites, and pyroxenites of upper mantle origin. The fact that the
mantle xenoliths are substantially more dense than the magma suggests that the
eruption was high velocity from the upper mantle to the surface.

The beginning of a kimberlite eruption is apparently the propagation of a
fracture upward from a pressurized magma chamber in the upper mantle. The
origin of the magma pressure is the increase in volume on melting and the fiuid
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FIGURE 7-28 Map and cross sections of Moses Rock dike, Utah. Different Jayers are members
of the Permian Cutler Formation, blocks of which are displaced both upward and downward.
{From McGetchin and Ulirich, J. Geophys. Research, v. 78, p. 1833—1853, 1973, copyrighted by
the American Geophysical Union.)

head resulting from the height of the magma chamber. Magma will flow into the
fissure driven by the fluid head, which is proportional to the height above the
reservoir (Eq. 7-8). Once the crack begins its upward propagation, it will reach the
surface unless the magma supply in the reservoir is expended or unless the stress
state in the crust dictales that it propagate as a sill. When the surface is breached,
a decrease in pressure will result, which propagates downward as an expansion
wave. As the walls erode the dike or pipe enlarges and the flow velocities increase
because of decreased drag. Eruption continues until the reservoir is expended.

A numerical model of the velocity, density, and temperature of a water- or
carbon dioxide-rich kimberiitic eruption originating at a depth of 100 km is shown
in Table 7-3. The velocity is of the order of 25 to 50 m/s through most of the crust;
however, within a few hundred meters of the surface it reaches supersonic
velocities. Note that as velocity increases, the gas temperature and density greatly
decrease. Kimberlites are noted to be cold eruptions, possibly explaining the
survival of diamonds in these bodics, :

High flow velocities are not limited to kimberlites, although kimberlite
velocities are extreme. The 1968 eruption at Arenel, Costa Rica, ejected sizable
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TABLE 7-3 Numerical Hydrodynamic Caleulations for Erupting Kimbertite*

Dynamic
Gas Pressure,
Temperature Density, p Velociry, v Mach pvii2
Depth {°C) tkalnt’) (misec) Numiber (MPa}
Surface —-19 17 334 3.8 0.9
[0 m 79 52 304 2.9 2.4
50 m 209 150 261 2.1 5.1
106 m 287 240 235 1.7 6.7
300 m 440 S10 186 1.09 8.8
1 kem 661 1050 116 0.49 7.1
3 km 871 1790 58 0.1% 3.1
10 km T 954 2660 33 1.5
50 km 1000 2960 25 0.9
90 km 1600 2960 25 0.9

*After McGetchin and Ullrich (1973)

blocks, producing impact craters to ranges of 5.5 km. Exit velocities were
calculated at about 220 m/s. These very high velocities are to be expected only
near the surface, where large gas expansions are possible.

Minimum rates of ascent of magma through the crust and upper mantle may
be inferred from the settling rates of xenoliths, For example, Spera (1980)
computes a settling rate of 5.1 m/s for a 30-cm uitramafic xenolith (p = 3450
kg/m*) from the 1801 eruption of Hualalai Volcano, Hawaii (magma density 2800
kg/m®). The actual magma ascent rate must have been somewhat greater than the
settling rate because the xenolith obviously reached the surface.

SEDIMENTARY INTRUSIVE AND EXTRUSIVE
STRUCTURES

Diapirism

A diapir is a body of rock that has moved upward by piercing
overlying strata; the word is derived from the Greek verb dia
pierce. The word diapir is usually applied to bodies emplaced largely as solids,
such as salt and mud intrusions, and is somewhat less commonly applied 1o
magma. Diapiric structures are driven upward by buoyant forces due o the
contrast in density between the lighter rock or magma of the intruding diapir and
the more-dense overlying and surrounding strata (Eq. 7-6). Diapirs are well known
to form in evaporites (especially sal), mud, and shale. In deeper levels of the
Crust, diapirism may be the mode of formation of some gneiss domes. Igneous
diapirism is thought to occur in the mantle and lower crust and is probably an
important process in the vertical motion of magma through the aesthenosphere
and lithosphere (Marsh, 1982). Some plutons are similar to salt domes in shape
and wall-rock deformation. We emphasize salt domes here because they are by far
the best-known diapiric structures; this knowledge is largely a result of their
economic importance for petroleum, salt, and sulfur.

Hundreds of salt domes are known in the Gulf Coast of Louisiana, Texas,
and Mexico; for example, Figure 7-29 shows the salt domes in part of offshore
Louisiana. Salt domes are also well known in northwestern Germany {Fig. 7-30),
the Mediterranean, Romania, the Ukraine of the Soviet Union, Iran (Fig. 1-31),
Gabon, Senegal, and the Canadian Aretic. In addition to these areas of diapirism,
there are many regions in which salt plays an important mechanical role in folding
and faulting because of its weakness and buoyancy. For example, salt serves to

and displacing the
perein, meaning to




Chapter 7 Intrusive and Extrusive Structures

S0 New ot
I Orleans

FIGURE 7-28 Map of distribution of salt domes and normal growth faults of offshore Louisiana.
Black dots show the areas of the salt domes at 3-km depth. (Simplified after Lafayette Geological
Society, 1973.)

detach the folded layers of the southeastern Zagros Mountains of Iran from their
underlying basement; this is also a region of important diapirism in which many of
the salt domes have reached the surface, as can be seen in the satellite photograph
in Figure 1-31.

At their lowest amplitudes salt domes are gentle undulations of the upper
surface of the salt, either as linear ridges and troughs or as gentle basins and
domes (called salr pillows). At this stage the salt structures are not true diapirs
because they have not pierced the overburden. As the domes or ridges grow, the
overlying strata begin to updome and stretch by slip on sets of normal faults, If the
regional stress field is nearly isotropic, the normal faults develop in outwardly
radiating patterns; for example, see Figure 7-31{a), which is a structure contour
map of the Clay Creek dome in Texas, drawn at a stratigraphic horizon that has
not yet been pierced by the fault. If the regional stress field is more strongly
anisotropic, the fault pattern may have a more pronounced preferred orientation,
such as shown in the Hawkins dome (Figure 8-20). With growth of a dome, the

R
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FIGURE 7-30 Map of distribution of salt
structures in northwest Germany. (After
Trusheim, 1960.)
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(a) {b)

FIGURE 7-31 Structure contour maps of sediments above and adjacent to sait domes.
Contours in meters. {a} Clay Creek dome, Texas, drawn at the top of the Wilcox Formation.
{Modified after Parker and McDowell, 1951.) (b) Belle Isle dome, Louisiana. (Modified after
O'Neill, 1973, Gulf Coast Association Geological Scciety Transactions, v. 23, p. 116-135))

strata are progressively pierced, as is shown in Figure 7-31(b) for the Belle Isle
dome, Louisiana. Thus we sec that the overlying strata are first pushed upward,
stretched, faulted, and finally pierced by the salt,

The deformation of the overlying and surrounding strata is rather gentle
compared with the deformation of the salt. For example, Figure 7-32 gives
structure contours on the outer surface of the salt, as well as a cross section, for
the Cote Blanche Island dome. The dome is a nearly vertical walled cylinder with
an overhang on the north flank, whereas the sediments that have been pierced are
only gently upturned. The internal structure of the salf in well-developed diapirs
consists of isochinal, attenuated, vertically plunging, refolded, and faulted folds,

A A
Sea fevel

5km
B, humblei zone

0

FIGURE 7-32 Cross section and structure contour map of Cote Blanche Island dome,
Louisiana. The central contours are on the top and side of the sall whereas the outer contours
are on the top of the biostratigraphic zone B. humblei. (After Atwater and Forman, 1959.)
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which have been described as resembling those in a handkerchief drawn or pushed
vertically from the center through a small ring. Thus folded salt layers are
commonly observed on the ceilings of salt mines, which are cross sections normal
to the fold axes, whereas the folds are not seen on the vertical walls except very
obliquely. The deformation mechanisms that accompany flow of the salt are very
similar to those of high-grade metamorphic rocks and involve plastic deformation,
hot working, and annealing recrystallization (Fig. 4-29).

At these morc-advanced stages of growth, salt diapirs are most commonly
vertical cylinders having the shape of an upward-pointing thumb (Figs. 7-32 and 7-
33). Alternatively, they form vertical sheets, which are well-developed in the
deeper parts of the northwest German salt basin (Fig, 7-30). As the supply of salt
becomes exhausted, domes may detach from their underlying source, first
forming mushroom shapes and then inverted teardrops (Fig. 7-34), both of which
are common in the German basin.

Several styles of deformation exist in the strata directly overlying and
surrounding a salt dome. With a thicker cover, such as the Heidelberg dome
shown in Figure 7-35, grabens develop directly over the dome because of
stretching, and the formations thicken over the structure because of growth
faulting. In other structures growing with a fairly thin sedimentary cover, such as
the White Castle dome in Figure 7-33, a plug of sediment is perched passively on
the crest of the dome and the formations thin over the crest of the structure.
Finally, when the salt plug essentially reaches to the surface, as in the case of the
Cote Blanche Island dome (Fig. 7-32), continued growth is accompanied by
deposition of shallow-water sediments directly adjacent to the salt, or the
sediments were pierced shortly after deposition. In this last case growth of the
dome keeps pace with basin subsidence and the sediments move downward
around the salt plug with little deformation (Fig. 7-32).
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FIGURE 7-33 Cross section of the
While Castle dome, Louisiana. Note the
thinning of the stratigraphy over the
dome. {Sirmptified after Smith and Reeve,
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A A A FATIINAY
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FIGURE 7-34 Cross section of Eilte salt Triassic
stock, Germany. The stratigraphic age of 0 1 km
the sait is Triassic, (After Trusheim, I
1960.)

Mechanics of Salt Diapirism

Salt diapirism occurs because of several important physical differences between
rock salt and the enclosing sediments. Evaporitic sediments have littie porosity
soon after burial and thus have a density very close to the constituent minerals,
2160 kg/m® in the case of halite (NaCl). In contrast, the mineral constituents of
other sediments have a density greater than about 2600 kg/m*, however, the
scdiments are generally less dense than rock salt when first deposited because of
their high porosity. Clastic sediments compact slowly with burial because of the
relatively greater strengths of silicate mineral grains, their low solubilities, and—
in some cases—the low permeability of the rock. Thus rock salt is initiatlly more
dense than clastic sediments; however, the salt keeps approximately the same
density with greater burial, whereas the clastic scdiments become more dense,
equaling rock salt at about | km in the Gulf Coast (sce Fig. 7-36).

Once the salt is buried deeply enough to be less dense than the overlying
sediments, there is a tendency for the salt layer to flow horizentally and thicken
locally if there is some heterogeneity in the overburden pressure. This heterogene-
ity in the overburden pressure, P, may be duc to horizontal variation in density,
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FIGURE 7-35 Cross section of the top of the Heideiberg dome, Mississippi. Note
the thickening of the strata directly over the dome, but the thinning of strata toward
the dorne on the flanks. Campare with the White Castle dome in Figure 7-33,
(Simplified after Hughes, 1960, Gulf Coast Asscciaticn Geological Society Trans-
actions, v. 10, p. 155-173))
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Po, OF in thickness, /1, of the overburden. In Figure 7-37(a) this horizontal variation
in overburden pressure is represented as an undulation of height Ak in the upper
surface of the salt. The difference in overburden pressure, AP, between points
below swells and troughs in the upper surface of the salt (points A and B, Fig. 7-
37(a) is just the change in elevation of the upper surface Ah times the density
contrast {p, - p,):

AP = Ahg (p, — p,) (7-9)

where p, is the density of the salt and p, is the density of the sedimentary
overburden. If the salt is weak enough, it will flow horizontally from the trough
(A} toward the swell (B) in response to the pressure difference, AP,

Note that horizontal flow of the salt from A to B (Fig. 7-37(a)) by itself
produces a net increase in overburden thickness above point B and a decrease in
thickness above point A, thereby reducing the horizontal pressure gradient that is
driving the flow of salt from A to B. Substantial flow of the salt requires
substantial redistribution of the overburden because the flow of the salt by itself
fends to reduce the horizontal pressure gradient. M the overlying sedimentary
strata were purely elastic layers, there would be an elastic restoring force that
would inhibit the growth of any perturbation of the sediment-salt interface. Thus
some initial perturbation of the interface exceeding the eclastic limit of the
overburden is necessary to initiate a diapir; mere burial of salt by more-dense
sediments may never lead to diapirism. Some diapirs are known to have initiated
along faults or other weak spots. The redistribution of the overburden may take
place by flow of sediment {from over the dome into the syncline, by sliding off the
dome, or by a greater rate of deposition in the syncline than over the dome, as
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Sediments

{a)

Sediments

L LX) Salt

FIGURE 7-37 Schematic diagrams
showing the fiow of salt in response to
differences in overburden pressure (Egs.
7-9 and 7-10). )

may be observed in detailed stratigraphic studies of sediments that were deposited
over a growing dome. _

The horizontal pressure difference in the salt may also be produced by the
depositional slope of the overlying sedimentary load (Figure 7-37(b)). In this case
the pressure difference is

AP = AZ@,’ (po - pm) (7-10)

where p, is the density of the sedimentary overburden and p,, is the density of
water. Figure 7-37(b) also iillustrates the effect of large topographic irregularities at
the base of the salt, The flow direction is everywhere from A toward B, but there
is a convergence of flow over the buried faulls because of the thinning of the salt
layer. This convergence produces a buildup of salt, the formation of salt pillows,
and, eventually, salt domes if the strength of the overburden is exceeded.

Because of the circular symmetry of a salt dome in map view, the salt flows
into the dome radially, creating a rim syncline. The depth of the syncline is less
than the height of the dome because of the radial flow. The higher the dome
grows, the larger the horizontal pressure gradient that is driving the flow of salt
from the source bed into the dome (Eg. 7-9). If the pressure difference is
maintained through redistribution of the overburden, the dome will continue to
grow in volume until the Jayer of salt under the rim syncline is exhausted (Fig. 7-
38).

As the dome rises it meets increasingly less dense sediments. Once the dome
reaches the level at which the density of the salt and the surrounding sediments
are equal, the salt may tend to spread horizontally if the sediments arc weak and
deeper salt continues to rise. In this way, an increasingly mushroomlike shape is
produced. If, however, lateral spreading of the salt is sufficiently inhibited by the
strength or density of the country rock, the salt may actually reach the surface and
extrude, as is observed in dry climates—for example, along the Persian Gulf (Fig.
1-31).
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Mud Diapirism and Mud Volcanoes

The theory of salt diapirism requires some modification if it is applied to certain
other diapiric materials. The major change is in the origin of the density inversion.
In the case of mud diapirs, for example, the mud is less dense than the overlying
sediments because of undercompaction due to low permeability of the mud, rather
than low mineral density (as in the case of evaporites).

Undercompacted mud is an important diapiric material in many sedimentary
basins that have been subjected 1o rapid sedimentary or tectonic loading. For
example, near the mouth of the Mississippi River, older shelf and prodelta clays
that have been loaded by rapidly deposited bar sediments form diapiric intrusions
into and through the more permeable and compactable overlying sediments.
These diapiric infrusions, called mud lumps, produce low ephemeral islands and
submerged mounds 50 to 100 m in diameter, which are rapidly destroyed by
erosion. The history of mud-lump formation during the last 100 years is well-
documented for the mouth of the Mississippi River near South Pass, where
numerous navigational surveys have been made because of the importance of the
area as a shipping route (Morgan and others, 1968).

Mud diapirs along the seuth coast of Trinidad exist in an active tectonic
environment, Several have formed ephemeral istands during this century in Erin
Bay along a line of active folds and faults, which displays mud volcanic activity on
the adjacent land (Higgins and Sanders, 1967). Islands appeared in 1911 and 1928
accompanied by large amounts of gas, including spectacular flames and a
mushroom cloud in 1911, In Awvgust 1964 a new mud island appeared a few
kilometers offshore; it rose to approximately 8 m above sca level and had an
original diameter of about 230 m. The extrusion of soft plastic mud, displaying
grooved plastic slip surfaces, took place largely during the first 2 days and ceased
altogether a few days later. Compaction and erosion followed until the island
disappeared below sca level 8 months later.

In the more extreme cases of undercompaction, mud can become fluidized
and erupt to the surface in volcanic fashion. Such volcanoes are easily eroded and
not widely noted in the geologic record; nevertheless, they are widespread
phenomena in presently active fectonic areas associated with thick clastic
sedimentary sequences. They are found in Borneo, Timor, Burma, Malaya, India,
Pakistan, Iran, Iraqg, the Soviet Union, Rumania, New Zealand, New Guinea,
Taiwan, Trinidad, Venezuela, Colombia, Ecuador, and Peru. True mud volcanoes
are unrelated to volcanic igneous or geothermal activity: they should not be
confused with mud pots, geysers, or other thermally pressured flow that may in
some cases involve mud. Mud volcanoes are almost always associated with
anticlines or faults; such structures appear to play a role in allowing the mud to
reach the surface.

Mud volcanoes are generally much smaller than their igneous counterparts,
ranging from small mud cones 0.5 to 50 m high and 5 to 150 m in diameter (Fig. 7-
39), up to truly impressive volcanoes as much as 300 m high and 6 to 10 km in
diameter. They range from steep-sided conical shapes to broad shiclds. Some
exhibit important cauldron subsidence.

In the Ramri Islands of Burma, mud volcanoes generally range from 50 to
100 m in diameter and are normally 5 to 7 m high. Thus they have a very low
profile, which is due to the fluidity of the mud, They commoniy have a small,
nipplelike cone at the actual vent (compare with Fig. 7-39). The islands are formed
largely of rock fragments and mud extruded by the volcanoes. One island,
Cheduba, erupted historically in a violent fashion with gas that ignited to form a
pillar of fire 300 m high.
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FIGURE 7-39 Crest of mud volcano, southern Taiwan, with men standing on an
active vent. The surrounding mudflows are a few days oid.

Such violent eruptions with associated methane gas are fairly common. The
local names of the mud volcanoes of the Baku Peninsula of the Caspian Sea
include those that testify to their violent activity: Keireki (a forging furnace),
Otman-Bozdag (a mountain emitting flame), Janadag (& burning mountain),
Pilpilia (squelching of gas bubbles in the cone of mud), and Airantekjan (mountain
issuing kefirlike liquid). Otman-Bozdag has erupted violently, forming a column of
smoke 14 km high and throwing I-m blocks of rock tens to hundreds of meters
from the vent.

The nearly universal association of methane with mud volcanoes has caused
some speculation that it plays a role in the ecruptive mechanism. Methane-
producing reactions directly increase the fluid pressure. Furthermore, when the
methane produced exceeds that which will dissolve in the pore water, bubbles of
gas exist that greatly reduce the effective permeability, leading to higher fluid
pressures, Nevertheless, the primary requirement for mud volcanoes is mud that
can be fluidized, that is, it is thixotropic. It thus requires relatively high porosity.

Sedimentary intrusive siructures, particularly sandstone dikes, are some-
times observed in outcrop. They also require a fluidized sediment and may be
emplaced by hydraulic fracturing.

EXERCISES

7-1 Compare and contrast the form and mechanics of salt intrusicns and of magmatic
intrusions.

7-2  Consider a salt dome of radius r and height /; what is the approximate drawdown of
the rim syncline if its width is 2r? This consideration is important to constructing
retrodeformable cross sections across salt domes. :

7-3 Predict the pattern of present-day subvoelcanic dike injection in the volcanic field of
southern Italy and Sicily {compare with Fig. 6-13(b)).

7-4 The form and style of intrusion in the crust changes with depth in response to changes

in mechanical properties of the country rock, as well as other factors. How will the
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intrusive styles differ between country rocks of quartz-rich rocks, carbonates,
gabbros, and peridotites, just considering their different mechanical properties?
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FAULTS

INTRODUCTION

There are three ways by which rocks undergo large deformation: (1) They flow,
thereby experiencing a more- or less-distributed deformation (Chapter 10); (2)
they buckle or bend, deflecting the rock layers, which allows considerable overall
shortening with only moderate internal deformation (Chapter 9); or (3) they
deform by slip of one body past another along discrete surfaces or zones, with
little deformation away from the slip surfaces. These planes or zones of slip are
called faults, which are the concern of this chapter.

The word fault was not initially a scientific term. According to Charles Lyell
(Principles of Geology, 3rd ed., [834):

fault, in the language of miners, is the sudden interruption of the continuity of
strata in the same plane, accompanied by a crack or fissure varying in width
from a mere line to several feet, which is generally filled with broken stone,
clay, etc.,

This early definition, which reflects the practical problems of tracing coal beds in
mining, could be construed to imply slip along the plane of the fault; nevertheless,
the emphasis of the definition is not on slip, but on discontinuity. Lyell's
definition points out to us the important fact that from an observational point of
view, faults are first and foremost discontinuitics across which there is gencrally
some mismatch in the geology. The fact that the mismatch is a result of slip
becomes clear only if equivalent strata can be corrclated across the fault surface.

By their very nature as zones of concentrated slip, faults arc commonly also
zones of crushing, hot-water circulation, and, in some cases, initially weaker
rock; these propertics make fault zones gencrally more erodable and less visible
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than the surrounding rocks. For this reason faults are commonly not directly
observed but are inferred from discontinuities in the geology across an unexposed
zone that is presumed to be the surface expression of the zone of slip. By their
inferential nature many individual faults shown on geologic maps and cross
sections are in fact hypotheses that are subject to mistakes in reasoning and
misinterpretation of data. The strike, dip, and net-slip vector (Chapter 2) are all
inferred.

Nevertheless, faults are directly observed in excellent natural exposures (for
example, Fig. 8-1), roadcuts, quarries, and mines. Faulting is also graphically
demonstrated in major earthquakes, in which a single catastrophic slip event may
reach all the way to the surface to produce a topographic break (for example, Fig.
8-2). The slip in a single earthquake can be enormous. For example, in the great
Alaskan earthquake of 26 March 1964 (magnitude 8.4), slip occurred over a plane
of dimensions 1000 km by 250 km, with an average slip of 3 to 4 m. Slip started
near one end and spread outward at a speed of a few kilometers a second. Thus
the main slip event apparently took several minutes to complete.,

Direct observations of fauiting are not confined to catastrophic earthquakes.
Some faults are observed to undergo slow creep for extended periods without
seismic slip. Creep was first noticed along some parts of the San Andreas fault
system in Californiz because of gradual deformation of walls, railroad tracks,
fences, and.rows of grapevines. After installing continuously recording displace-
ment meters across individual fault segments, it was discovered that much of the
aseismic slip occurs in relatively short-lived creep events (Fig. 8-3).

Recognition of Faults

The question of which criteria are valid for the recognition of faults is important
because faults are largely hidden structures, whose existence generally must be
inferred indirectly., Fault-related deformation renders most fault zones more
susceptible to erosion than the surrounding country rock; therefore, the exis-
tence, position, and orientation of faults is commonly inferred from observations
of structural and stratigraphic discontinuity, as well as related physiography, The
consideration of criteria for the recognition of recently active faults is especially
important because the geological profession is being called upon to make
evaluations of potential hazards associated with dams, power planis, and general
construction at specific sites in tectonically active arcas.

The principal criteria for the recognition and location of faults are (1)
structural discontinuity, (2} lithologic discontinuity, (3) fault-zone deformation,
often with associated weakened rocks with poor outcropping characteristics,
(4) fault-related deformation of the fand surface in the case of recent faulting, and
{(5) fauli-related sediments and sedimentation patterns in the case of syndeposi-
tional faulting. Several exampies of the application of these criteria and related
phenomena are given in the following paragraphs.

Many faults are inferred to lie along mapped lithologic or structural
discontinuities. For example, the great Sdrv thrust sheet of the Scandinavian
Caledonian mountain belt is characterized by a north-striking diabase-dike swarm
that intrudes Upper Precambrian quartzites; the dikes are missing in the underiy-
ing thrust sheets, The lack of correlative dikes in the lower plate of the Sérv thrust
sheet exists for more than 100 km across strike, suggesting a net slip of at least this
value. Another example involving dikes is the Garlock fault in eastern California
(Fig. 13-32), for which a 60- to 70-km offset of apparently correlative dike swarms
and granitic country rock suggests a large left-lateral strike slip. Truncated dike
swarms in these two examples represent a combined lithologic and structural
discontinuity.
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FIGURE 8-1 Nearly vertical fault in Cambro-Ordovician McKay Group, Kicking Horse Canyon,
British Columbia, Canada. This fault is interpreted to be an overturned thrust fault In which the
left block has moved up relative to the right blogk,




Chapler 8 Faults 257

FIGURE 8-2 Earthquake fault scarp, Foothill Boulevard. San Fernando, California, earthquake
of § February 1971 (6.6 magnitude).

Stratigraphic repetition, omission, and discontinuity are among the most-
important evidence for faulting, although facies changes and interfingering
sediments are occasionally confused for faults. Much of the evidence for thrust
fauiting within the Appalachian Valley-and-Ridge province and the Alberta fold-
and-thrust belt comes from the stratigraphic repetitions observed in the surface
geology; the actual faults are generally not exposed. As you travel across eastern
Tennessee, the same Cambrian and Ordovician section is repeated six limes,
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FIGURE 8-3 Record of two episodic creep events along the San Andreas fault,
each lasting about half a day. (Data from Tocher and Nason, 1867.}




258

PART Il CLASSES OF STRUCTURES

always dipping castward. Similarly, the cross scction of the Canadian Rockies in
Figure 8-4 shows the same Paleozoic section repeated four times in 20 km.

In subsurface studies faults are generally inferred from repetition of strata,
missing strata, abnormal thicknesses, and sudden changes in dip or strike
observed in wells. The faults themselves arc not generally directly observable
with subsurface data; therefore, their existence, positions, and orientations are
subject to mistakes in interpretation. Some faults are inferred in the development
of oil and gas fields based on differences in the elevation of the hydrocarbon-water
contact or differences in fluid pressure between necarby wells. Even if the fluid
pressures are the same at the beginning of production, differences in pressure that
imply some permeability barrier between wells may develop as production
proceeds. These differences may be evidence for faulting. Faults inferred on basis
of differences in oil or gas elevation or pressure are generally calied production
Jaults. '

Juxtaposition of strata of the same age but of different rock type or
sedimentary environment provides important information on the existence of
faults and for estimation of fault slip. The juxtaposition of marine and nonmarine
upper Miocene strata along the San Andreas fault in. central California provides
evidence for large (234 to 254 km) lateral offset (Figure 13-30), It is important to
note, however, that the lack of a stratigraphic or structural discontinuity in some
area does not imply the lack of a fault or the lack of large slip along a fault. For ex-
ample, some of the areas exhibiting juxtaposed unlike Miocene strata along the
San Andreas fault exhibil very similar Egcene strata, a fact that simply reflects
widespread distribution of similar Eocene sedimentary facies.

Another example of faulting without stratigraphic discontinuity is given in
the Howard Quarter area of Tennessce (Fig. 8-5). In the southwestern part of the
area, the Seal Chapel thrust fault is ebserved to place Ordovician Reedsville Shale
over Silurian strata. As we follow the fault to the northeast, the stratigraphic
repetition decreases theough truncation of strata in the upper plate until at point 4
and to the northeast, there is no stratigraphic or structural discontinuity because
the fault lies along a décollement in the Devonian Chattanooga Shale. Therefore,
direct map-scale evidence for the faulf exists only southwest of point A (Fig. 8-5).
Nevertheless, the fault must continue because of continuity of displacement. The
fault traveled along a décollement in the Ordovician and then stepped up 1o the
Devonian décollement to produce the observed geologic relationships (see the
cross section of Fig. 8-3).

In subsurface exploration, or in study areas of incomplete exposure or later
high-grade metamorphism, it is possible to misinterpret other geologic phenomena
that produce lithologic or structural discontinuity as faulis—for example, intru-
sive contacts, angular unconformities, buttress unconformities, facies changes,
and kink folds. Of course, angular unconformitics {runcate structure and stratigra-
phy on the lower side and in some cases can be confused with faults. Another
potential pitfall in fault recognition is the comnion practice of considering any
mappable, sudden change in dip as a fault, particularly when using subsurface
data or seismic-reflection profiles; if there is no clear stratigraphic discontinuity,
the structure in fact may be a sharp kink fold and not a fault.

Field Recognition of Recent Faulting

Recent surface breaks along faults can generally be recognized on the ground or
from the air on the basis of topographic features or differences in vegetation that
reflect varying groundwater depths or soil differences across the fault. Actual
scarps produced through catastrophic slip in carthquakes are, of course, the most
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FIGURE 8-5 Imbricated thrust structure in part of valiey-and-ridge province of Tennessee. Note
that the stratigraphic and structurai discontinuity across the Seat Chapel thrust disappears
northeast of point A, whereas the fault disptacement continues. (Map simplified from Harris and

Mixon, 1970.)
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FIGURE 8-6 Fault scarp showing surface breaks of 1915 Pleasant Valley earthquake (M = 7.8)
in white. Central Nevada.

straightforward features to recognize (for example, Fig. 8-6), although in some
areas the distinction between refated landslide scarps and actual surface breaks
may be difficult, Some of the criteria for recent faulting are given in the following
paragraphs.

As opposing blocks along strike-slip faults slide laterally, some blocks are
relatively depressed to form sags, sag ponds, or elongate grabens between two
subparaliel fault breaks. Other fault slivers within the faull zone are raised, tilted,
or thrust obliquely to produce elongate ridges and compound ridges. Notches in
ridges that cross the fault and troughs along the fauit may reflect increased erosion
of the crushed and broken rocks, or they may be primary features caused by fault
displacement of the topography. Many feaiures are the result of repealed
movement, accompanied by erosion and deposition along the fault, These may
include troughs, notches, offset stream channels, ponded alluvium, and undrained
depressions. In many regions of active historic slip, displacement has been
documented by offset fences, paved roads, sidewalks, foundations, and rows of
trees, Various faults within the San Andreas system in central California have
exhibited tectonic creep by the slow rending of buildings, railroad tracks, and
pipelines.

Active thrust faults, which have caused many of the world’s most-disastrous
earthquakes, have proved particularly difficult to recognize and map. Traces of
active thrust faults tend to be very irregular because of their low dip and often lie
within areas of steep relief because of the very nature of their movemenis, They
are often concealed by massive landslides, which in many cases are a direct
consequence of the faulting.
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It is important to be able to distinguish between true fault scarps produced
by displacement of the topography and fawlt-line scarps, which are scarps
refiecting differential erosion across an old fault, The higher block across a fault-
fine scarp is underlain by the more-resistant rock regardless of the sense of fault
slip. In contrast, some true fault scarps exhibit a poor correlation between
topography and resistance of rock to erosion. Little or no alluvial deposits exist on
the fower side of a fault-line scarp. A photograph of a fault-line scarp in the
Canadian shield is shown in Figure 8-7.

Syndepositional Fauiting

Many of the active faults in the world have at least one block that is undergoing
deposition. These faults exert an important control on either the type or thickness
of sediments deposited across the fault during active slip.

Perhaps the most marked sedimentary effects of faulting are the conglomer-
ates, sedimentary breccias and mélanges deposited in narrow zones along many
active fault scarps. A coarse conglomeratic facies develops because the upthrown
block is subaerially exposed immediately adjacent to a sinking basin, The Triassic
and Jurassic normal-fault basins of the eastern United States (Fig. 12-23), which
are manifestations of the initial opening of the Atlantic Ocean, have a conglomer-
atic facies a few kilometers wide adjacent (o many of the faults. The conglomer-

FIGURE 8-7 Faull-line scarp, Canadian Shield near Great Slave Lake. Granilic rocks are {o the
lefl and Proterozoic sedimentary rocks to the right. {Canadian Air Force pholo.}




Chapter 8 Faulls

ates are commonly poorly rounded, reflecting erosion from immediately adjacent
horsts. Faulting may also affect basinwide sedimentation patterns; for example,
the interior of the Newark basin in New Jersey displays a lacustrine facies with an
alkali-rich chemistry suggesting a fault-controlled internal drainage with alkali
lakes similar to some present-day grabens in east Africa and the western United
States (Figure 13-33).

The local topographic or bathymetric relief generated by fault displacement
in many cases leads to subaerial and submarine landslides, rock falls, or debris
flows. Associated chaotic deposits are commonly called ofistostromes, from the
Greek olistomai (1o slide) and stroma (accumudation). Olistostromes include
breccias and at least some mélanges. Breccias are deposits composed of angular
rock fragments; for example, a landslide or rockfall breccia on the hanging wall of
a normal fault in southern Oregon is shown in Figure 8-8. Submarine landslide
breccias are deposited, for example, along oceanic transform faults. Chaotic
deposits that are somewhat sheared are generally called mélanges. Mélanges have
been rather difficult to study because of their chaotic nature and, in some cases,
their later deformation and metamorphism; nevertheless, some of the better-
studied mélanges have been shown to be deformed olistostromes associated with
submarine fault scarps.

It has been proposed that some mélanges form as a direct result of fault-zone
shearing, particularly in a subduction zone; these are called tecronic mélanges.
This deep-seated mechanism of mélange formation has not yet been fully
documented, apparently because it is difficult to distinguish between true tectonic
mélanges and olistostromal mélanges that have been overridden by their related
thrust sheets and deformed almost immediately upon deposition. Many mélanges
are composed of fragments of oceanic crust and sediments in a sheared muddy
matrix with some fragments as large as a kilometer or more across. They are
generally considered to be direct or indirect effects of oceanic fault zones,
especially subduction zones.

Structures that grow within a sedimentary basin during deposition are
generally called growth structures, they include faults, folds, and salt domes. One
of the common properties of growth faulting is a change in stratigraphic thickness
across the fault of the layers that were deposited during slip. Furthermore, there is
an associated increase in net fault slip with stratigraphic depth. Examples of this
type of growth faulting are shown in a seismic section of a normal fault from
Alaska (Fig. 8-9) and in a geologic section of part of the Rhine graben in Germany
(Fig. 8-10}. Some growth strucfures show renewed minor displacement later than
the main tectonic activity through differential compaction, which occurs principal-
ly where there is a change in thickness of slowly compacting mudstones across the
fault.

Structures of Fault-Zone Deformation

The nature and extent of fault-zone deformation varies greatly with rock type and
physical conditions. The full range of deformational mechanisms that exist in
rocks generally have been observed within fault zones, including brittle shear and
tensile fractures, solution transfer, intracrystatline plastic deformation, and
frictional melting,

The process of frictional sliding along an interface produces polished and
striated surfaces called slickensides. The seratches and polish are produced by the
abrasion by the wall rock and the fault-zone fragments, in much the same way that
glacial striations and polish are produced. The striations or grooves, which record
the orientation of fault slip, may attain dimensions of a meter or more across (Fig.
8-11). Slickensided surfaces sometimes feel smoother in the direction of fault slip.
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FIGURE 8-8 Exhumed normal-fauit surface, in cenler and left. The hanging-wall block is
exposed to the right and is composed of lithified landsiide breccia. Bend, Oregon.

There are several types of veins that lie along fault surfaces, which are
sometimes confused with slickensides because they also display a grooved or
lineated morphology (Figs. 8-12 and 4-23(a)). Fault-surface veins form at moder-
ate temperatures in voids that are created during fault slip because the fault
surface is not perfectly planar, but has steps and undulations; two types exist:
fiber veins and fault-cast veins. Fiber veins (sec Chapter 4} arc composed of
fibrous crystals of calcite, quartz, serpentine, or (rarely) other minerals aligned
paralle! to the direction of fauit stip and apparently form in the lec of a fault step
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FIGURE 8-9 Seismic section of normal
fault, offshore Alaska. This is a growth
fault as shown by changes in thickness
across the fault and increasing offset of
deeper layers. Three times vertical exag-
geration at & depth of about 1.5 8. (Sec-
tion by Seiscom Delta, inc.}

during slow continuous or semicontinuous fault slip. Long, continued fault slip
can build up a layer of fiber veins along a fault surface that is several centimeters
thick or, in extreme cases, tens of centimeters thick. Fault-cast veins are filled
with nonfibrous, massive crystals and apparently record a void that was created,
perhaps quickly, and then filled with vein material, Both fault-cast and fiber veins
commonly display outer surfaces that appear slickensided because they are casts
of actual slickensides. The fibrous crystals of a fault-surface vein also may be
confused with the scratches of actual slickensides.

The process of frictional sliding along a fault at low temperatures produces a
layer of ground-rock, commonly soft and claylike, called gouge. Although gouge
occasionally contains significant clay, particularly if it is present in the parent
rock, it is generally more similar to glacial flour, which is composed of ground-up
rock and mineral fragments. Gouge has low permeability because of its very fine
grain size. If it is sufficiently thick it forms a hydrologic seal, which can be
important in the trapping of hydrocarbons. Springs along fault traces can be
caused by the damming of groundwater behind a fault that is scaled by gouge.

W A A_A_R AN 11 SE
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FIGURE 8-10 Cross section of Landau-

Pfalz cilfield in the Rhine graben of Ger-

many. All but the deepest layer are Ter-

tiary and Qualernary, showing increasing

displacement with time. (Simptified after
-2km Doebl and Bader, 1971.)
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FIGURE 8-11 Exhumed hanging-wall fault surface of the Champlain thrust viewed in the
direction of fault slip. The hanging-wall block, composed of Cambrian dolomites, moved toward
the viewer. The footwall block is composed of Ordovician shales and mudstones. Note the large
undulation or groove on the hanging-wall fault surface; this groove is a very large abrasion mark,
Northern Appalachian thrust belt at Long Point near Burlington, Vermont.

Differences in groundwater level across sealed faults have been a major problem
in some underground excavations.

Slip on a fault zone at higher temperatures is accompanied by intracrystal-
line plasticity rather than brittle deformation. The depth of this transition in
behavior depends greatly on the material (see Fig. 4-29). Faults in salt or gypsum
are plastic in the upper crust, whereas faults in silicate rocks may display
important plastic deformation only below a depth of approximately 10 km,
depending upon the thermal gradient and mineralogy. Plastic fault zones are
generally composed of mylonite, which is a fine-grained laminated and commonly
streaked rock, often very hard because of fine grain size and possibly work
hardening (see Chapters 4 and 5). There is a wide variety of types of mylonites and
associated rock names, although all are envisaged to be produced through large
strain at moderate to high temperatures. In the past mylonites were widely
considered to be produced by very extreme amounts of brittle milling or grinding
deformation; indeed, the term is derived from the Greek noun mylon, or mill. 1t is
now known that many mylonites display the fabrics and textures of extreme
plastic deformation; for example, Figures 10-19 and 10-20 show the progressive
plastic deformation of a granite in the Grenville mylonite zone of the Canadian
shield (also see Fig. 5-16(a)). Not all minerals in a mylonitic rock necessarily show
only plastic deformation; for example, the feldspar in Figure 5-16(a) shows
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FIGURE 8~12 Fault-surface veins. (&) Schematic drawing of a jog in the piane of
a fault producing a void that is filled by vein minerals, commoniy fibrous crystals
oriented parallel to the fault stip. Also shown are tensile fractures that die out away
from the fault and are oriented perpendicular to the fault slip. (b) Photomicrograph
of minor fault in fine-grained sandstone filled with fibrous fault-surface veins of
quartz.

significant brittle behavior, whereas the overall flow of the granite is dominated by
plastic deformation of the gquartz, Many mylonites have experienced importani
recrystallization and annealing after detformation and therefore no longer display
syntectonic fabrics and textures.

One of the classic mylonites of the world is 10- to 100-m-thick zone
associated with the Moine thrust in northwest Scotland (Fig. 8-27); in fact, the
term mylonite was introduced in 1885 by Lapworth to describe the strongly
deformed laminated and lincated equivalents of the Moine schist.

Extremely fine-grained rock that forms thin discordant dikes and sills within
some mylonite zones and adjacent country rock is called psewdorachylite and was
possibly formed as frictional melt. Frictional melts have been reported along
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faults at upper crustal levels and apparently require large earthquakes to be
produced (McKenzie and Brune, 1972).

In addition to the deformation along the actual